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Abstract
Changes in the climate have direct implications for marine ecosystems, and as a result,
incur feedbacks on ocean biogeochemistry. The response of the marine ecosystem to
climate-driven perturbations must be accounted for if ocean biogeochemical dynamics
and the ocean’s role in the climate are to be understood. This dissertation uses a global
ocean model to further our understanding of how marine biological processes affect ocean
biogeochemistry, with particular focus on the carbon inventory.
To begin, the role of marine biological processes for setting the climate of the Last
Glacial Maximum (LGM; 21,000 years ago) is addressed. Despite many years of research,
the combination of physical and biochemical processes that drove carbon into the ocean
during the LGM, causing a reduction of approximately 95 ppmv of atmospheric CO2, are
not well defined. The model is used to explore this problem. Marine biological changes
are found to contribute the bulk of carbon storage (55 ppm) and also reconcile other
biogeochemical properties under glacial conditions. These changes involved increased
production due to iron fertilisation, reduced calcifier biomass and increased transfer of
organics to depth, all consistent with prior theories.
The importance of biological processes motivated the introduction of more sophisti-
cated routines to the ocean biogeochemical model. They included variable functions for
nutrient limitation, remineralisation and stoichiometry. Their integration is important for
simulating marine biogeochemical cycles. The new, dynamic ecosystem model produced
realistic features of marine communities and consistently improved biogeochemical fields.
It also buffered biogeochemical properties against physical changes. Differences in car-
bon content between six unique global ocean states are reduced by 50 % when dynamic
biological functioning is included.
In the final experimental chapter of this thesis, a fully prognostic marine nitrogen cycle
alongside the ecosystem developments of the previous chapter, are used to explore how
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changes in the nitrogen cycle affect the ocean’s carbon content. Nitrogen fixation is found
to be strongly related to the biological carbon store, in fact linearly predicting carbon
storage. The strong relationship between nitrogen fixation and the biological carbon store
is due to the unique ability of nitrogen fixers to simultaneously drive ecosystems towards
more complete consumption of phosphorus and elevate carbon to phosphorus ratios, and
therefore increase the efficiency of the biological carbon pump. Moreover, the increase in
nitrogen fixation is supported by nitrate depletion and iron addition to Southern Ocean
intermediate waters that occur as a result of aeolian iron fertilisation.
This thesis provides several lines of evidence that biological processes are of primary
importance for setting ocean biogeochemical properties and carbon storage on millennial
timescales. The multifarious biogeochemical roles of marine communities therefore must
be invoked to understand the glacial cycles of pCO2. We complete the thesis with a
discussion that readdresses the glacial drawdown of atmospheric CO2 in the context of
the findings, and list directions for future research.
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(O-LGM − O-PI). Despite the strong reduction in salinity in upper ocean
of the O-LGM experiment relative to O-PI, the whole-ocean salt content
was greater by 1.0 psu. . . . . . . . . . . . . . . . . . . . . . . . . . . . . 87
2.7 The annual average surface aragonite saturation state (Ωar) calculated from
(a) the observations of Key et al. (2004), (b) the O-PI experiment, and (c)
the O-LGM experiment. . . . . . . . . . . . . . . . . . . . . . . . . . . . . 89
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2.8 The depth at which calcite becomes undersaturated in the water column
(where Ωca = 1) calculated from (a) the observations of Key et al. (2004)
(global mean calcite saturation horizon = 2610 m), (b) the O-PI experiment
(global mean calcite saturation horizon = 2666 m), and (c) the O-LGM
experiment (global mean calcite saturation horizon = 3208 m). The contour
lines represent 500, 1000, 2000 and 3000 metres depth. Note that the O-
LGM experiment, which is unmodified in its biogeochemistry relative to the
O-PI experiment, is completely saturated for calcite across the majority of
the ocean (white space). . . . . . . . . . . . . . . . . . . . . . . . . . . . . 90
2.9 Zonally-averaged dissolved oxygen concentrations (mmol m−3) in (a) the
modern ocean according to the World Ocean Atlas (Garcia et al., 2013),
(b) the O-PI experiment, and (c) the O-LGM experiment. . . . . . . . . . 91
2.10 Change in annually averaged export of particulate organic carbon from the
upper 50 m (g Carbon m−2 year−1) between the LGM and PI from the expe-
riments with modified biogeochemical formulations for (a) O-LGMBGCexp −O-
PI, (b) O-LGMBGCrem −O-PI, and (c) O-LGMBGCall −O-PI. It should be noted
that the export production field of particulate organic carbon for experi-
ment O-LGMBGCpic , whereby particulate inorganic carbon was set to zero,
did not differ from unmodified experiment O-LGM and is therefore not
shown. For this comparison, the reader is directed to Figure 5. . . . . . . 94
2.11 The depth at which calcite becomes undersaturated in the water column
(where Ωca = 1) for the experiments with modified biogeochemical for-
mulations. (a) O-LGMBGCexp , (b) O-LGM
BGC
rem , (c) O-LGM
BGC
pic , and (d)
O-LGMBGCall . The white areas in the ocean are regions where calcite is
completely saturated throughout the water column. . . . . . . . . . . . . 97
2.12 Change in oxygen concentration (mmol m−3) at 500 m between the LGM
and PI for the experiments with modified biogeochemical formulations. (a)
O-LGMBGCexp − O-PI, (b) O-LGMBGCrem − O-PI, (c) O-LGMBGCpic − O-PI, and
(d) O-LGMBGCall − O-PI. A depth of 500 m is representative of the depth
at which the greatest extent of low oxygen water exists in the simulated
PI climate. It should be noted that the oxygen field for experiment O-
LGMBGCpic , whereby particulate inorganic carbon was set to zero, did not
differ from the unmodified glacial experiment O-LGM and can therefore be
used here as a reference to that simulation. . . . . . . . . . . . . . . . . . 99
2.13 Change in oxygen concentration (mmol m−3) at 3,500 m between the LGM
and PI for the experiments with modified biogeochemical formulations. (a)
O-LGMBGCexp − O-PI, (b) O-LGMBGCrem − O-PI, (c) O-LGMBGCpic − O-PI, and
(d) O-LGMBGCall − O-PI. A depth of 3,500 m is representative of the deep
ocean. It should be noted that the oxygen field for experiment O-LGMBGCpic ,
whereby particulate inorganic carbon was set to zero, did not differ from
the unmodified glacial experiment O-LGM and can therefore be used here
as a reference to that simulation. . . . . . . . . . . . . . . . . . . . . . . . 100
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T3.1 The nitrogen cycle is added the model. (1) = carbon chemistry calcula-
tions (Orr et al., 2002); (2) air-sea gas exchange and virtual fluxes (Orr
et al., 2002); (3) = marine ecosystem production and export; (4) = water
column remineralisation. The marine ecosystem represents three forms of
phytoplankton: a general type, nitrogen fixers and calcifiers. O2 = dissol-
ved oxygen; DIC = dissolved inorganic carbon; Alk = alkalinity; PO4 =
phosphate; NO3 = nitrate; dFe = dissolved bioavailable iron. Blue lines
represent ocean circulation, and the pink shading represents suboxia. . . . 124
3.1 Taylor Diagram (Taylor, 2001) (correlation and normalised standard devia-
tion) with additional colour shading (normalised bias) displaying agreement
between the simulated and observed fields of temperature (Temp), sali-
nity (Sal), surface winds (Wind), mixed layer depth (MLD), sea surface
temperature (SST) and sea surface salinity (SSS) for all models. Models
are represented by numbers: Mk3L(1), GFDL(2), IPSL(3), HadGEM(4),
MPI(5), and MRI(6). Temperature and salinity observations come from
the 1955-1964 reconstruction provided by the World Ocean Atlas (Locar-
nini et al., 2013; Zweng et al., 2013). Surface wind speed observations are
the long-term mean from the NCEP reanalysis of Kalnay et al. (1996).
Mixed layer depth observations are taken from the climatology of de Boyer
Monte´gut et al. (2004). All fields are compared as annual averages. . . . . 153
3.2 The annual and zonal average of the global meridional overturning circu-
lation for all six physical states (a-f). U:L represents the dominance of
the upper overturning cell relative to the lower overturning cell, calculated
by dividing the total area of positive velocities (Sv) by the total area of
negative velocities (Sv) beneath 500 metres. Note the stronger positive
velocities in the upper overturning of MRI caused by greater formation
rates of North Pacific Intermediate Water. . . . . . . . . . . . . . . . . . . 157
3.3 The relative influence of biological versus physical ocean states on major
biogeochemical fields. Those fields with a slope < 1 are those more sensitive
to changes in physical conditions than biological function, and the steepness
of the slope indicates the magnitude of sensitivity in either direction. The
measure of influence is quantified as the f-statistic, which was produced
by a one-way ANOVA across the full contingent of physical and biological
states in this study. Thus, there are 6 data points (f-statistics) for each
biogeochemical field in both the physical (x-axis) and biological (y-axis)
space. The six data points along x-axis, for instance, represent the f-
statistic values that were generated by conducting one-way ANOVA across
all physical states (Mk3L, GFDL, IPSL, HadGEM, MPI and MRI) for
each biological state, while the six data points along the y-axis represent
the f-statistic values that were generated across all biological states (Base,
OUK, RemT , RemP , Vele, COM) for each physical state. All f-statistic
values were highly significant (p-value < 0.005). . . . . . . . . . . . . . . 159
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3.4 Taylor Diagram (Taylor, 2001) displaying agreement between the simula-
ted and observed nitrate field. The Taylor Diagram depicts the correlation
(angle), normalised standard deviation (radial distance from dashed line)
and centred root mean square error (outward distance from reference star)
between the simulated and observed fields. The small grey circles represent
the Base biological state and the grey line shows the change caused by the
new biological state. Additional colour shading to represent the normalised
bias has been added. For reference, the standard deviation of the observed
nitrate field was 9.4 mmol m−3. Observed nitrate data for which the si-
mulated fields are compared to come from the World Ocean Atlas (Garcia
et al., 2013a). All fields are compared as annual averages. . . . . . . . . . 162
3.5 The zonal mean difference between the simulated and observed distributi-
ons of NO3 (mmol m
−3) for all biological state experiments. The model-
observation difference in NO3 is shown for two contrasting ocean circula-
tion types (left and right panels). The strong upper cell is the combined
average of GFDL and Mk3L NO3 fields. The strong lower cell is the com-
bined average of HadGEM and MPI NO3 fields. Panels (a) and (b) = Base
experiments. Panels (c) and (d) = OUK experiments. Panels (e) and (f)
= RemT experiments. Panels (g) and (h) = RemP experiments. Panels (i)
and (j) = Vele experiments. Panels (k) and (l) = COM experiments. . . . 163
3.6 Taylor Diagram (Taylor, 2001) displaying agreement between the simu-
lated and observed fields of phosphate (PO4), dissolved inorganic carbon
(DIC), alkalinity (ALK), dissolved oxygen (O2) and apparent oxygen utili-
sation (AOU). Simulated fields include the mean of Mk3L and IPSL oceans,
which have a strong upper overturning cell (U), and the mean of HadGEM
and MPI, which have a strong lower overturning cell (L). GFDL and MRI
ocean states were excluded because they formed important water masses
outside of observational uncertainties (see section 3.4.1). The Taylor Dia-
gram depicts the correlation (angle), normalised standard deviation (radial
distance from dashed line) and centred root mean square error (outward
distance from reference star) between the simulated and observed fields.
The small grey circles represent the Base biological state and the grey line
shows the change caused by the new biological state. Additional colour
shading to represent positive or negative changes in normalised bias due
to the COM biological state has been added. For reference, the standard
deviations of observations (mmol m−3) are: PO4 = 0.68, DIC = 91.4, ALK
= 43.0, O2 = 64.7, AOU = 67.4. Nutrient and oxygen observations come
from the World Ocean Atlas (Garcia et al., 2013a,b), and carbon data come
from the Global Ocean Data Analysis Project (GLODAP; Key et al., 2004).
All fields are compared as annual averages. . . . . . . . . . . . . . . . . . 168
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3.7 Changes in the total carbon content of the ocean and its major driver
between the Base (grey shading) and COM (pink shading) biological states.
In the upper panel, (a), the difference between the simulated and observed
(GLODAP; Key et al., 2004) zonally integrated carbon content (Pg C) is
shown for both biological states, with the shading representing one standard
deviation either side of the mean across all physical states. The centre
panel, (b), shows the zonally averaged C:P ratios of the COM biological
state. Changes in C:P ratios affected Cexp, and were a major driver of the
changes in carbon content between the Base and COM biological states.
Nutrient limited oceans strongly increased their C:P ratios under the COM
biological state, while oceans with greater nutrient delivery to the surface
had lower C:P ratios. The bottom left panel, (c) shows how the total
carbon content of each ocean state changed between the Base (circles; grey
shading) and COM (squares; pink shading). Each ocean state lost carbon
under the COM biological state as material was shifted into the upper
ocean and carbon was subsequently lost to the atmosphere. The bottom
right panel, (d), shows how the magnitude of loss was mitigated by the
magnitude of increase in the global mean C:P ratio, such that differences
in carbon content were minimised across physical states. Physical states
are Mk3L(1), GFDL(2), IPSL(3), HadGEM(4), MPI(5) and MRI(6). . . . 170
3.8 Changes in the total nitrogen content of the ocean and its major driver
between the Base (grey shading) and COM (pink shading) biological states.
In the upper panel, (a), the difference between the simulated and observed
(WOA; Garcia et al., 2013a) zonally integrated nitrate content (Pg N) is
shown for both biological states, with the shading representing one standard
deviation either side of the mean across all physical states. The centre
left panel, (b), shows the depth integrated difference in nitrogen fixation
(g N m−2 yr−1) between the COM and Base biological states. The centre
right panel, (c), shows the meridional integrated difference in denitrification
(·10 kg N m−2 yr−1) between the COM and Base biological states. The
bottom left panel (d) shows that the global inventory of NO3 could be
predicted in the Base biological state (circles) by multiplying the global
rate of denitrification (DenGbl) by the volumetric ratio of upper to lower
overturning cells (U:L). However, this relationship was eroded in the COM
biological state (squares) as changes in nitrogen fixation and denitrification
reduced differences in NO3 content across physical states. The bottom right
panel, (e), shows that the COM-Base change in NO3 content was largely
driven by the difference in North Atlantic nitrogen fixation (FixNA; 20
◦N
- 90◦N) and Pacific denitrification (DenPac) scaled by the dominance of
the upper to lower overturning cells (U:L). Physical states are Mk3L(1),
GFDL(2), IPSL(3), HadGEM(4), MPI(5) and MRI(6). . . . . . . . . . . . 171
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A3.1 A graphical depiction of determining the isopycnals corresponding to An-
tarctic Intermediate Water (AAIW) for all physical states. (a) Annual
and zonal mean salinity profiles for observations and the six physical sta-
tes at 30◦S. The stippled area represents the Full-Width, Half-Maximum
(FWHM) around the salinity minimum. (b) A schematic description of
what the Full-Width, Half-Maximum (FWHM) represents with respect to
the salinity minimum of AAIW, and the isopycnals (blue) that are associ-
ated with it. The pink shaded area represents the selected salinities and
isopycnals of the FWHM. . . . . . . . . . . . . . . . . . . . . . . . . . . . 180
S3.1 An analysis of the surface conditions required to cause the formation of
deep waters in the Southern Ocean (south of 60◦S) and North Atlantic
(north of 60◦N). Panels (a) and (c) display the relationship between sur-
face density and convective mixing across all physical states for Southern
Ocean and North Atlantic, respectively, and indicate that a certain thres-
hold of density (σcrit) must be present before deep convective mixing (>
500 metres) can occur. Panels (b) and (d) display the relationship between
the longevity of σcrit over the annual cycle and mean overturning rate in
the upper 500 metres of the water column. Negative rates in the Sout-
hern Ocean are conducive to the formation of AABW, while positive rates
indicate upwelling and northward advection of surface waters. Positive ra-
tes in the North Atlantic are conducive to the formation of NADW, while
negative rates indicate upwelling and southward advection of surface waters.184
S3.2 The number of months per year that surface densities in the (a) Northern
and (b) Southern Hemispheres exceed the threshold (σcrit) required to drive
formation of deep waters in either region for all six physical states. The
relative strength and spatio-temporal patterns of North Atlantic Deep Wa-
ter (NADW) and Antarctic Bottom Water (AABW) formation determines
the relative strengths of the upper and lower cells of the global overturning
circulation. σNADWcrit = 27.0 kg m
−3. σAABWcrit = 27.5 kg m
−3. Due to the
relationship between σcrit and overturning in the upper 500 metres, the
longevity of σ > σcrit can also be interpreted as a measure of poleward
advection and downwelling. . . . . . . . . . . . . . . . . . . . . . . . . . . 185
S3.3 Annually averaged values of the b exponent across the ocean for the calcu-
lation of the remineralisation profile using (a) the temperature-dependent
function RemT and (b) the community-dependent function RemP . These
b values represent the mean across all physical states. . . . . . . . . . . . 187
S3.4 The N:P and NOden:P ratios of marine organic matter produced by the
six physical states for the Vele (a and c) and COM (b and d) experiments.
Overlying the simulated N:P distribution are observations (circles) of par-
ticulate organic nitrogen to phosphorus ratios from Martiny et al. (2014).
. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 188
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S3.5 A direct comparison of simulated-observed distributions of major biogeo-
chemical fields produced by the Base and COM biological states (columns)
within two contrasting ocean circulation types. The contrasting circulati-
ons are the strong upper cell (U), which is the mean of Mk3L and IPSL, and
the strong lower cell oceans (L), which is the mean of HadGEM and MPI.
Red colors indicate overestimation of observations, while blue colors indi-
cate underestimation of observations. The major biogeochemical fields are
phosphate (PO4), dissolved inorganic carbon (DIC) and alkalinity (ALK).
The observations of PO4 come from the World Ocean Atlas (Garcia et al.,
2013a,b), while DIC and ALK come from the Global Ocean Data Analysis
Project (Key et al., 2004). Panels (a) and (b) = PO4. Panels (c) and (d)
= DIC. Panels (e) and (f) = ALK. . . . . . . . . . . . . . . . . . . . . . . 189
T4.1 The nitrogen cycle is completed in the model with sedimentary denitrifi-
cation. (1) = carbon chemistry calculations (Orr et al., 2017); (2) air-sea
gas exchange and virtual fluxes (Orr et al., 2017); (3) = marine ecosystem
production and export; (4) = water column remineralisation; (5) = sedi-
mentary remineralisation. The marine ecosystem represents three forms of
phytoplankton: a general type, nitrogen fixers and calcifiers. O2 = dissol-
ved oxygen; DIC = dissolved inorganic carbon; Alk = alkalinity; PO4 =
phosphate; NO3 = nitrate; dFe = dissolved bioavailable iron. Blue lines
represent ocean circulation, and the pink shading represents suboxia. . . . 206
4.1 Unique marine N cycles produced by varying parameters for sedimentary
denitrification (α and β) and N2 fixation (K
D
Fe and S
D
E:P ) and the effect
on the C cylce. Panel (a) demonstrates the large spread of N cycles that
were produced, and places them in the context of contemporary estimates
(dashed box DeVries et al., 2012; Eugster and Gruber, 2012). The red
highlighted marker identifies the N cycle carried forward in additional ex-
periments presented below. Key features of the marine N cycle are the
global rate of N2 fixation and mean NO3, and their relationships to C ex-
port (b-c) and the C inventory (d-e) are shown. See methods for details
regarding the parameter values. . . . . . . . . . . . . . . . . . . . . . . . . 216
4.2 Relationship between N2 fixation and oceanic C cycle caused by variations
in Fe supply. Panels (a-c) show the relationship between N2 fixation and
(a) the C inventory, (b) C export and (c) the amount of suboxia (O2 ¡ 10
mmol m−3) as a percentage of ocean volume. Empty markers in panels (a)
and (b) represent changes in the C cycle when N2 fixers are not able to fix
and export C. Grey lines depict the contribution that N2 fixers make to (a)
the C inventory and (b) C export when they are able to fix and export C.
Annotated text on panel (c) identifies each experiment by its percentage
of the preindustrial Fe deposition flux. Panels d-g depict N2 fixation fields
overlain with contours of annual mean surface phosphate in mmol m−3
under a subset of different Fe deposition variations. The compilation of
observed N2 fixation rates from (Luo et al., 2012) is also overlain on panel
(d). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 219
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4.3 Relationship between N2 fixation and the oceanic C cycle for each of the
four ocean states, and how consumption of surface phosphate (PO4) relates
to the magnitude of C sequestration. Panel (a) depicts the ability of N2
fixation to predict the magnitude of biological C sequestration in all sta-
tes, and quantifies this linear relationship. The central panels (b-e) depict
changes in global C export as N2 fixation changes. Each state has a diffe-
rent susceptibility to P-limitation, shown by the dashed vertical line. Like
Fig. 4.2, the empty markers represent C export without the contribution
from N2 fixers. Panel (c) shows how the relationship between surface PO4
and biological C sequestration changes as the global ecosystem transitions
to P limitation. Modern mean surface PO4 is 0.53 mmol m
−3, indicating
potential for biological C sequestration. . . . . . . . . . . . . . . . . . . . 221
4.4 Linear relationship between N2 fixation and C inventory maintained when
Fe deposition increased only in Southern Ocean. Panel (a) places the Sout-
hern Ocean Fe deposition experiment (blue triangle) in the context of global
aeolian Fe experiments undertaken within previously and shown in Fig. 4.2.
The change in (b) N2 fixation, (d) surface Fe and (e) surface NO3 between
the Southern Ocean Fe deposition experiment and the preindustrial expe-
riment are shown. Panel (c) quantifies the percentage of water of suban-
tarctic origin that flows through 100-250 metres. All contours align with
tick marks on colour bars. . . . . . . . . . . . . . . . . . . . . . . . . . . . 223
S4.1 Annual average (a) nitrogen to phosphorus ratios and (b) carbon to phos-
phorus ratios of the non-N2 fixer community. The data compilation of
stoichiometric observations Martiny et al. (2014) is overlain on both plots.
Panel (c) depicts the % of organic matter that is remineralised in the upper
350 metres. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 231
S4.2 Taylor diagram (Taylor, 2001) showing univariate statistical measures of fit
between simulated and observed (the star) fields of temperature, salinity,
surface temperature, surface salinity and δ14C. Measures of fit are the cor-
relation coefficent (angle), normalised root mean square error (solid curved
lines), normalised standard deviation (distance from dashed curve), and
normalised bias (color). . . . . . . . . . . . . . . . . . . . . . . . . . . . . 233
S4.3 Simulated overturning in 106 m3 s−1 (left) and δ14C in  (right) for
the Atlantic (top), Pacific (middle), and Indian (bottom) Oceans within
Mk3LmildPI . Overturning south of 40
◦S is excluded because water can exit to
the east or west, and the streamfunction does not account for these losses.
The overturning streamfunction is overlain by zonally averaged contours
of potential density (kg m−3 minus 1000) referenced to 2,000 metes. The
simulated δ14C distribution of the ocean (contours) is overlain with the
compilation of historical measurements by (Graven et al., 2012). . . . . . 234
S4.4 Change in surface features of the marine ecosystem and depth-integrated
carbon content caused by an the separation of N2 fixers from the tropi-
cal upwelling regions. (a) Surface nitrate, (b) surface phosphate, (c) sur-
face dissolved iron, (d) C:P stoichiometry of organic matter (CGexp), (e)
carbon export by N2 fixers (C
D
exp), (f) total carbon export of the marine
ecosystem (CG+Dexp ), (g) depth-integrated respired carbon (C
G+D
org ), and (h)
depth-integrated carbon content. . . . . . . . . . . . . . . . . . . . . . . . 236
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S4.5 Change in surface features of the marine ecosystem and depth-integrated
carbon content caused by a global increase in the NO3 inventory (∆ 4.3
mmol m−3). (a) surface nitrate, (b) surface phosphate, (c) surface dissolved
iron, (d) C:P stoichiometry of organic matter (CGexp), (e) carbon export by
N2 fixers (C
D
exp), (f) total carbon export of the marine ecosystem (C
G+D
exp ),
(g) depth-integrated respired carbon (CG+Dorg ), and (h) depth-integrated car-
bon content. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 237
S4.6 Zonal mean overturning streamfunctions in Sverdrups (106 m3 s−1) and
δ14C distributions for the GFDLwarmPI , HadGEM
mild
PI and Mk3L
cold
LGM ocean
states. The overturning streamfunction is overlain by contours of potential
density (kg m−3 minus 1000) referenced to 2,000 metes. . . . . . . . . . . 239
S4.7 Aeolian deposition fields of Fe in dust under pre-industrial, future and
glacial scenarios. The pre-industrial field was provided by Mahowald et al.
(2005). The future field at 2300 years CE was provided by the transient
simulation of the MPI-ESM-LR climate system model and was downloaded
from the Earth System Grid Federation database. The glacial field was
provided by the climatology of dust of Lambert et al. (2015), assuming 3.5
% iron content and 2 % solubility. . . . . . . . . . . . . . . . . . . . . . . . 241
5.1 A conceptual representation of the ocean biogeochemical model (OBGCM).
The bottom panel shows organic matter cycling involving the isotopes of
carbon and nitrogen. (1) Carbon chemistry reactions. (2) Air-sea gas
exchange. (3) Biological uptake of nutrients and production of organic
matter (PGorg, P
D
org, CaCO3). (4) Remineralisation of sinking organic matter
under oxic and suboxic conditions. (5) Sedimentary processes, including
oxic, suboxic and euxinic remineralisation. (6) Nitrous oxide production
and consumption. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 277
5.2 Zonal mean observed (top) and modelled (bottom) δ13C of DIC for each
major basin. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 286
5.3 Measured versus modelled δ13CCib (N = 690) coloured by latitude. Red
shading about the 1:1 line is an estimate of the variability implicit in the
relationship between δ13CCib and δ
13CDIC of Schmittner et al. (2017). . . . 288
5.4 Observed (left) and modelled (right) δ15N of NO3 data (N = 5,004) plotted
against depth (a and b), latitude (c and d) and longitude (e and f). Colour
shading represents the density of data, such that the darker a mass of data
points is the more data is represented there. . . . . . . . . . . . . . . . . . 290
5.5 Depth averaged sections of modelled (colour contours) and observed (over-
laid markers) δ15NNO3 . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 291
5.6 Zonally averaged sections of modelled (colour contours) and observed (over-
laid markers) δ15NNO3 . The global zonal average encompasses all basins. . 291
5.7 Direct comparison of observed versus modelled δ15Norg incident on the sedi-
ments. Left-side panels show spatial distribution of simulated δ15Norg over-
lain by coretop data from the compilation of Tesdal et al. (2013). Right-side
panels compare all coretop data against simulated δ15Norg. Top panels de-
picts raw output of the model, while the middle and bottom panels depict
the predicted values of the model following two depth-dependent offsets
(Eqs. (5.19) and (5.20)) that account for diagenetic alteration. . . . . . . . 295
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5.8 Simulated difference in the C:P ratio of exported organic matter due to
variable stoichiometry as compared to Redfield stoichiometry (top) and
the resulting change in carbon export out of the euphotic zone (bottom). . 297
5.9 Differences in δ13CDIC (top) and δ
15NNO3 (bottom) as a result of variable
stoichiometry as compared to Redfield stoichiometry. Values are zonal means.298
5.10 Global distribution of CaCO3 export as a percentage of organic carbon
(Corg) export (top), and the change in the CaCO3 production field as a
result of making CaCO3 production dependent on calcite saturation state
(η = 1.09) compared to when it was a fixed 8 % of Corg (bottom). Areas
where export production does not occur due to severely nutrient limited
conditions are masked out. . . . . . . . . . . . . . . . . . . . . . . . . . . . 300
5.11 Changes in the distribution of carbon isotopes (δ13CDIC and δ
13CCib; top)
and carbon chemistry (dissolved inorganic carbon and alkalinity; bottom)
as a result of increasing CaCO3 production in surface waters between 40
◦S
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5.12 Changes in the distribution of marine N2 fixation caused by altering how
limiting iron is to the growth of N2 fixers via the coefficient K
D
Fe in Eq.
(5.32). From top to bottom, iron limitation is relaxed and PO4 concentra-
tions decrease (black contours). Measured rates of N2 fixation (Luo et al.,
2012) are overlain on the middle panel. . . . . . . . . . . . . . . . . . . . . 303
5.13 Change in δ15NNO3 caused by a stronger coupling between N2 fixation and
tropical regions of low NO3:PO4 concentrations (i.e. tropical upwelling
zones with active water column denitrification). The top panel shows the
global zonal mean change, while the bottom panel shows the average change
in the euphotic zone, here defined as the top 100 metres. Areas with very
low NO3 (< 0.1 mmol m
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Chapter 1
Introduction
The ocean is a major player in the climate system. Surface waters exchange important
properties with the atmosphere, such as heat and carbon dioxide (CO2; Fig. 1.1), and these
properties are isolated from the atmosphere for many centuries when they are subducted
into the interior (Matsumoto, 2007b). Once subducted, additional carbon is delivered to
water masses by biological means, making older waters more carbon-rich. This accumu-
lation of carbon occurs because organic matter produced by surface communities sinks,
and is remineralised at depth. Remineralisation is a process whereby organic matter is
converted back into the inorganic components from which it was made. Ongoing remine-
ralisation of organic matter therefore constitutes an ongoing transfer of carbon from the
surface ocean to the interior, which in turn drives an air-sea transfer of CO2. The slow
rate of ocean overturning, combined with a large capacity for carbon storage via biochemi-
cal means, implicates the ocean as the most influential factor for controlling atmospheric
pCO2 on millennial timescales.
If we are to learn about the ocean’s role for affecting pCO2, the glacial cycles of
the Pleistocene epoch are prime examples. Glacial atmospheres contained roughly ∼95
ppmv less CO2 than during the mild conditions of the Holocene, our most recent climate,
and other interglacials of the last four cycles (Fig. 1.2; Lu¨thi et al., 2008; Petit et al.,
1999; Siegenthaler et al., 2005). The ocean is thought to be responsible for all of this
drawdown (Sigman et al., 2010) because most evidence suggests that the land carbon
reservoir was diminished during glacial times (Ciais et al., 2011). There are numerous
theories that try to explain why a glacial ocean held more carbon. A few of these theories
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Figure 1.1: Schematic representation of atmosphere-ocean exchange of CO2. Deep wa-
ters rich in carbon and nutrients upwell to certain regions of the ocean (right) and are
subsequently subducted into the ocean interior once more (left). During their time at
the surface these waters exchange CO2 with the atmosphere. The amount of CO2 that
is released or absorbed is dependent on the solubility of waters (physical exchange) and
then by how much carbon is integrated into organic matter, which is rapidly transferred
to depth and supplements the oceanic carbon inventory.
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Figure 1.2: Glacial cycles of Earth’s climate shown from reconstructed temperature (top
grey line) and atmospheric pCO2 (bottom black line) from the European Project for Ice
Coring in Antarctic (EPICA) Dome ice core. Glacial periods are highlighted by the light
blue bars. Data freely available from https://www.ncdc.noaa.gov/paleo-search/.
are supported by both proxy data and modelling, which makes them likely contributors
to the pCO2 drawdown. A simultaneous expansion, stratification and slowdown of the
lower overturning circulation cell (Adkins, 2013; Basak et al., 2018; Bopp et al., 2017;
Jansen, 2017; Menviel et al., 2017), which enabled more respired carbon to accumulate in
the deep Pacific (Bradtmiller et al., 2010; Jaccard et al., 2009; Skinner et al., 2015), is now
widely considered one of the most important means for additional carbon storage. As are
the stratification and sea ice capping of polar waters (Francois et al., 1997; Jaccard et al.,
2005; Sigman et al., 2010; Stephens and Keeling, 2000), which alongside greater nutrient
consumption in the subantarctic zone (Martinez-Garcia et al., 2014), must have reduced
the amount of CO2 that escaped deep, carbon-rich waters that upwell in the Southern
Ocean (Hain et al., 2010). A great lesson from the glacial climate is therefore that both
physical and biological pathways are necessary to drive atmospheric CO2 into the ocean.
Studies of the glacial climate and the ocean’s role in shaping that climate have therefore
taught us that the biological pump is a process of significance. The glacial example
has also taught us that a meaningful contribution of biology to the carbon inventory is
33
not simply a function of increasing organic matter production at the surface. Rather,
the strength of the biological carbon pump is a function of (1) nutrient utilisation, or
how completely biology can use available resources to absorb and export carbon, and
(2) how deeply organic carbon is transferred into the interior once exported. The first
of these mechanisms, nutrient utilisation, responded positively to elevated iron supply
from dusty glacial conditions (Knudson and Ravelo, 2015; Martinez-Garcia et al., 2014;
Pichevin et al., 2009). Iron is an important micronutrient for primary production, and its
supply affects nutrient utilisation and thus the efficiency of carbon export (Blain et al.,
2007). The second of these mechanisms, the depth of organic carbon remineralisation,
also appears to have responded positively to glacial conditions. The glacial deep ocean
was deoxygenated (Jaccard and Galbraith, 2012), δ13C depleted (Menviel et al., 2017) and
experienced increased rates of organic matter rain to the sediments almost everywhere
north of the Antarctic Polar Front (Cartapanis et al., 2016). Slower microbial metabolism
due to cooler water columns (Matsumoto, 2007a) and/or more degradation resistant opal
as a proportion of total production (Brzezinski et al., 2002; Matsumoto et al., 2002) are
current theories that may explain the deeper transfer of organic carbon to sediments.
While the combination of biogeochemical feedbacks are still to be resolved, it is clear
that at least a third of the total pCO2 drawdown that characterise reoccurring descents
into glacial conditions was due to a more efficient biological carbon pump (Kohfeld, 2005;
Kohfeld and Chase, 2017).
Proxy records that reveal large changes in the biological carbon pump hence reveal its
sensitivity to environmental conditions. Research into marine ecosystems of the present
day is key to understanding this sensitivity, and has shown that marine ecosystems vary
widely in their properties in both space and time (Fig. 1.3). To understand this heteroge-
neity, it is useful to separate the biological carbon pump into its major parts. These are
organic matter production, composition (elemental stoichiometry) and remineralisation.
Next, it is useful to recognise that the production, composition and remineralisation of
organic matter can be related to the environmental conditions, just as the density of a
water mass is related to temperature, salinity and pressure (albeit with more complexity).
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Variations in the rate of production due to temperature (Eppley, 1972) and nutrient avai-
lability (Dugdale, 1967) are early examples of this idea. Consequently, these relationships
were included in early ocean models attempting to represent the biogeochemical cycles of
nutrients, oxygen and carbon (e.g. Shaffer, 1989). Although important, temperature and
nutrient dependent production are a limited representation of the many ways in which
marine ecosystems are sensitive to their environment. In recent years, a number of studies
have presented new quantitative relationships. Prominent examples include a more accu-
rate description of nutrient limitation of production based on phytoplankton physiology
(Smith et al., 2009, 2014), variations in organic matter stoichiometry away from the static
Redfield ratio (Redfield et al., 1937) according to macro-nutrient availability (Galbraith
and Martiny, 2015; Weber and Deutsch, 2010), and changes in the rate of remineralisation
due to temperature (Marsay et al., 2015) and/or community composition (DeVries and
Weber, 2017; Weber et al., 2016). More complex descriptions of the modern biological
pump constitute a more complex and arguably realistic representation of how the biolo-
gical pump functions. The challenge is to represent this complexity in ocean models that
are necessary for understanding the climate.
Acknowledging a more complete array of biological processes and their unique sensi-
tivities to the environment may alter our understanding of how ocean biogeochemistry
functions on a global scale. Ocean biogeochemical research works at “the boundaries be-
tween the particular and the general” (Sarmiento and Gruber, 2006). A more complete
understanding of how small-scale, biological processes respond to their environment will be
critical for understanding how global-scale, biogeochemical properties affect the climate.
Variations in the stoichiometry of organic matter are a prime example, particularly how
carbon to phosphorus ratios respond as nutrient delivery from below changes (Sterner,
2015; Tanioka and Matsumoto, 2017). The glacial climate also provides important insights
into biogeochemical function. There is strong evidence that a more efficient utilisation of
nutrients by subantarctic ecosystems was an integral part of the descent into glacial con-
ditions (Anderson et al., 2002; Chase et al., 2001; Kohfeld, 2005; Martinez-Garcia et al.,
2014). It is almost certain that nutrient utilisation was enhanced because of iron fertilisa-
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Figure 1.3: “Global biogeochemical [] models rely on understanding organismal biology
and the interactions occurring in marine microbial food webs” and with their physioche-
mical environment. Figure and text from Worden et al. (2015), published in Science.
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tion in a dustier, glacial atmosphere (Lambert et al., 2008; Martinez-Garcia et al., 2014),
combined with stratification that reduced nutrient delivery from below (Francois et al.,
1997; Sigman et al., 2010). This regional, biological change is not without consequence
for global biogeochemistry. More iron may have caused more nitrate to be consumed than
silicate (Hutchins and Bruland, 1998), leading to different biogeochemical properties of
the mode and intermediate waters that support export production in the lower latitu-
des (Sarmiento et al., 2004). Such a change may have favoured diatoms over calcifying
organisms and picoplankton (Brzezinski et al., 2002; Matsumoto et al., 2002). Because
diatoms form large aggregates that sink quickly (Smetacek et al., 2012), the potential re-
sult is a stronger biological pump on a global scale. Moreover, more iron and less nitrate
may have stimulated and expanded the niche of nitrogen fixers, which populate oligo-
trophic waters of the lower latitudes (Sohm et al., 2011). Higher rates of nitrogen fixation
could also strengthen the biological pump via the supply of fixed nitrogen to oligotrophic
environments (Falkowski, 1997). These, and likely many other, biogeochemical feedbacks
play an important role for controlling trends in atmospheric pCO2.
If we are interested in understanding the long-term behaviour of the climate, then we
must make some attempt to include the complexity of marine biological processes alongs-
ide our predictions of physical change. Today, there is great uncertainty with regard to
how the ocean and its ecosystems will respond to rising pCO2. Ongoing deoxygenation
and the expansion of suboxia (Schmidtko et al., 2017; Stramma et al., 2008) may sti-
mulate denitrification and reduce the fixed nitrogen inventory, which could weaken the
biological pump (Broecker and Henderson, 1998). Warming-induced stratification and a
consequential reduction in nutrient delivery is forecast to reduce primary production in
the tropical oceans (Kwiatkowski et al., 2017). The loss of fixed nitrogen and tropical
stratification, when combined, constitute an important positive feedback to global war-
ming. Both weaken carbon export at the equator, which is an important region of CO2
outgassing (Takahashi et al., 2002), but a loss of fixed nitrogen would also weaken nu-
trient utilisation and therefore allow more CO2 to escape to the atmosphere. On the other
hand, an expansion of subtropical gyre communities (Flombaum et al., 2013) with high
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carbon fixation potential (Galbraith and Martiny, 2015; Karl et al., 2012), coupled with
the proliferation of nitrogen fixers (McMahon et al., 2015; Sherwood et al., 2014) that
support significant carbon export from oligotrophic environments (DeVries and Weber,
2017; Emerson et al., 1997; Karl et al., 2012; Richardson and Jackson, 2007; Roshan and
DeVries, 2017), are signs of stronger biological carbon uptake. Apparently simultaneous
mechanisms of strengthening and weakening biological carbon uptake must be examined
in a quantitative manner, such that their effects for future ecosystem services and at-
mospheric pCO2 can be determined. However, to address these responses requires their
representation in global ocean models.
This thesis attempts to work “at the boundaries of the particular and the general”
(Sarmiento and Gruber, 2006) by exploring the role of small-scale, biological processes
for global, biogeochemical cycles in an ocean model. It begins by setting a precedent
of biological importance using simulations of the glacial climate and matching them to
proxy reconstructions. Justified by the finding that biological changes were integral to
glacial ocean biogeochemistry and pCO2 drawdown, it introduces a more sophisticated
ecosystem component to the model. The motivation was to mechanistically simulate a
number of the biological responses that were prescribed under glacial conditions. Using
the improvements and insights gained from this exercise, changes in the biological carbon
pump caused by variations in the nitrogen cycle, ocean circulation, and atmospheric iron
supply were explored. These experiments represent the culmination of many developments
that were made to the ecosystem component of the biogeochemical ocean model, as well
as the integration of a fully prognostic marine nitrogen cycle. The insights gained from
these studies that are relevant to glacial cycles are discussed in the final chapter.
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Technical Prelude to Chapter 2
CSIRO Mk3L-COAL (Carbon of the Ocean, Atmosphere and Land) is an Earth system
model coupled to a climate system model with carbon and other biogeochemical cycles in
three of Earth’s major reservoirs. The model is designed to run efficiently over millennial
timescales, making it useful for palaeoclimate studies. The following description focusses
on the ocean component of CSIRO Mk3L-COAL. It provides a brief introduction to the
general circulation model and outlines the biogeochemical equations of relevance.
The ocean general circulation model
CSIRO Mk3L-COAL couples a computationally efficient climate system model, CSIRO
Mk3L v1.2 (Phipps et al., 2013), with biogeochemical cycles in the land and ocean. Bio-
geochemical properties are distributed by the transports of the general circulation model
(GCM).
The ocean biogeochemical model (OBCM; Fig. T2.1) is nested within the ocean general
circulation model (OGCM). The OGCM has a horizontal resolution of 2.8◦ in longitude
by 1.6◦ in latitude, with 21 vertical levels that range from 25 metres at the surface to 450
metres in the deep ocean. It is a coarse resolution, z -coordinate GCM based on the Mk2
ocean model (Gordon and O’Farrell, 1997; Hirst et al., 2000), but with doubled horizontal
resolution and enhanced model physics. Computational speeds of ∼500 years per day are
possible when the OGCM is run oﬄine from the fully-coupled model. The OGCM is
typically stepped forward every 300 seconds, while the OBCM calculations are made once
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per day. Its coarse resolution enables millennial timescales to be resolved, which are
necessary to arrive at steady-state solutions of physical and biogeochemical tracers.
To run the stand-alone OGCM, monthly climatologies of sea surface temperature
(◦C), sea surface salinity (psu), and the zonal and meridional components of surface wind
stress (N/m2) are required as prescribed fields. Linear interpolation is used to estimate
the values of these fields at each timestep of 300 seconds, or 288 times per day. Sea
surface temperature and salinity values estimated by the OGCM are relaxed towards the
prescribed climatologies over 20 days. A more complete description of the OGCM is
provided in Phipps et al. (2013).
The ocean biogeochemical model (OBCM)
Previous versions of the OBCM have explored changes in oceanic properties under present
and future scenarios (Matear and Hirst, 2003; Matear and Lenton, 2014). These studies
have shown that the model can realistically reproduce the global carbon cycle, the uptake
of carbon dioxide from the atmosphere, and organic matter cycling in the ocean. The
ability of the OBCM to reproduce large-scale dynamical and biogeochemical properties
coupled with its fast computational speed makes the OBCM useful as a tool for palae-
oclimate research. A growing body of geochemical data reconstructed from past oceans
is now available, and is useful for understanding how and why oceanic conditions have
changed. The ocean component of CSIRO MK3L-COAL can be applied to interpret these
data.
The OBCM is equipped with 5 prognostic tracers for this purpose (Fig. T2.1). These
are the carbon chemistry fields of dissolved inorganic carbon (DIC) and alkalinity (ALK),
dissolved oxygen (O2), phosphate (PO4), and dissolved bioavailable iron (Fe). These
tracers are all simulated in mmol m−3, with the exception of Fe, which is simulated in
units of µmol m−3.
In addition to the surface climatologies required by the OGCM, the OBCM also requi-
res climatologies of atmospheric surface pressure (atm), fractional sea ice cover, surface
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Figure T2.1: Schematic of the biogeochemical component (Matear and Lenton, 2014) at-
tached to the ocean general circulation model, Commonwealth Scientific and Industrial
Research Organisation (CSIRO) Mark 3L version 1.2 (Phipps et al., 2013). (1) = car-
bon chemistry calculations (Orr et al., 2002); (2) air-sea gas exchange and virtual fluxes
(Orr et al., 2002); (3) = marine ecosystem production and export; (4) = water column
remineralisation. The marine ecosystem represents two forms of phytoplankton: a gene-
ral type and calcifiers. O2 = dissolved oxygen; DIC = dissolved inorganic carbon; Alk
= alkalinity; PO4 = phosphate; dFe = dissolved bioavailable iron. Blue lines represent
ocean circulation, and the pink shading represents suboxia.
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wind speeds (m s−1), incident shortwave radiation at the surface (W m−2) and aeolian de-
position of iron to the ocean (µmol m−2 s−1). Pressure, sea ice, wind and radiation fields
are available as output from the fully coupled climate model (Phipps et al., 2013), while
the aeolian deposition of iron must be provided independently. The standard climatology
is provided by Mahowald et al. (2005).
The OBCM can be conceptually separated into air-sea gas exchange and organic
matter cycling subcomponents. Air-sea gas exchanges (CO2 and O2), which also in-
volve carbon speciation reactions and virtual fluxes according to variations in salt during
precipitation-evaporation, are computed according to the Ocean Modelling Intercompa-
rison Project phase 2 protocol (Orr et al., 2002). As they are described in detail else-
where, these calculations will not be covered here. The ecosystem model simulates the
export production, remineralisation and stoichiometry (elemental composition) of two
phytoplankton functional types: a general phytoplankton group and calcifiers. The follo-
wing documents the equations that govern the cycling of these forms of organic matter.
Export production
General phytoplankton group
The export of organic matter by the general phytoplankton group (PGexp) is measured in
units of mmol phosphorus (P) m−3, and is dependent on temperature (T), nutrients (PO4
and Fe) and irradiance (I):
PGexp = S
G
E:P · µ(T )G ·min
(
PGlim, Fe
G
lim, F (I)
)
(T2.1)
where,
SGE:P = 0.005 mmol PO4 m
−3
µ(T )G = 0.59 · 1.0635T (T2.2)
F (I) = 1− e−G(I) (T2.3)
G(I) =
I · α · PAR
µ(T )
(T2.4)
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In the above, SGE:P converts growth rates in units of day
−1 to mmol PO4 m−3 day−1.
SGE:P is set at 0.005 in the standard version of the OBCM, and conceptually represents the
export to production ratio of organic matter falling out of the euphotic zone, the depth of
which is set at 100 metres. For simplicity we assume that both the depth of the euphotic
zone and the export:production ratio does not change in space and time unless prescribed
to do so. µ(T ) is the temperature-dependent maximum daily growth rate of phytoplankton
(doublings per day), as defined by Eppley (1972). The light limitation term (F (I)) is the
productivity versus irradiance equation used to describe phytoplankton growth defined by
Clementson et al. (1998). It is dependent on I, the shortwave incident radiation (W m−2),
α, the initial slope of the productivity versus radiance curve (equal to 0.025 day−1/(W
m−2)), and PAR, the fraction of shortwave radiation that is photosynthetically active
(equal to 0.5).
The nutrient limitation terms (PGlim and Fe
G
lim) are calculated via the monod functions
of Michaelis-Menten kinetics (Dugdale, 1967; Monod et al., 1947):
PGlim =
PO4
PO4 +KPO4
(T2.5)
FeGlim =
Fe
Fe+KFe
(T2.6)
Half-saturation coefficients (Knutrient) show a large range across phytoplankton species
(e.g. Timmermans et al., 2004), and so for simplicity, we set KPO4 = 0.1 mmol PO4 m
−3
(Smith, 1982) and KFe = 0.1 µmol Fe m
−3 (Timmermans et al., 2001).
Calcifiers
The calcifying group (Cinorgexp ) produces particulate inorganic carbon, or calcium carbonate
(CaCO3), in units of mmol carbon (C) m
−3. The production of CaCO3 is always a
proportion of PGexp according to:
Cinorgexp = P
G
exp ·RCaCO3 (T2.7)
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The ratio of CaCO3 to P
G
exp (RCaCO3) is set to 0.08, corresponding with the results of
Yamanaka and Tajika (1996). The production of Cinorgexp is thus 8 % of P
G
exp everywhere
in the standard version of the OBCM, but may be altered to reflect changes in global
calcification rates.
Remineralisation
General phytoplankton group
Organic matter exported out of the euphotic zone by the general phytoplankton group
(PGexp) is instantaneously remineralised each timestep at depth using a power law (Martin
et al., 1987). This power law defines the concentration of organic matter remaining at a
given depth (PG,zexp ) as a function of that produced at the surface (P
G,0
exp ) and the depth
itself (z). Its form is as follows:
PG,zexp = P
G,0
exp ·
( z
100
)b
(T2.8)
Where the 100 in the denominator represents the depth of the euphotic zone, and is assu-
med to be 100 metres everywhere. The OBCM therefore does not consider sinking speeds,
nor an interaction between organic matter and physical mixing. What is removed from
the surface layer is instantaneously distributed to deeper levels. No burial or sedimentary
processes are considered.
However, variations in the b exponent affect the steepness of the curve, thereby emula-
ting regional changes in sinking speeds and affecting the transfer and release of nutrients
from the surface to the deep ocean. Remineralisation of PGexp through the water column
is therefore dependent on the exponent b value in equation T2.8. The b value is set at
-0.858 according to the observations of Martin et al. (1987) in the standard version of the
OBCM.
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Suboxic environments
The remineralisation of PGexp requires O2 to be removed, except for when O2 concentrations
are reduced to zero. In these regions, the remineralisation of organic matter still occurs,
but does not consume O2. Instead, suboxic remineralisation processes such as denitrifi-
cation and sulfate reduction are assumed to account for the remineralisation (Sarmiento
and Gruber, 2006). As these processes are not explicitly accounted for in the OBCM,
it is simply assumed that they are sufficient to explain the required remineralisation of
organic material after O2 is depleted.
Calcifiers
The remineralisation of calcified organic matter (Cinorg) is calculated using an e-folding
depth-dependent decay, where the amount of Cinorgexp at a given depth z is defined by:
Cinorg,zexp = C
inorg,0
exp · e
−z
3500 (T2.9)
Calcifiers are not susceptible to O2-limited remineralisation because the dissolution of
CaCO3 depends on the rate of sinking coupled with the concentration of carbonate ion
(CO2−3 ) in solution. All C
inorg
exp reaching the final depth level is remineralised. The model
therefore does not consider burial of CaCO3.
Stoichiometry
The elemental constitution, or stoichiometry, of organic matter affects the biogeochemistry
of the water column through uptake (production) and release (remineralisation).
General phytoplankton group
The general phytoplankton group affects the cycling of carbon chemistry, O2, and nutrients
(PO4 and Fe) through organic matter processes. The C:P:O2 ratio is set according to the
Redfield ratio of 106:1:-138 (Fleming, 1940; Redfield, 1963; Redfield et al., 1937), Fe:P is
set at 0.00032:1 similar to Aumont (2003), such that 0.32 µmol of Fe is consumed per
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mmol of PO4, and biological variations in ALK:P are set at -16:1 (Wolf-Gladrow et al.,
2007).
Calcifiers
Calcifying organisms produce particulate inorganic carbon (Cinorgexp ), which requires DIC
and ALK. Calcifying organisms consume and release DIC and ALK in proportion with
CGexp according to RCaCO3 . As RCaCO3 is set at 8%, the ratio of Porg:Corg:Cinorg equals
1:106:8.5. Calcifiers consume and release ALK at double the rate they consume and
release DIC, with their Porg:ALKorg:ALKinorg ratio being 1:-16:17. This group has no
effect on nutrient tracers or oxygen values.
Brief overview of tracers
The simplest biogeochemical cycle that the model includes is phosphorus, which is repre-
sented as phosphate (PO4). The model does not consider any external sources or sinks
for this cycle, as the residence time of PO4 in the ocean is on the order of 30,000 years
or more (Tyrrell, 1999). Its distribution is therefore determined solely by circulation and
organic matter cycling via the general phytoplankton group. This means that the total
mass of phosphorus is conserved, and is set at 2.68 Pmol.
The carbon chemistry and dissolved oxygen cycles include external sources and sinks
to the ocean in the form of air-sea gas exchange. In addition to circulation and biological
components, these tracers are directly affected by the solubility (surface temperature and
salinity) and wind speeds that are imposed on the ocean. Furthermore, they are not
conserved and are left to equilibrate with prescribed atmospheric concentrations.
The iron cycle is also not conserved. It involves a prescribed external source via the ae-
olian deposition of dust (Mahowald et al., 2005), and an internal control in water masses in
contact with the ocean floor (Fig. T2.1). The internal control relaxes iron concentrations
to 0.6 µmol m−3 over a period of 1 year to be consistent with observations of mean dissol-
ved iron equal to 0.6 µmol m−3 (Johnson et al., 1997). The iron cycle therefore considers
56
The importance of marine biological processes for carbon storage and biogeochemistry
an atmospheric source, internal cycling via organic matter of the general phytoplankton
group, and deep ocean sources and sinks via the sediments.
Summary
The ocean component of the CSIRO Mk3L-COAL Earth system model is an efficient tool
for oceanographic research through its efficient simulation of carbon chemistry terms,
oxygen, phosphorus and dissolved iron over multi-millennial timescales.
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2.1. INTRODUCTION
Abstract
The ocean’s ability to store large quantities of carbon, combined with the millennial longevity
over which this reservoir is overturned, has implicated the ocean as a key driver of glacial-
interglacial climates. However, the combination of processes that cause an accumulation of
carbon within the ocean during glacial periods is still under debate. Here we present simulati-
ons of the Last Glacial Maximum (LGM) using the CSIRO Mk3L-COAL Earth System Model
to test the contribution of physical and biogeochemical processes to ocean carbon storage. For
the LGM simulation, we find a significant global cooling of the surface ocean (3.2 ◦C) and the
expansion of both minimum and maximum sea ice cover broadly consistent with proxy recon-
structions. The glacial ocean stores an additional 267 Pg C in the deep ocean relative to the
Pre-Industrial (PI) simulation due to stronger Antarctic Bottom Water formation. However, 889
Pg C is lost from the upper ocean via equilibration with a lower atmospheric CO2 concentration
and a global decrease in export production, causing a net loss of carbon relative to the PI ocean.
The LGM deep ocean also experiences an oxygenation (>100 mmol O2 m
−3) and deepening of
the calcite saturation horizon (exceeds the ocean bottom) at odds with proxy reconstructions.
With modifications to key biogeochemical processes, which include an increased export of or-
ganic matter due to a simulated release from iron limitation, a deepening of remineralisation
and decreased inorganic carbon export driven by cooler temperatures, we find that the carbon
content of the glacial ocean can be sufficiently increased (317 Pg C) to explain the reduction in
atmospheric and terrestrial carbon at the LGM (194 ± 2 and 330 ± 400 Pg C, respectively).
Assuming an LGM-PI difference of 95 ppm pCO2, we find that 55 ppm can be attributed to
the biological pump, 28 ppm to circulation changes, and the remaining 12 ppm to solubility.
The biogeochemical modifications also improve model-proxy agreement in export production,
carbonate chemistry and dissolved oxygen fields. Thus, we find strong evidence that variations
in the oceanic biological pump exert a primary control on the climate.
2.1 Introduction
The late Pleistocene is characterised by a sawtooth-like cycling between cool glacial and warm
interglacial states (Emiliani, 1966; Shackleton, 1967). Global temperatures and atmospheric CO2
are strongly correlated across these climate cycles with approximately 80-100 ppm of change
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corresponding to global-mean temperature variations of 3-4 ◦C (Grootes and Stuiver, 1997;
Jouzel et al., 1987; Parrenin et al., 2013; Petit et al., 1999). This correlation was extended to
causation by evidence that increases in atmospheric CO2 preceded decreases in global ice mass
during glacial terminations (Broecker and Henderson, 1998; Sowers et al., 1991). The large
potential of the ocean to store carbon, coupled with evidence that the terrestrial reservoir was
diminished under glacial conditions (Shackleton, 1977), has implicated the ocean as the prime
candidate for driving glacial-interglacial changes in atmospheric CO2 (Broecker, 1982; Skinner
et al., 2015; Wilson et al., 2015). However, identifying the combination of mechanisms that
drove a flux of carbon into the ocean during glacial periods remains a fundamental and largely
unresolved problem.
If we first consider only physical changes, a net influx of CO2 caused by cooling is a feature
of the glacial ocean. However, the increase in solubility attributed to cooling is partially offset
by increased salinity due to a lower sea level (Siddall et al., 2003), so that the contribution of
solubility changes is estimated at ∼13 ppm of the total 80-100 ppm CO2 drawdown (Kohfeld
and Ridgwell, 2009; Sigman and Boyle, 2000). Therefore, other physical changes associated with
a glacial climate, notably changes to the large-scale circulation and sea ice fields (Stephens and
Keeling, 2000), may make a considerable contribution to carbon sequestration. Proxy evidence
(Curry and Oppo, 2005; Duplessy et al., 1988; McManus et al., 2004; Oliver et al., 2010; Skinner
et al., 2010) and model experiments (Brovkin et al., 2007; Hain et al., 2010; Menviel et al., 2012;
Watson and Naveira Garabato, 2006) of the glacial climate have shown that a greater proportion
of the deep ocean was dominated by southern source waters (see Adkins, 2013, for a review).
The existence of this glacial-type circulation has been connected to an expanded sea ice field
(Ferrari et al., 2014). An expansion of southern source waters throughout the deep ocean and
an expanded sea ice field are now considered to be primary candidates for carbon sequestration
during glacial climates (Adkins, 2013).
However, the most promising explanations of the glacial decline in atmospheric CO2 in-
volve changes to ocean productivity in concert with reorganisations of the global overturning
circulation (Gottschalk et al., 2016; Hain et al., 2010). An increased glacial productivity, first
proposed by Broecker (1982) and explored by Archer et al. (2000) by increasing the global nu-
trient inventory, is now an established feature of the sub-Antarctic zone due to enhanced aeolian
deposition of iron (Martinez-Garcia et al., 2014). The Southern Ocean exerts a strong control
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on atmospheric CO2 through its direct connection to deep waters (Marinov et al., 2006), and
enhanced productivity in this zone is thus a prime candidate for explaining a fraction of the
glacial-interglacial CO2 difference.
In numerous other regions, however, productivity appears to have been reduced during glacial
climates. The affected regions include waters south of the Antarctic Polar Front (Francois et al.,
1997; Jaccard et al., 2013), the North Pacific (Crusius et al., 2004; Jaccard et al., 2005; Kohfeld
and Chase, 2011; Ortiz et al., 2004), tropical Indian Ocean (Singh et al., 2011) and the Equatorial
Pacific (Costa et al., 2016; Herguera, 2000; Loubere et al., 2007). A weaker export production
in these regions would have offset a strengthened biological pump in the sub-Antarctic, thereby
weakening the ability of the ocean to store carbon during glacial conditions. Whether the
strengthening of the biological pump in the glacial sub-Antarctic was sufficient to increase the
carbon content of the ocean despite losses in productivity in other regions therefore requires
further testing.
This has led some authors to look for alternative biogeochemical mechanisms. A notable
example is the application of temperature-dependent remineralisation to global fluxes of organics
into the interior ocean. The positive relationship between microbial metabolism and temperature
has been known for some time (Eppley, 1972), but it was only recently that this relationship was
applied to a glacial setting. By prescribing a global cooling of 5 ◦C, Matsumoto (2007) reduced
atmospheric CO2 by ∼35 ppm. Further research has shown that even a slight deepening in the
remineralisation profile can cause large changes in oceanic carbon content by reducing surface
ocean inorganic carbon concentrations, which in turn strengthens the air-sea influx of carbon
(Menviel et al., 2012).
Another biogeochemical mechanism that is proposed to increase oceanic carbon storage is
an altered calcium carbonate to organic carbon (CaCO3:Corg) export production ratio (Archer
et al., 2000; Sigman et al., 1998). A global decrease in the CaCO3:Corg ratio would enhance car-
bon storage by reducing the pCO2 of surface waters (see Sigman and Boyle, 2000, for a review).
A decrease in CaCO3 production could be caused by cooling (Stoll et al., 2002) and/or an in-
crease in silicate delivery to the lower latitude oceans that simulated organic carbon production
(Matsumoto et al., 2002).
Numerous physical and biogeochemical changes have been associated with a glacial ocean
and all have been identified in some respect as important drivers of glacial-interglacial climate
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cycles. Now, recent insights into the distributions of dissolved oxygen (Jaccard et al., 2014) and
carbonate species (Yu et al., 2014) at the Last Glacial Maximum (LGM; ∼21,000 years BCE)
provide new constraints to identify which combination of physical and biogeochemical changes
could have realistically sequestered carbon within the ocean at this time. Here, we use an Earth
System Model with attached biogeochemistry, CSIRO Mk3L-COAL, to test current theories
against these new insights. Using our simulated LGM ocean state, we quantify the contribution
of physical and biogeochemical changes to the estimated increase of 520 ± 400 Pg of carbon
within the oceanic reservoir at the LGM (Ciais et al., 2011), and demonstrate the importance
of marine biogeochemistry to global climate.
2.2 Model and experiments
The model simulations were performed using the CSIRO Mk3L climate system model version
1.2 (Phipps et al., 2011, 2012), which includes components that describe the atmosphere, land,
sea ice and ocean. The horizontal resolution of the atmosphere, land and sea ice models are
5.6◦×3.2◦ in the longitudinal and latitudinal dimensions, respectively, with 18 vertical levels.
The ocean model has a horizontal resolution of 2.8◦×1.6◦ with 21 vertical levels. For this study,
we conduct simulations using both the full climate system model and the stand-alone ocean
model.
Two fully coupled model experiments were undertaken to simulate the Pre-Industrial (Cpl-
PI) and Last Glacial Maximum (Cpl-LGM) climates. The Cpl-PI climate was obtained by for-
cing the model with an atmospheric CO2 concentration of 280 ppm and by prescribing 1950 CE
values for the orbital parameters. This experiment was integrated for a total of 10,000 years
(Phipps et al., 2013). The Cpl-LGM simulation followed the protocol developed by Phase III
of the Palaeoclimate Modelling Intercomparison Project (PMIP3), with the exception that no
changes were made to terrestrial topography, oceanic bathymetry or the positions of the coas-
tlines. The closure of important oceanic connections due to sea level loss, such as the Bering
Strait, was not considered. The atmospheric CO2 equivalent concentration was set to 167 ppm,
providing a radiative forcing equivalent to the specified reductions in the atmospheric concen-
trations of CO2, CH4 and N2O from 280 ppm/760 ppb/270 ppb for pre-industrial simulations to
185 ppm/350 ppb/200 ppb for LGM simulations. The orbital parameters were set to values for
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21,000 years BP. The Cpl-LGM simulation was initialised from the state of the Cpl-PI simula-
tion at the end of model year 100. The model was then integrated for a total of 3,900 model
years, until it had reached quasi-equilibrium. Over this integration the ocean experienced an
increase in salinity by 0.5 psu due to increased evaporation, which reflected the coupling between
a cooler, drier atmosphere and the ocean.
With the climate state provided by the Cpl-LGM experiment, nine additional ocean bio-
geochemical simulations were made with different physical and biogeochemical conditions to
explore the effect on the carbon cycle (Table 2.1). These experiments utilised Mk3L-COAL
(Carbon-Ocean-Atmosphere-Land), an enhanced version of the Mk3L climate system model
which includes biogeochemical modules embedded within the ocean, atmosphere and terrestrial
models. All experiments were forced by key boundary conditions (wind stresses, temperature,
salinity, incident radiation, sea ice), which were obtained as monthly averages over the final 50
years of the fully coupled model experiments. The heat and freshwater fluxes into the ocean were
determined by relaxing the SST and SSS towards the prescribed fields using a 20 day timescale.
An additional 0.5 psu was added to the salinity field of the LGM experiments to ensure that
the ocean was 1 psu more saline than the PI. For a description of the ocean biogeochemistry
the reader is directed towards Appendix A of Matear and Lenton (2014) and the experiments
of Duteil et al. (2012).
First, five experiments were conducted to explore how the physics of a glacial ocean affected
carbon content. Two experiments, O-PI and O-LGM, were completed under standard PI and
LGM conditions. These standard experiments were compared with three additional experiments
that together were used to discern how changes in solubility, sea ice and circulation between the
PI and LGM climates affected carbon. One of these experiments, O-PILGMCO2 , involved a standard
PI simulation with prescribed atmospheric pCO2 concentrations of the LGM (185 ppm). This
allowed direct comparison between experiments O-LGM and O-PILGMCO2 to determine how global
physical changes affected carbon storage. To separate the effects of an expanded sea ice field,
solubility changes, and circulation changes at the LGM, another two PI experiments, O-PILGMice
and O-PILGMsol , were completed. These experiments were forced by PI physics, such that a PI
circulation was present, but the biogeochemical model responded to the sea ice field and sea
surface conditions (temperature and salinity) of the LGM, respectively, under an atmospheric
pCO2 of 185 ppm. An atmospheric pCO2 of 185 ppm was chosen for direct comparison with
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experiment O-PILGMCO2 .
Second, four experiments, O-LGMBGCexp , O-LGM
BGC
rem , O-LGM
BGC
pic and O-LGM
BGC
all , repre-
sented LGM experiments in which the equations controlling biogeochemical cycling were altered.
It should be made clear that these experiments did not explicitly simulate the biogeochemical
changes caused by an altered climate in any mechanistic sense. However, the prescription of
the following changes allowed us to undertake a theoretical investigation into their capacity to
sequester carbon at the LGM. The experiments were as follows:
O-LGMBGCexp . The scaling factor (S
G
E:P ) was increased by a factor of 10 (Eq. 2.1) to increase
the export of organic matter (PGexp) from the surface ocean, and therefore strengthen the biolo-
gical carbon pump. Increasing PGexp export in the LGM ocean was motivated by an enhanced
delivery of iron to the surface ocean via aeolian dust at the LGM (Martin, 1990; Martinez-Garcia
et al., 2014).
PGexp = S
G
E:P · Vmax ·min
(
[PO4]
[PO4] +KPO4
,
[dFe]
[dFe] +KdFe
, F (I)
)
(2.1)
where,
Vmax = The temperature-depedent maximum growth of phytoplankton (Eppley, 1972)
KPO4 = The half-saturation constant for phosphate-limited growth, set to 0.1 mmol PO4 m
−3
KdFe = The half-saturation constant for dissolved iron-limited growth, set to 0.1 µmol dFe m
−3
F (I) = The productivity versus irradience equation for determining light-limited growth (Clementson et al., 1998)
O-LGMBGCrem . The P
G
exp remineralisation depth was increased by changing the power law expo-
nent (b) in equation 2.2 from -0.9 to -0.7, which replicated a bulk shift of organic matter from
the upper to the deep ocean. The motivation for increasing the amount of PGexp that reaches
deeper levels is the expectation that a cooler ocean would reduce the rate of bacterial remine-
ralisation of organic matter in the upper ocean (Matsumoto, 2007; Rivkin and Legendre, 2001).
This change increased the simulated PGexp that reaches the 1,000 m depth level from 12.5 % to
20 %.
PG,zexp = min
(
1, PG,zexp ·
( z
100
)b)
(2.2)
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O-LGMBGCpic . Export production of particulate inorganic carbon (C
inorg
exp ) was turned off by
setting the rain ratio (RCaCO3) of inorganic to organic carbon to zero in Equation 2.3. The
motivation for reducing Cinorgexp in the glacial ocean is related to the positive linear relationship
between calcification and temperature (Stoll et al., 2002), and an increased silicate supply to
lower latitudes that potentially favoured non-calcifying producers (Matsumoto et al., 2002).
Cinorgexp = P
G
exp ·RC:P ·RCaCO3 (2.3)
where,
RC:P = The carbon to phosphorus ratio of 106:1 (Redfield et al., 1937)
(2.4)
O-LGMBGCall . All three modifications to ocean biogeochemistry were employed. All ocean-only
simulations were integrated for 10,000 years to ensure that the ocean carbon cycle reached a
steady state.
To assess whether the behaviour of the biogeochemical tracers within the coupled model
differed from those in the ocean-only model, we ran the coupled model with online ocean bi-
ogeochemistry for a further 1,000 years using the steady-state biogeochemical fields from the
ocean-only experiments. This assessment was made using both the PI and LGM climates. For
key diagnostics, such as the meridional overturning circulation, ocean carbon content and global
export production, the behaviour of the ocean-only simulation differed by less than 1 % from
the coupled simulations. Given the computational speed of the ocean-only model, these experi-
ments provide an ideal platform to test the sensitivity of the ocean biogeochemical fields to the
parameterisations used in the biogeochemical model.
2.3 Results and discussion
In the following, we first discuss the simulated physical changes to the ocean observed between
the Cpl-PI and Cpl-LGM simulations. Second, we discuss how the ocean biogeochemical fields
differed between the O-PI and O-LGM simulations, which were forced with the output of the
coupled simulations. Finally, we explore how modifying biogeochemical parameterisations al-
ters the biogeochemistry, including changes to carbon storage, export production, carbonate
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chemistry and dissolved oxygen.
2.3.1 LGM climate: physical fields
Sea surface temperature (SST)
The simulated change in SST between the Cpl-PI and the Cpl-LGM simulations shows a similar
magnitude and spatial structure to proxy reconstructions and prior modelling studies, with
greatest cooling in the equatorial oceans, high latitudes and eastern boundary currents, and the
least cooling in the subtropics and western boundary current regions (Fig. 2.1; Table 2.2). The
global SST mean of the Cpl-LGM was 3.2 ◦C cooler than the Cpl-PI. This change falls within
the range of estimates (∼2-4 ◦C) produced by other climate models (Alder and Hostetler, 2015;
Annan and Hargreaves, 2013; Braconnot et al., 2007), but sits towards the cooler limits of
previous multiproxy SST reconstructions that estimate a change of 2 ± 1.8 ◦C (Ballantyne
et al., 2005; Waelbroeck et al., 2009). However, a recent reanalysis of the proxy data presented
by Waelbroeck et al. (2009) showed past estimates may have underestimated cooling by as much
as 50 % (Ho and Laepple, 2015). This finding reconciles some disagreement between climate
models and palaeoproxies, and places our simulated cooling of 3.2 ◦C well within the bounds of
uncertainty in reconstructions.
Regionally, the greatest cooling took place in the high latitudes and in the Equatorial Pacific,
where temperatures were in excess of 4 ◦C cooler than the Cpl-PI climate. Meanwhile, the
Western Pacific Warm Pool, subtropical gyres and western boundary currents cooled less (0.5-
3.0 ◦C). Again, proxy (Waelbroeck et al., 2009) and climate modelling (Annan and Hargreaves,
2013) are consistent with both the magnitude and spatial pattern of cooling. A notable example
of model-data agreement is in the Pacific sector of the Southern Ocean, where SSTs were up
to and in excess of 4 ◦C cooler at the LGM (Benz et al., 2016). Enhanced cooling in the
high latitudes and in the eastern boundary currents generated strong zonal and meridional
temperature gradients relative to Cpl-PI SST. There is a consistent regional pattern to SST
cooling in the LGM emerging from proxy and model simulations (Annan and Hargreaves, 2013;
Braconnot et al., 2007) that is broadly consistent with our simulated cooling.
Where there is still large uncertainty in SST change at the LGM is in the tropical ocean
(see Annan and Hargreaves, 2015, for a review). The Cpl-LGM cooling of 3.3 ◦C across the
72
The importance of marine biological processes for carbon storage and biogeochemistry
Figure 2.1: Annual sea surface temperature (SST) difference between (a) the coupled
PI experiment, Cpl-PI, and the observations from Levitus (2001), and (b) the difference
between the coupled LGM and PI experiments (Cpl-LGM −Cpl-PI). Solid contour lines
denotes positive changes in SST by 4 and 8 ◦C, while negative changes in SST are denoted
by dashed lines at 4 and 8 ◦C.
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tropical ocean (15◦ S - 15◦ N) is greater than other simulations (Annan and Hargreaves, 2013;
Braconnot et al., 2007), but falls well within the −5.1 to −2.17 ◦C estimated by Ho and Laepple
(2015). Regionally, climate models (Otto-Bliesner et al., 2009) and proxies (Waelbroeck et al.,
2009) agree that cooling in the tropical Atlantic Ocean probably exceeded cooling in the tropical
Pacific and Indian Oceans by roughly 1 ◦C. In contrast, the tropical Pacific Ocean cooled by 2
◦C more than the Tropical Atlantic and Indian Oceans in the Cpl-LGM simulation. Although
SSTs in the east equatorial Pacific have been reported as 1.5-3.0 ◦C cooler than the PI (Dubois
et al., 2014; Kucera et al., 2005), the simulated cooling over much of the tropical Pacific appears
excessive compared to previous simulations (Braconnot et al., 2007).
Sea ice extent
The Cpl-PI sea ice extent is consistent with estimates made using satellite measurements during
the 1979-1987 period (Gloersen et al., 1993, Table 2.2). These measurements represent the first
global estimates of sea ice coverage, and although there is evidence that sea ice has declined
by 20 % since the 1950’s (Curran et al., 2003), the strong agreement between the Cpl-PI sea
ice fields and the observations of Gloersen et al. (1993) provide a good benchmark for assessing
LGM sea ice changes.
Associated with cooler SSTs, sea ice coverage (fractional sea ice area ≥ 15 %) was greatly
expanded in the Cpl-LGM for both hemispheres relative to the Cpl-PI (Fig. 2.2, Table 2.2). In
the Southern Hemisphere, total sea ice coverage increased by ∼120 % and ∼225 % at its seasonal
maximum and minimum, respectively, relative to the Cpl-PI. In the Northern Hemisphere, total
sea ice coverage increased by ∼145 % and ∼105 % at its seasonal maximum and minimum,
respectively, relative to the Cpl-PI. These increases correspond to equatorward expansions of
the sea ice field of between 5-10◦ around the Southern Ocean, and in excess of 15◦ in both the
North Atlantic and Pacific Oceans.
The simulated expansion of sea ice around much of the Southern Ocean agrees well with
proxy reconstructions. Maximum sea ice extent reached as far north as 47◦ S in both the
Atlantic and Indian sectors (Gersonde et al., 2005) and as far north as 55◦ S in the Pacific sector
of the Southern Ocean (Benz et al., 2016; Gersonde et al., 2005, Fig. 2.2). The magnitude of
growth in the Atlantic and Indian sectors has been tested and largely supported by subsequent
studies (Collins et al., 2012; Xiao et al., 2016), and is consistent with our Cpl-LGM sea ice field.
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Figure 2.2: Annual average sea-ice cover for (a) the Cpl-PI Northern Hemisphere, (b) the
Cpl-LGM Northern Hemisphere, (c) the Cpl-PI Southern Hemisphere, (d) the Cpl-LGM
Southern Hemisphere. The red and blue contour lines in each projection represent the
maximum and minimum seasonal sea ice extents (where sea ice concentration equals 15
% as per Gersonde et al. (2005)). In panel (b), the dashed orange contour line represents
the maximum seasonal sea ice extent produced by the IPSL climate system model, which
took part in the PMIP3 LGM experiment, and is broadly consistent with the results of
other PMIP3 models. In panel (d), the coloured markers represent locations were winter
sea ice was deemed to have been present (blue) and absent (red) at the LGM according
to Gersonde et al. (2005).
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In the Pacific sector, however, the simulated maximum sea ice edge extends well equatorward
of the 55◦ S boundary that has been defined by Benz et al. (2016) (Fig. 2.2). By comparing
the coverage of sea ice in the Southern Hemisphere of the Cpl-LGM (∼46×106 km2) with that
estimated by Gersonde et al. (2005) (∼39×106 km2), we can attribute the simulated excess of
sea ice in the glacial Southern Ocean to a possible overestimate in the Pacific sector.
The Cpl-LGM sea ice was broadly consistent with reconstructions in the North Atlantic, with
the exception that too much ice covered the Nordic Seas. The central and eastern parts of the
subpolar North Atlantic, including the Nordic Seas, are thought to have been at least seasonally
ice-free (De Vernal et al., 2005; Pflaumann et al., 2003). The Cpl-LGM sea ice field showed
strong, year-round cover in these regions. However, good model-proxy agreement was produced
in other parts of the North Atlantic. Perennial sea ice cover was present in the Greenland Sea
and Fram Strait during the LGM (Mu¨ller et al., 2009; Telesin´ski et al., 2014). There is also
evidence that winter sea ice reached south of Iceland to fill much of the Labrador Sea (Pflaumann
et al., 2003) and extended along the eastern Canadian margin (De Vernal et al., 2005). These
features were produced in the Cpl-LGM simulation.
In the North Pacific, the Cpl-LGM sea ice field expanded across a large area. Proxy recon-
structions indicate the presence of strong cover in the Okhotsk Sea (Nu¨rnberg and Tiedemann,
2004; Sakamoto et al., 2005), the Japan Sea (Ikehara, 2003) and the western Bering Sea (Rieth-
dorf et al., 2013) during the LGM, with seasonally ice-free conditions in the central west (Jaccard
et al., 2005). Thus, like the North Atlantic, sea ice presence was likely more extensive in the
western margins of the North Pacific, and this pattern is replicated by other climate models
(Fig. 2.2). In the Cpl-LGM simulation, more intense sea ice cover developed in the west, but
year-round cover also developed over the central North Pacific and contrasts directly with the
findings of Jaccard et al. (2005), who argued for ice-free conditions during the summer. Thus,
our simulated sea ice extent in the North Pacific may be an exaggeration.
Meridional overturning circulation
The changes observed in the surface ocean within the Cpl-LGM climate were accompanied
by changes in the global meridional overturning circulation (Fig. 2.3; Table 2.2). The rate of
Antarctic Bottom Water (AABW) formation in the Southern Ocean doubled between the Cpl-PI
and Cpl-LGM experiments, increasing from from 10.3 to 20.2 Sv. An increase in surface density
77
2.3. RESULTS AND DISCUSSION
of 0.9 kg m−3 between 60◦ S to 40◦ S drove this intensification, and also strengthened transport
by the Antarctic Circumpolar Current (ACC) from 140 to 309 Sv. Meanwhile, the Atlantic
Meridional Overturning Circulation (AMOC) weakened from 15.6 to 11.4 Sv. The weakened
glacial AMOC was also associated with a shoaling of its lower boundary from approximately
3,000 to 1,500 metres. As a result, much of the Atlantic Ocean below 1,500 metres was dominated
by AABW as part of the lower overturning cell.
Figure 2.3: The upper panels depict the total meridional overturning streamfunction (Sv)
for the global ocean in the (a) Cpl-PI and (b) Cpl-LGM simulations. The bottom panels
depict the total meridional overturning streamfunction (sv) for the Atlantic ocean in the
(c) Cpl-PI and (d) Cpl-LGM simulations. Note that those latitudes corresponding to
the Southern Ocean are obscured for panels (c) and (d) in the Atlantic Ocean, as these
overturning velocities are invalid considering that waters can exit to the east and west
and that the streamfunction does not account for these losses.
These changes in the lower and upper overturning cells were conducive to the development
of a global overturning circulation dominated by a denser AABW and a shallower AMOC.
These results are supported by numerous palaeonutrient tracers showing an increased presence
of southern source waters within the deep North Atlantic Ocean during glacial periods (Curry
and Oppo, 2005; Duplessy et al., 1988; Keigwin, 2004; Marchitto and Broecker, 2006; Oliver
et al., 2010; Skinner et al., 2010). The prevailing interpretation of the palaeonutrient tracers
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is that the maximum depth of the AMOC was displaced above about 2,000 metres, and that
this shoaling facilitated the development of a saltier, more stratified glacial deep ocean (Adkins,
2013). Ferrari et al. (2014) have linked these changed to the expansion of sea ice in the Southern
Ocean, which caused a greater proportion of Circumpolar Deep Water to rise into a zone of
negative buoyancy flux and thereby produce greater quantities of denser AABW.
However, contradictory changes in the glacial overturning circulation have been simulated
in other climate system models. The rates of AABW formation tend to increase under LGM
conditions (Otto-Bliesner et al., 2007), but responses of the AMOC among models are highly
variable. In earlier experiments as part of the PMIP2 project, the AMOC response ranged bet-
ween 40 % above and below the PI rate of overturning (Weber et al., 2007). Our weakened (∼35
%) and shallower (∼50 %) glacial AMOC is therefore consistent with the lower bounds of these
simulations, as are our rates of AABW formation (Table 2.2). More recent LGM simulations as
part of the PMIP3 project, however, developed stronger and deeper glacial AMOCs (Muglia and
Schmittner, 2015). Furthermore, a recent reconstruction of Southern Ocean circulation indicates
that extreme intensifications of AABW formation and ACC transport at the LGM are unlikely
(Lynch-Stieglitz et al., 2016). Consequently, these results challenge our simulated changes in
meridional overturning, as well as the prevailing interpretation of palaeonutrient evidence.
Despite inconsistencies between climate model simulations, palaeonutrient reconstructions
continue to support the existence of a shallower AMOC overlying southern source waters during
glacial periods. Variations in the isotopic signature of Neodynium, for instance, indicate that
AABW was more dominant in the deep ocean during the LGM, and that its mixing with a glacial
form of NADW was more intense (Howe et al., 2016). These and other authors (Burckel et al.,
2016) find further support for the presence of a shallower AMOC above 2,500 metres. Moreover,
simulated distributions of carbon isotopes across a range of idealised circulations have shown that
a shallower AMOC is necessary to ensure good model-proxy agreement at the LGM (Menviel
et al., 2017). Importantly, our Cpl-LGM simulation developed an increased presence of AABW
throughout the global deep ocean and the development of a shallower AMOC.
2.3.2 LGM climate: biogeochemical fields
The physical changes in the ocean between the Cpl-PI and the Cpl-LGM, as described above,
caused significant changes in ocean biogeochemistry within the ocean-only simulations (Ta-
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ble 2.3). To assist in the discussion of the large-scale biogeochemical changes we divide the
upper and the deep ocean based on the 2,000 m depth. This approach also allows for more
clearly distinguishing between changes to the global overturning circulation, air-sea exchange
and biological processes on the biogeochemical fields.
Carbon
For experiment O-LGM, the carbon content of the ocean was 622 Pg C less than the O-PI
experiment (Fig. 2.4; Table 2.3). The net loss of carbon reflected the combined effect of physical
changes to the ocean, which include an increase in solubility due to cooling, an expanded sea
ice field, an altered overturning circulation, and the tendency for outgassing caused by a lower
pCO2. The physical changes were sufficient in combination to increase carbon in the deep ocean
by 267 Pg C. However, lowering the atmospheric pCO2 to 185 ppm drove a large amount of
carbon out of the ocean, causing a loss of 889 Pg C from waters in the upper 2,000 metres. The
combined effect of our simulated LGM physical state could therefore not overcome the global
equilibration with a lower atmospheric pCO2 concentration.
The increase in carbon content in the glacial deep ocean did suggest that despite the net
loss caused by outgassing, the glacial ocean was indeed conducive to storing carbon. The loss
of carbon from the ocean of experiment O-PILGMCO2 demonstrated this (Fig. 2.4; Table 2.3). The
ocean carbon content of O-PILGMCO2 evolved to be 1,290 Pg less than the O-PI experiment, which
placed the O-LGM carbon content as 668 Pg greater than O-PILGMCO2 . This confirmed that the
glacial ocean had a greater ability to store carbon than the PI ocean.
To investigate this further, the individual contributions of glacial solubility, sea ice and
circulation to carbon sequestration were determined by comparing the idealised experiments
of O-PILGMice and O-PI
LGM
sol to O-PI
LGM
CO2
. Under a PI circulation and a pCO2 of 185 ppm,
solubility changes associated with the LGM increased the total carbon content of the ocean by
349 Pg C. Meanwhile, sea ice expansion reduced carbon content by 160 Pg. The gains and losses
of carbon in each experiment, respectively, occurred in the high latitudes (Fig. 2.4). Carbon
increased markedly in the Arctic and North Atlantic Ocean due to cooling, while decreases in
export production caused by sea ice expansion reduced carbon content of the sub-Arctic Pacific,
Labrador Sea and across the Southern Ocean. Circulation changes associated with the glacial
climate redistributed carbon from the upper to the deep ocean, and was therefore responsible
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Figure 2.4: Changes in the concentration of dissolved inorganic carbon (mmol m−3) of
the ocean due to physical differences between the Pre-Industrial (PI) and Last Glacial
Maximum (LGM). Panels on the left represent the zonally-averaged differences between
experiments (a) O-PILGMCO2 and (b) O-LGM with the O-PI experiment, and therefore show
total changes in carbon content due to all physical changes associated with the LGM
climate. Panels on the right represent the depth-averaged differences between experiments
(c) O-PILGMsol and (d) O-PI
LGM
ice with the O-PI
LGM
CO2
experiment, and therefore represent
the contribution of solubility and sea ice changes at the LGM to carbon storage in the
ocean.
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for the increase in deep ocean carbon in O-LGM. The isolated effect of the glacial circulation
was the addition of 479 Pg C, which was calculated by solving for the difference between the
combined effect of solubility and sea ice (189 Pg C) and the gain between the O-LGM and
O-PILGMCO2 experiments (668 Pg C).
Therefore, we primarily implicate circulation and secondarily solubility changes as the phy-
sical drivers of oceanic carbon storage at the LGM, while presenting sea ice expansion as a
mechanism for reducing ocean carbon storage. Regarding solubility, previous work has constrai-
ned the effect of glacial solubility on atmospheric carbon to approximately 15 ppm (Kohfeld
and Ridgwell, 2009; Sigman and Boyle, 2000). By taking the 1,290 Pg C difference between the
O-PI and O-PILGMCO2 experiments and assuming an a priori addition of 520 Pg C in a glacial
ocean (Ciais et al., 2011), we can attribute approximately 18 ppm to our simulated solubility
changes (Table 2.4). Our results are therefore roughly consistent with other estimates. Clearly
though, the tendency for carbon to be released to the atmosphere would have been reduced by
storing more carbon in the deep ocean. We therefore note that circulation changes and cooling
would have had a complementary effect on carbon sequestration, and magnified their individual
effects.
Regarding sea ice, a prevailing view is that sea ice expansion would enhance oceanic carbon
storage by limiting air-sea gas exchange (Stephens and Keeling, 2000). This theory largely
focuses on the restriction of outgassing from carbon-rich deep waters that upwell in the Southern
Ocean. However, this neglects responses in the Northern Hemisphere and in the biological pump.
In a seminal paper, Marinov et al. (2006) showed that export production and circulation in the
Antarctic zone has a strong effect on atmospheric CO2. We found that light limitation of highly
productive regions in both hemispheres caused by increased sea ice cover led to a global loss of
160 Pg C, equivalent to 8 ppm pCO2. Similar responses have been simulated in other models
that consider the impact of sea ice on biological production and do not consider temperature
and salinity changes associated with sea ice growth (Kurahashi-Nakamura et al., 2007; Sun and
Matsumoto, 2010).
Our results demonstrated that although the storage of carbon was enhanced in the glacial
ocean (668 Pg C) due to physical changes, namely due to the overturning circulation, they could
not overcome the loss of carbon (1,290 Pg C) caused by equilibration with a lower atmospheric
pCO2.
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Nutrients and export production
Like carbon, phosphate (PO4) concentrations in experiment O-LGM were redistributed from
the upper to the deep ocean (Fig. 2.5). This change was driven by a strengthened AABW
formation and is consistent with proxy reconstructions. Cadmium and δ13C measurements from
the Atlantic Ocean show increased nutrient concentrations in the deep ocean, but reduced levels
above 2,000 m at the LGM (Boyle, 1992; Gebbie, 2014; Marchitto and Broecker, 2006; Tagliabue
et al., 2009).
A direct consequence of the redistribution of PO4 was the reduction in the production of
particulate organic matter across many regions of the O-LGM ocean (Fig. 2.5). With the excep-
tion of the South Pacific and isolated areas in the subtropics, export production in the O-LGM
experiment decreased relative to the O-PI experiment, so that global export production was 56
% of O-PI. The global reduction was also illustrated by a decrease in regenerated carbon (Corg),
which indicated that the biological carbon pump was weakened (Table 2.3). The reduction
in export production and regenerated carbon for the O-LGM experiment is significant when
compared with other studies that argue for a more efficient glacial biological pump than that
of the Holocene (Galbraith and Jaccard, 2015; Schmittner and Somes, 2016). The weakened
efficiency of our simulated biological pump can be attributed, in part, to a large decrease in
export production from the sub-Antarctic zone. This feature is in direct conflict with palaeo-
productivity proxies in the Atlantic and Indian sectors of the sub-Antarctic Ocean (Anderson
et al., 2002, 2014; Chase et al., 2001; Jaccard et al., 2013; Nu¨rnberg et al., 1997), and some
parts of the Pacific sector (Bradtmiller et al., 2009; Lamy et al., 2014). Outside of the Southern
Ocean, the reduction in export production in the O-LGM experiment is largely consistent with
palaeoproductivity evidence (see Introduction).
Carbonate chemistry
The loss of phosphate from the upper ocean and its increase at depth was mirrored by changes
in alkalinity and salinity, so that a more alkaline and saline signature of AABW, relative to
NADW, dominated the deep ocean in experiment O-LGM. Alkalinity and salinity decreased by
66 mmol Eq m−3 and 0.37 psu in the surface ocean and increased by 147 mmol Eq m−3 and
2.71 psu in the deep ocean (Fig. 2.6).
Because the majority of LGM-PI change in salinity occurred in the deep ocean, the changes
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Figure 2.5: Changes in the export production of organic carbon CGexp and phosphate
concentrations between the O-LGM and O-PI experiments. (a) Annually averaged CGexp
from the euphotic zone (g Carbon m−2 year−1) for O-PI, (b) the O-LGM − O-PI difference
in phosphate concentrations (mmol m−3), and (c) the O-LGM − O-PI difference in CGexp
from the euphotic zone (g Carbon m−2 year−1).
in carbonate chemistry across the surface ocean were small. Little change between experiments
O-PI and O-LGM was found in the aragonite saturation state (Ωar), which is a unitless index
indicating under- and super-saturation at values below and above one (Fig. 2.7). Surface Ωar
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Figure 2.6: Change in the zonally-averaged global distribution of (a) alkalinity (mmol Eq
m−3), and (b) salinity (psu) between the O-LGM and O-PI experiments (O-LGM − O-
PI). Despite the strong reduction in salinity in upper ocean of the O-LGM experiment
relative to O-PI, the whole-ocean salt content was greater by 1.0 psu.
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between 40◦ S and 40◦ N in O-LGM (Ωar = 3.8) was slightly lower than that of O-PI (Ωar =
4.0), but increased in the high latitude oceans. Consequently, the simulated Ωar = 3.25 isoline,
the value at present used to define the location of viable coral reef conditions (Hoegh-Guldberg
et al., 2007), was nearly unchanged between the O-LGM and O-PI experiments. Recent sonar
and coring in the southern portion of the Great Barrier Reef (Abbey et al., 2011; Yokoyama
et al., 2011) have detected the presence of drowned coral reefs that existed at the LGM as far
south as reefs present today. Such observations are consistent with our O-LGM experiment and
indicates that the extent of viable coral reefs was unlikely to have been significantly different at
the LGM relative to today.
However, the magnitude of increase in alkalinity in the glacial deep ocean, which was not
accompanied by a stoichiometrically matched increase in carbon, caused unrealistic increases in
the calcite saturation horizon (Ωca = 1). The average position of the calcite saturation horizon
increased from 2666 metres in O-PI to 3208 metres in O-LGM. While this increase may seem
modest, the increase exceeded the ocean floor over the majority of the ocean, so that seawater
was completely saturated for calcite outside of the eastern tropical Pacific (Fig. 2.8). There is
good evidence that the carbonate chemistry of the LGM ocean was not appreciably different to
the Late Holocene (Yu et al., 2014), and this information places our simulated changes in deep
ocean Ωca at the LGM as unrealistic.
Dissolved oxygen
Experiment O-PI produced a global average oxygen concentration of ∼181 mmol O2 m−3, similar
to the PI global average of about 178 mmol O2 m
−3 (Garcia, 2005). The combination of cooler
SSTs, an enhanced subduction of AABW and the reduction in export production in experiment
O-LGM dramatically increased the oxygen content in both the upper and deep ocean by ∼80 and
∼120 mmol m−3, respectively, which constituted a global increase of 55 % (Fig. 2.9; Table 2.3).
The increase in dissolved oxygen in O-LGM was considerable, but agreed well with proxy
reconstructions for the upper ocean. The oxygen-poor intermediate waters of the western North
Pacific (Ishizaki et al., 2009; Shibahara et al., 2007), eastern North Pacific (Cannariato and
Kennett, 1999; Cartapanis et al., 2011; Chang et al., 2014; Dean, 2007; Nameroff et al., 2004;
Ohkushi et al., 2013; Pride et al., 1999; van Geen et al., 2003), eastern South Pacific (Martinez
et al., 2006; Muratli et al., 2010; Salvatteci et al., 2016), Equatorial Pacific (Leduc et al., 2010)
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Figure 2.7: The annual average surface aragonite saturation state (Ωar) calculated from
(a) the observations of Key et al. (2004), (b) the O-PI experiment, and (c) the O-LGM
experiment.
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Figure 2.8: The depth at which calcite becomes undersaturated in the water column
(where Ωca = 1) calculated from (a) the observations of Key et al. (2004) (global mean
calcite saturation horizon = 2610 m), (b) the O-PI experiment (global mean calcite satu-
ration horizon = 2666 m), and (c) the O-LGM experiment (global mean calcite saturation
horizon = 3208 m). The contour lines represent 500, 1000, 2000 and 3000 metres depth.
Note that the O-LGM experiment, which is unmodified in its biogeochemistry relative to
the O-PI experiment, is completely saturated for calcite across the majority of the ocean
(white space).
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Figure 2.9: Zonally-averaged dissolved oxygen concentrations (mmol m−3) in (a) the mo-
dern ocean according to the World Ocean Atlas (Garcia et al., 2013), (b) the O-PI expe-
riment, and (c) the O-LGM experiment.
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and Indian Ocean (Reichart et al., 1998; Suthhof et al., 2001; van der Weijden et al., 2006)
were better oxygenated at the LGM relative to the PI climate. An important consequence of
oxygenating the upper ocean is a reduction in the strength of denitrification in the these regions.
Sedimentary δ15N records suggest that global aggregate rates of water column denitrification
rates over the past 200,000 years were lower during glacial periods and higher during interglacial
periods (Galbraith et al., 2004), and this is consistent with the simulated oxygenation of the
upper ocean.
However, dissolved oxygen concentrations in the deep ocean increased to an average of 300
mmol O2 m
−3 in O-LGM, and this contrasts starkly with existing palaeoclimate reconstructions.
Deep waters of the Indian (Murgese et al., 2008; Sarkar et al., 1993; Schmiedl and Mackensen,
2006), North Atlantic (Hoogakker et al., 2014), Southern Ocean (Chase et al., 2001; Jaccard
et al., 2016) and Equatorial Pacific (de la Fuente et al., 2015) were poorly ventilated at the
LGM relative to the Holocene. Drawing from a global compilation of like studies, Jaccard and
Galbraith (2012) and Jaccard et al. (2014) demonstrated that the deep ocean was largely deoxy-
genated relative to the Holocene on a global scale. While the increase in oxygen concentrations
in the upper ocean aligned with the direction of change inferred from proxies, the response in
the deep ocean can be considered unrealistic.
2.3.3 Importance of ocean biogeochemistry for climate
The carbon content, export production field, carbonate chemistry, and deep ocean oxygen con-
tent of experiment O-LGM are outstanding in their disagreement with proxy evidence. Notably,
622 Pg C was lost from experiment O-LGM relative to O-PI. The standard LGM simulation was
therefore unable to explain the glacial-interglacial drawdown of atmospheric CO2, despite the
existence a physical ocean state within realistic bounds. If we are to reconcile the biogeoche-
mistry of the glacial ocean with that inferred from proxy evidence, we must therefore consider
altering ocean biogeochemistry.
Reconciling the carbon budget
Three plausible modifications to ocean biogeochemistry (see methods) were considered: (1)
increased export production, (2) increased depth of remineralisation, and (3) reduced inorganic
carbon export. In the following we step through the changes to carbon content caused by each
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modification, and the reader is directed to Table 3 for reference.
(1) Experiment O-LGMBGCexp . Although the scaling factor controlling the export of organic
matter was increased 10-fold, the actual increase in CGexp averaged over the global ocean was
more modest at roughly 30 %. Because most of the ocean became phosphate limited as greater
quantities of nutrients were redistributed into the deep ocean, the increase in export production
in experiment O-LGMBGCexp was only felt in those regions where PO4 was not limiting. The sub-
Antarctic zone of the Southern Ocean experienced the greatest increase in export production
(∼250 %), followed by a few small regions along the Chilean margin and in the Northwest Pacific
(Fig. 2.10). These regional responses caused the global net export production rate to increase
from 4.48 to 5.96 Pg C yr−1. Although this rate of carbon export was still lower than the O-PI
experiment of 8.02 Pg C yr −1, this increased carbon content by 179 Pg C.
(2) Experiment O-LGMBGCrem . The shift of organic matter to depth was associated with a
global reduction in export production of ∼1.2 Pg C yr−1 as remineralisation released PO4 and
carbon further from the photic zone. Despite the reduction in the biological pump, the bulk
transfer of organic matter to depth generated an increase in ocean carbon storage of 167 Pg C.
(3) Experiment O-LGMBGCpic . The elimination of inorganic carbon export C
inorg
exp in the
simulated glacial ocean increased the solubility of CO2 in the surface ocean and enabled the
ocean to store an additional 329 Pg C.
Independently, none of the above modifications were able to increase ocean carbon content re-
lative to the O-PI experiment (O-LGMBGCexp : −443 Pg C; O-LGMBGCrem : −455 Pg C; O-LGMBGCpic :
−293 Pg C). However, by employing all three biogeochemical modifications in one experiment
(Experiment O-LGMBGCall ), the glacial ocean was able to store an additional 939 Pg C more
than experiment O-LGM and 317 Pg C more than O-PI.
This magnitude of increase places our glacial ocean state within the plausible bounds required
to offset the loss of atmospheric and terrestrial carbon reported by Ciais et al. (2011) of ∼520 ±
400 Pg C at the LGM (Table 2.4). By assuming a glacial-interglacial difference in atmospheric
CO2 of 95 ppm and applying this to our changes in carbon content, we attribute roughly 40 ppm
to changes in ocean physics and 55 ppm to changes in the biological pump. Within the physical
changes, 28 ppm is attributed to the reorganisation of the global overturning circulation, while
12 ppm can be attributed to changes in surface properties, including sea ice expansion, cooling
and salinification.
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Figure 2.10: Change in annually averaged export of particulate organic carbon from the
upper 50 m (g Carbon m−2 year−1) between the LGM and PI from the experiments with
modified biogeochemical formulations for (a) O-LGMBGCexp − O-PI, (b) O-LGMBGCrem − O-
PI, and (c) O-LGMBGCall − O-PI. It should be noted that the export production field
of particulate organic carbon for experiment O-LGMBGCpic , whereby particulate inorganic
carbon was set to zero, did not differ from unmodified experiment O-LGM and is therefore
not shown. For this comparison, the reader is directed to Figure 5.
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Reconciling export production
Of the three biogeochemical modifications applied to the LGM ocean, only two had an effect
on carbon export, as changes to Cinorgexp had no influence on the export of organic carbon (see
equation 2.3). Deepening the remineralisation of organic matter (O-LGMBGCrem ) shifted a greater
fraction of regenerated PO4 into the deep ocean, which resulted in a global reduction of export
production. Increasing the scaling factor (O-LGMBGCexp ), however, caused an increase in global
export production from 4.48 to 5.96 Pg C yr−1. Most of this increase occurred in the Southern
Ocean, particularly the sub-Antarctic zone, and in a few isolated pockets in the Northwest
Pacific and North Atlantic where excess nutrients were available (Fig. 2.10).
The increase in the scaling factor dominated the change in export production produced
when combining all three biogeochemical modifications (O-LGMBGCall ). The strong increase in
export production observed in the sub-Antarctic was clearly replicated within this experiment
and reconciles our simulated export production field with current evidence of productivity at
the LGM. In the Southern Ocean, the Atlantic and Indian sectors of the sub-Antarctic zone
experienced a greater flux of organics (Anderson et al., 2002, 2014; Chase et al., 2001; Jaccard
et al., 2013; Nu¨rnberg et al., 1997). Whether this was also the case for the Pacific sector remains
under debate, with some evidence for increase (Bradtmiller et al., 2009; Lamy et al., 2014) and
some for no change (Bostock et al., 2013; Chase et al., 2003). Meanwhile, it is widely accepted
that waters south of the Antarctic Polar Front were reduced in their productivity (Bostock
et al., 2013; Chase et al., 2003; Elderfield and Rickaby, 2000; Francois et al., 1997; Frank et al.,
2000; Kohfeld, 2005; Kumar et al., 1995; Mortlock et al., 1991; Ninnemann and Charles, 1997;
Shemesh et al., 1993), likely due to increased sea ice extent (Benz et al., 2016; Gersonde et al.,
2005; Jaccard et al., 2013) and stratification (Anderson et al., 2014; Jaccard et al., 2005).
In experiment O-LGMBGCall , net export production remained less than the O-PI experiment
by 3.16 Pg C yr−1 despite the application of biogeochemical modifications. The weakened carbon
transfer to the interior ocean was also observed in the regenerated carbon content of the ocean
(Corg), which was 646 Pg less than the O-PI experiment (Table 2.3). The net decline in export
production observed in this study was dominated by the decline in tropical and subtropical
waters. Many palaeoproductivity studies located outside of the sub-Antarctic zone have found
weakened productivity at the LGM (Chang et al., 2014, 2015; Costa et al., 2016; Crusius et al.,
2004; Jaccard et al., 2005; Kohfeld, 2005; Kohfeld and Chase, 2011; McKay et al., 2015; Ortiz
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et al., 2004; Riethdorf et al., 2013; Salvatteci et al., 2016; Singh et al., 2011; Thomas et al., 1995).
Additionally, an enhanced utilisation of available nutrients in the sub-Antarctic zone (Martinez-
Garcia et al., 2014) would reduce the nutrient content of intermediate waters formed in the
Southern Ocean and would thus reduce the delivery of nutrients to lower latitudes (Sarmiento
et al., 2004). This mechanism coupled with cooler temperatures caused reductions in export
production across much of the mid and lower latitude oceans in experiment O-LGMBGCall , which
maintains the qualitative agreement between the simulated export production field and proxy
observations. However, the global weakening of the biological pump in our simulations is contrary
to proxy and model-based evidence for a strengthened biological pump (> Corg) at the LGM
(Galbraith and Jaccard, 2015; Schmittner and Somes, 2016). Hence, while we present good
spatial agreement between O-LGMBGCall and palaeoproductivity proxies at the LGM, which was
essential to increasing the carbon content of the ocean, we note that additional increases in the
export production field may be valid.
Reconciling carbonate chemistry
There is good evidence that the carbonate chemistry of the glacial deep ocean was not appreci-
ably different to the Late Holocene (Yu et al., 2014). Because much of the ocean was saturated
for calcite in the O-LGM experiment, additional processes were required to shoal the depth at
which calcite becomes unsaturated (Ωca = 1), and thereby reconcile proxy evidence.
One mechanism to reduce deep ocean Ωca would be to reduce continental inputs of alkalinity
at the LGM. However, the presence of glaciers, drier atmospheric conditions and the exposure
of continental shelves due to lower sea level would have increased the supply of carbonates to
the ocean (Gibbs and Kump, 1994; Riebe et al., 2004), thereby increasing ocean alkalinity and
further deepening the carbonate saturation horizon. This mechanism has been largely refuted
as having a significant effect on the glacial-interglacial difference in the carbon budget (Brovkin
et al., 2007; Foster and Vance, 2006; Jones et al., 2002), and can therefore be ignored.
The individual biogeochemical modifications were also insufficient to reduce Ωca to be con-
sistent with palaeo evidence. However, combining all three modifications in experiment O-
LGMBGCall reduced Ωca significantly (Fig. 2.11), and produced a globally-averaged calcite satu-
ration horizon at 2839 metres. Remarkably, our simulated PI to LGM changes in Ωca are also
consistent with palaeoproxy reconstructions in a regional sense. The calcite saturation horizon
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in the Pacific Ocean was deeper in experiment O-LGMBGCall relative to O-PI, but was shallower
in the Atlantic Ocean and within the Atlantic and Indian sectors of the sub-Antarctic zone.
Similar changes are seen in the proxy record, with a deepening of less than 1,000 metres in the
North Pacific and Southern Ocean at the LGM (Anderson et al., 2002; Catubig et al., 1998),
and a shoaling in the Atlantic Ocean (Anderson et al., 2002).
Figure 2.11: The depth at which calcite becomes undersaturated in the water column
(where Ωca = 1) for the experiments with modified biogeochemical formulations. (a) O-
LGMBGCexp , (b) O-LGM
BGC
rem , (c) O-LGM
BGC
pic , and (d) O-LGM
BGC
all . The white areas in the
ocean are regions where calcite is completely saturated throughout the water column.
An important caveat of this study, which cannot be ignored, is the exclusion of calcium
carbonate (CaCO3) burial within ocean sediments. Because this process is not included in the
model, it is highly likely that the deepening of the calcite saturation horizon that occurred in
the standard LGM experiment (O-LGM) was too extreme. CaCO3 burial lowers the alkalinity
of the glacial ocean, and is therefore a negative feedback mechanism that modulates changes in
carbonate chemistry (see Sigman et al., 2010, for a review). If calcite saturation increases through
the water column, as found in O-LGM, the burial of CaCO3 would increase and subsequently
mitigate the rise in whole-ocean alkalinity, which would in turn mitigate the rise in calcite
saturation and the ability of the ocean to store carbon. By not taking this process into account,
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both the deepening of the calcite saturation horizon and the storage of carbon were overestimated
in experiment O-LGM.
However, the same reasoning can be applied to the experiments with biogeochemical modi-
fications. If the burial of CaCO3 was included in these experiments, the shoaling of the calcite
saturation horizon would have been somewhat mitigated by decreased CaCO3 burial that in-
creased ocean alkalinity (Archer and Maier-Reimer, 1994). Consequently, the shoaling that was
observed in these experiments was likely exaggerated, just as the deepening observed in experi-
ment O-LGM was exaggerated. Again, this can be applied to changes in the carbon content of
the ocean, as a shallower calcite saturation horizon would have increased whole-ocean alkalinity
and thereby increased carbon storage. This effect would have been particularly important for
experiment O-LGMBGCpic , where inorganic carbon export was eliminated. If whole-ocean alka-
linity was able to respond to a decrease in CaCO3 rain, this would have amplified the carbon
sequestration of experiment O-LGMBGCpic . Therefore, the exclusion of CaCO3 burial in experi-
ment O-LGMBGCall (O-LGM) caused an exaggerated shoaling (deepening) of the calcite saturation
horizon and an underestimated (overestimated) carbon content.
Reconciling dissolved oxygen
As discussed previously, the increase in oxygen concentrations of the upper ocean in experiment
O-LGM is consistent with the current assemblage of proxy evidence. All experiments with
modified biogeochemistry, including O-LGMBGCall , had little effect on the upper ocean oxygen
concentration (Fig. 2.12; Table 2.3), and therefore did not compromise the agreement between
simulated and proxy oxygen reconstructions.
Modifying ocean biogeochemistry did, however, have a large effect on the oxygen concentra-
tions of the deep ocean (Fig. 2.13). Increasing export production (O-LGMBGCexp ) and deepening
the remineralisation depth (O-LGMBGCrem ) both reduced oxygen concentrations by 28 and 13
mmol m−3, respectively. The combination of these modifications (O-LGMBGCall ) amplified their
individual effects, so that deep ocean oxygen was reduced by 63 mmol m−3 relative to O-LGM.
The increased sensitivity of deep ocean oxygen to the combination of increased export pro-
duction and a deeper remineralisation depth was also observed in the increase in the quantity
of regenerated nutrients (Corg) that resulted (Table 2.3). A greater proportion of regenerated
nutrients relative to preformed nutrients at the LGM has been identified as a key driver of inte-
98
The importance of marine biological processes for carbon storage and biogeochemistry
Figure 2.12: Change in oxygen concentration (mmol m−3) at 500 m between the LGM and
PI for the experiments with modified biogeochemical formulations. (a) O-LGMBGCexp − O-
PI, (b) O-LGMBGCrem − O-PI, (c) O-LGMBGCpic − O-PI, and (d) O-LGMBGCall − O-PI. A
depth of 500 m is representative of the depth at which the greatest extent of low oxygen
water exists in the simulated PI climate. It should be noted that the oxygen field for
experiment O-LGMBGCpic , whereby particulate inorganic carbon was set to zero, did not
differ from the unmodified glacial experiment O-LGM and can therefore be used here as
a reference to that simulation.
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rior ocean deoxygenation (Jaccard and Galbraith, 2012; Sigman et al., 2010), and this process
was captured in experiment O-LGMBGCall .
Figure 2.13: Change in oxygen concentration (mmol m−3) at 3,500 m between the
LGM and PI for the experiments with modified biogeochemical formulations. (a)
O-LGMBGCexp − O-PI, (b) O-LGMBGCrem − O-PI, (c) O-LGMBGCpic − O-PI, and (d) O-
LGMBGCall − O-PI. A depth of 3,500 m is representative of the deep ocean. It should
be noted that the oxygen field for experiment O-LGMBGCpic , whereby particulate inorganic
carbon was set to zero, did not differ from the unmodified glacial experiment O-LGM and
can therefore be used here as a reference to that simulation.
While the combination of biogeochemical modifications (O-LGMBGCall ) did reduce deep ocean
oxygen towards the concentrations of the PI ocean in a number of areas (Fig. 2.13), by no means
were global deep ocean concentrations (237 mmol m−3) lower than those of O-PI (180 mmol
m−3). The simulated oxygenation of the deep ocean remains in contrast to proxy records. Ho-
wever, this inconsistency may be resolved by addressing some key differences in physical and
biogeochemical fields that evolved in our simulations. A key physical mechanism to reduce deep
ocean oxygen concentrations would include equivalent or slower formation rates of major ocean
deep waters (as per Menviel et al., 2017) combined with an intensified coverage of sea ice in
the region of their formation. The growth of sea ice and the formation rate of AABW were
likely too strong in our LGM simulation (see sections 2.3.1 and 2.3.1), and we therefore suggest
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that a sluggish circulation is necessary for reducing deep ocean oxygen. Key biogeochemical
mechanisms include a further increase in global export production, and/or a different spatial
pattern of export production, and/or increasing the injection of organic matter to deep water
via further lengthening the remineralisation profile. The weakened biological pump in our LGM
simulations contrasts with other studies (Galbraith and Jaccard, 2015; Schmittner and Somes,
2016), and indicates export production may be underestimated by our simulations. The com-
bination of a more sluggish deep ocean circulation with an enhanced export of organics would
significantly reduce the oxygen content of the deep ocean, while potentially further increasing
carbon storage.
2.4 Conclusions
In this study we have shown that simulated physical changes in the ocean state during the
climate of the Last Glacial Maximum are not sufficient to explain the 80-100 ppm drawdown of
atmospheric CO2. Physical changes associated with the glacial climate, including an expanded
sea ice field, increased solubility and a reorganisation of the global overturning circulation,
were responsible for roughly 40 ppm of CO2 drawdown. The effect of circulation on carbon
storage was greatest at 28 ppm, and was associated with an expansion of southern source
waters throughout the deep ocean. Thus, various biogeochemical modifications were necessary
to further increase carbon storage in the ocean. The biogeochemical modifications explored in
this study were (1) an increase in export production consistent with greater iron fertilisation,
(2) a shift of remineralisation to the deep ocean consistent with cooler temperatures, and (3) a
decrease in the production of particulate inorganic carbon consistent with cooler temperatures
and increased delivery of silicate to lower latitudes. Together, these modifications increased
the carbon content of the ocean and, combined with physical changes, were able to account for
the loss of carbon from the atmosphere and land at the Last Glacial Maximum. Furthermore,
their addition improved model-proxy agreement in the fields of export production, carbonate
chemistry and dissolved oxygen. This study demonstrates that fundamental changes to ocean
biogeochemical function are required to explain glacial-interglacial cycles.
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Technical Prelude to Chapter 3
The marine nitrogen cycle was added to the ocean biogeochemical component of the CSIRO
Mk3L-COAL Earth System Model (Fig. T3.1). The motivation for the addition was (1) to
include nitrate (NO3) in the cycling of organic matter, as this nutrient plays an important role
in the limitation of primary production across much of the lower latitude oceans (Moore et al.,
2013), and (2) to incorporate new biogeochemical feedbacks to the ocean that have implications
for oxygen, nutrients and carbon. An abiotic dissolved oxygen tracer was also added for use in
the experiments presented in Chapter 3.
The marine nitrogen cycle in CSIRO Mk3L-COAL
Sources
The marine nitrogen cycle is unique in that its sources and sinks are almost entirely mediated
by biology (Gruber, 2008). Where other elemental cycles, such as carbon and oxygen, have a
significant air-sea gas exchange component, the source of biologically available nitrogen to the
ocean is mostly due to nitrogen fixation (Karl et al., 2002). Specialised photosynthetic organisms,
called nitrogen fixers, are able to utilise dinitrogen gas (N2), which is abundant throughout the
ocean. By breaking the strong triple bond of N2 to create organic matter, nitrogen fixers convert
an inert form of nitrogen into biologically available forms. The organic matter created through
nitrogen fixation is then remineralised and releases fixed nitrogen, providing the major source
of NO3.
In CSIRO Mk3L-COAL, the export of organic matter via nitrogen fixers, otherwise known as
diazotrophs (D), (PDexp), is explicitly calculated as a function of temperature (T), nitrate (NO3),
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Figure T3.1: The nitrogen cycle is added the model. (1) = carbon chemistry calculations
(Orr et al., 2002); (2) air-sea gas exchange and virtual fluxes (Orr et al., 2002); (3)
= marine ecosystem production and export; (4) = water column remineralisation. The
marine ecosystem represents three forms of phytoplankton: a general type, nitrogen fixers
and calcifiers. O2 = dissolved oxygen; DIC = dissolved inorganic carbon; Alk = alkalinity;
PO4 = phosphate; NO3 = nitrate; dFe = dissolved bioavailable iron. Blue lines represent
ocean circulation, and the pink shading represents suboxia.
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and iron (Fe), with an additional sea ice component, according to the following equations:
PDexp = S
D
E:P · µ(T )D
(
T
)
·max
(
0.001, min
(
NDlim, Fe
D
lim
))
· (1− Ico) (T3.1)
where,
SDE:P = 0.005 mmol PO4 m
−3
µ(T )D = max(0.005, −0.0042T 2 + 0.2253T − 2.7819) (T3.2)
NDlim = e
−NO3 (T3.3)
FeDlim = max
(
0.0, tanh(2Fe− 0.5big) (T3.4)
In the above, SDE:P represents the export to production ratio in mmol of phosphorus (P) m
−3. Its
value is the same as the general phytoplankton group (SGE:P = 0.005 mmol P m
−3 day−1), and
produces a global nitrogen fixation rate within the range of contemporary estimates of between
130 and 230 Tg N yr−1 (Brandes et al., 2007; Codispoti, 2007; DeVries et al., 2012; Eugster
and Gruber, 2012; Grokopf et al., 2012; Luo et al., 2012). µ(t)D is the maximum growth rate
per day of nitrogen fixers and is a function of sea surface temperature (◦C). The relationship
between µ(T )D and T is quadratic and taken from Kriest and Oschlies (2015), who modified the
parameterised relationship of Breitbarth et al. (2007), where growth only occurs between ∼18
and 34 ◦C and hits a maximum rate of 0.2395 d−1 at T = 26.82 ◦C. However, based on recent
observations that show that nitrogen fixation occurs in cool water environments (Blais et al.,
2012; Shiozaki et al., 2015), a positive minimum rate of 0.005 d−1 is set globally.
The first nutrient limitation to diazotrophic production is the requirement that NO3 be li-
miting in the environment. As NO3 concentrations exceed 3.0 mmol m
−3, PDexp continues to
decline asymptotically beneath 5 % of its maximum potential set by µ(T )D. This parameterisa-
tion is informed by the inhibition of nitrogen fixation at NO3 concentrations above 5 mmol m
−3
(Holl and Montoya, 2005). The second term represents the high requirement of nitrogen fixers
for Fe, where no nitrogen fixation can occur when Fe concentrations fall below 0.3 µmol m−3.
This lower bound is somewhat arbitrary, but is informed by observations of nitrogen fixation
occurring above a background rate when Fe concentrations exceeded 0.2-0.4 µmol m−3 in the
Atlantic (Moore et al., 2009). As Fe concentrations exceed 0.3 µmol m−3 the limitation by
Fe is quickly reduced, so that Fe limitation becomes negligible at concentrations greater than
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1 µmol m−3. Finally, the term Ico represents the concentration of sea ice, so that where sea
ice coverage is 100%, no nitrogen fixation can occur. Light was ignored as a limiting factor
because of its strong correlation with temperature (Luo et al., 2014), and considering the work
by McGillicuddy (2014) who showed that light has no limiting effect to nitrogen fixation in the
North Atlantic.
The export of organic matter by diazotrophs (PDexp) is made separate from the production
of organic matter by the general phytoplankton group (PGexp). This distinction was not only ne-
cessary to prescribe different environmental limitations, but also allowed a unique stoichiometry
to be prescribed. A P:N:C:Fe stoichiometry for PDexp was set to 1:50:331:0.00064 according to
physiological studies (Karl and Letelier, 2008; Kustka et al., 2003; Mills and Arrigo, 2010). With
this stoichiometry, we apply Orem:P and Nrem:P requirements of 431 and 294.8, respectively,
using the equations and assumptions of Paulmier et al. (2009).
Although nitrogen fixation is not limited by phosphate (PO4) in CSIRO Mk3L-COAL, P
D
exp
does involve the uptake of PO4 from the surface ocean. PO4 may therefore be removed past zero
if nitrogen fixation is strong enough. The decision to exclude PO4 as a limiting nutrient and allow
uptake of PO4 past zero was informed by the competitive ability of nitrogen fixers to scavenge
dissolved organic phosphorus in the water column (Dyhrman et al., 2006; Landolfi et al., 2015;
Moore et al., 2009). The ocean biogeochemical model was not equipped to simulate dissolved
organic phosphorus, and thus PO4 concentrations were initially allowed to be removed past
zero to accommodate scavenging of dissolved organic phosphorus. Excluding PO4 as a limiting
nutrient to nitrogen fixation enabled the known patterns of nitrogen fixation to be reproduced,
such as strong rates in the PO4-limited North Atlantic (Westberry and Siegel, 2006), and to
match other well performing models (Landolfi et al., 2015; McGillicuddy, 2014).
The addition of NO3 due to nitrogen fixation was complemented with the deposition of
reactive nitrogen from the atmosphere. The monthly climatology of the combined wet and dry
deposition of reactive nitrogen to the surface layer was calculated from the final 30 years of
output produced by the GISS model during its pre-industrial experiment as part of the CMIP5
model contingent. The initial fields that the GISS model used were produced by Lamarque et al.
(2013). The annual total deposition of nitrogen to the surface ocean using this climatology is
∼11.3 Tg N year−3.
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Sinks
Denitrification involves the reverse of nitrogen fixation in simplistic terms, where the consump-
tion of NO3 at depth produces N2 and therefore removes biologically available nitrogen from the
ocean. This process occurs in the ocean interior where oxygen (O2) concentrations are low. NO3
molecules therefore represent an alternative electron donor to O2 molecules during respiration.
The computation of denitrification in CSIRO Mk3L-COAL is a function of O2, NO3 and the
concentration of PGexp and P
D
exp that enters a given depth level. First, the relationship between
O2 and the strength of denitrification (rden) is set according to a sigmoidal function:
rden =
1
1− e0.5x + eO2−0.5x (T3.5)
In the above, rden is made to vary between 0 and 1 depending on the O2 concentration, for which
an upper limit at which denitrification ceases is set by x mmol O2 m
−3. At concentrations of O2
above x only oxic remineralisation can take place. The O2 concentration at which denitrification
starts to occur is set at 7.5 mmol m−3. This parameterisation ensures that 50 % of organic matter
is remineralised by denitrification at an oxygen concentration of 3.75 mmol m−3, and that > 97
% of organic matter is remineralised by NO3 at O2 concentrations less than 1 mmol m
−3.
Second, the strength of denitrification (rden) is reduced if the concentration of NO3 is deemed
to be limiting. If no NO3 is present, then denitrification will not occur. Likewise, if the removal
of NO3 due to denitrification exceeds the concentration of NO3 that is available, then rden
will be reduced so that NO3 is not removed past zero. However, with only this limitation in
place the concentrations of NO3 were completely depleted in suboxic zones. This has been
observed in other biogeochemical models (Moore and Doney, 2007; Schmittner et al., 2008).
Importantly, the depletion of NO3 is not an accurate reflection of suboxic zones, for which NO3
concentrations are observed to be ∼15 to 40 mmol m−3 (Codispoti and Richards, 1976; Voss
et al., 2001). Therefore, an additional constraint (relaxden) was placed on rden to enforce slower
rates of denitrification relative to oxic remineralisation, and thus emulate slower remineralisation
via denitrification that is observed in the oxygen minimum zones (Su et al., 2015).
relaxden = max
(
0.0, −1 + 2 · NO3
40
)
(T3.6)
if relaxden < rden, then rden = relaxden
127
REFERENCES
This addition ensured that denitrification could not occur at concentrations of NO3 less than 20
mmol m−3, and that NO3 concentrations within denitrifying zones always remained above the
lower bounds of observations (∼15 mmol m−3).
Internal cycling
Production of the general phytoplankton group
Nitrate needed integration within the calculation of export production for the general phy-
toplankton group (PGexp). This calculation became:
PGexp = S
G
E:P · µ(T )G ·min
(
PGlim, N
G
lim, Fe
G
lim, F (I)
)
(T3.7)
where,
SGE:P = 0.005 mmol PO4 m
3
µ(T )G = 0.59 · 1.0635T (T3.8)
PGlim =
PO4
PO4 +KPO4
(T3.9)
NGlim =
NO3
NO3 +KNO3
(T3.10)
FeGlim =
Fe
Fe+KFe
(T3.11)
F (I) = 1− e−G(I) (T3.12)
G(I) =
I · α · PAR
µ(T )
(T3.13)
The half-saturation coefficeient for NO3 (KNO3) was set to 0.75 mmol m
−3 based on the studies
of Carpenter and Guillard (1971); Eppley et al. (1969).
Remineralisation
The remineralisation of PDexp occurs according to the same rate as P
G
exp, which is set by the
Martin curve (Eq. T2.8) with a b exponent equal to -0.858.
However, explicitly accounting for NO3 and the process of denitrification meant changing
how organic matter within suboxic environments was remineralised. Previously, all organic
matter to be remineralised at a given depth level was remineralised, even if O2 was at or close to
zero. Denitrification was implicitly accounted for by remineralising organics without removing
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O2. The explicit inclusion of denitrification meant that organic matter, O2 and NO3 needed
to be conserved in the water column. If O2 and NO3 were not sufficient to support complete
remineralisation of organics at a given depth level, then the unremineralised fraction of organic
matter was passed to the next depth level. The unremineralised portion of organic matter falling
from surface waters was passed to deeper levels until complete remineralisation was possible.
The transfer of organics to depth in the suboxic zones was therefore very efficient, consistent with
observations (Cavan et al., 2017). Once organic matter reached the final depth level, all organic
matter was remineralised. If O2 and NO3 were not sufficient to remineralise the organics that
arrived at the final depth level, then other pathways for reduction were assumed to be sufficient.
This included sulfate reduction and methanogenesis (Sarmiento and Gruber, 2006), but since
these were not explicitly included, we simply assumed the reactants are always available.
Stoichiometry
The quantity of nitrogen involved in organic matter cycling is prescribed according to the Red-
field ratio. By analysing the elemental components of organic matter, Redfield et al. (1937) and
Fleming (1940) identified that carbon, nitrogen and phosphorus varied proportionally in a ratio
of 106:16:1.
Now that we consider nitrogen explicitly within the ocean of CSIRO Mk3L-COAL, we must
also calculate how much NO3 is required per unit phosphorus during denitrification. Redfield
(1963) applied his stoichiometry of marine organic matter to calculate the oxygen produced
and consumed during the production and remineralisation of organic matter, respectively, and
obtained a C:N:P:O2 ratio of 106:16:1:-138. These ratios assume that the composition and
remineralisation of marine organic matter can be defined by the following stoichiometric formula.
(CH2O)106(NH3)16(H3PO4) + 138O2 = 106CO2 + 16HNO3 +H3PO4 + 122H2O (T3.14)
The ratio of (Redfield, 1963) therefore makes an implicit assumption regarding the quantities of
hydrogen and oxygen atoms that accompany the carbon, nitrogen and phosphorus atoms within
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marine organic matter (Anderson, 1995).
H:P = 2C:P + 3N:P + 3 = 263 (T3.15)
O:P = C:P + 4 = 110 (T3.16)
Once a C:N:P:H:O ratio is known, it is possible to calculate the amount of O2 (Orem:P)
and NO3 (Nrem:P) that are needed to completely remineralise the organic matter into its major
inorganic constituents (CO2, NO3 and PO4). For oxygen, this is done using the following formula
(Anderson, 1995; Paulmier et al., 2009):
O2:P = −(C:P + 0.25H:P − 0.5O:P − 0.75N:P + 1.25)− 2N:P = −138 (T3.17)
And we find the original ratio of -138:1 given by Redfield (1963). Likewise, the consumption of
NO3 due to complete denitrification (suboxic remineralisation) can also be calculated according
to the formula of Paulmier et al. (2009):
NO3:P = −(0.8C:P + 0.25H:P − 0.5O:P − 0.75N:P + 1.25) + 0.6N:P = −94.4 (T3.18)
Thus, the exchange of elements through the biological pump is prescribed according to a
C:N:P:Orem:Nrem ratio of 106:16:1:-138:-94.4.
Alkalinity
External and internal inputs and losses of NO3 to CSIRO Mk3L-COAL required an alteration
to the calculation of alkalinity. An addition of NO3 at any given grid cell was accompanied by
an addition of equal amounts of protons to the water column (Wolf-Gladrow et al., 2007), and
required a reduction in alkalinity. Meanwhile, the removal of NO3 molecules requires an addition
of alkalinity. The sources and sinks of alkalinity therefore partly mirror the sources and sinks of
NO3.
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Brief overview of nitrate (NO3) tracer
The inventory of NO3 in CSIRO Mk3L-COAL is thus determined at this stage of development by
two sources and one sink. The sources are nitrogen fixation (constituting the largest source) and
atmospheric deposition of reactive nitrogen to the ocean surface, which constantly adds 11.3 Tg
N yr−1 across the annual cycle. The sink is water column denitrification, and is located in areas
where the concentration of dissolved oxygen is below 7.5 mmol m−1. Sedimentary denitrification
is not considered, but is included in the technical prelude to Chapter 4.
The distribution of NO3 is determined by these sources and sinks, the internal cycling of
NO3 via organic matter production and export, as well as the interaction that these processes
have with the circulation and biogeochemical conditions (i.e. oxygenation, iron delivery) of the
ocean. The marine nitrogen cycle therefore represents a biogeochemical cycle with strong links
across physical and biogeochemical properties.
Abiotic dissolved oxygen
An additional tracer of dissolved oxygen that does not include biological terms (abioO2) was
added to the biogeochemical model for the purposes of solving for True Oxygen Utilisation
(TOU), where:
TOU =abio O2 −O2 (T4.6)
Summary
The ocean component of the CSIRO Mk3L-COAL Earth system model was supplemented with
the addition of a prognostic marine nitrogen cycle, and an abiotic dissolved oxygen tracer.
131

References
Anderson, L. A.: On the hydrogen and oxygen content of marine phytoplankton, Deep Sea
Research Part I: Oceanographic Research Papers, 42, 1675–1680, https://doi.org/10.1016/
0967-0637(95)00072-E, 1995.
Blais, M., Tremblay, J. E´., Jungblut, A. D., Gagnon, J., Martin, J., Thaler, M., and Lovejoy, C.:
Nitrogen fixation and identification of potential diazotrophs in the Canadian Arctic, Global
Biogeochemical Cycles, 26, https://doi.org/10.1029/2011GB004096, 2012.
Brandes, J. A., Devol, A. H., and Deutsch, C.: New developments in the marine nitrogen cycle,
Chemical Reviews, 107, 577–589, https://doi.org/10.1021/cr050377t, 2007.
Breitbarth, E., Oschlies, A., and LaRoche, J.: Physiological constraints on the global distri-
bution of Trichodesmium - effect of temperature on diazotrophy, Biogeosciences, 4, 53–61,
https://doi.org/10.5194/bg-4-53-2007, 2007.
Carpenter, E. J. and Guillard, R. R. L.: Intraspecific differences in nitrate half-saturation con-
stants for three species of marine phytoplankton, Ecology, 52, 183–185, 1971.
Cavan, E. L., Trimmer, M., Shelley, F., and Sanders, R.: Remineralization of particulate
organic carbon in an ocean oxygen minimum zone, Nature Communications, 8, 14 847,
https://doi.org/10.1038/ncomms14847, 2017.
Codispoti, L. A.: An oceanic fixed nitrogen sink exceeding 400 Tg N a$ˆ{-1}$ vs the concept
of homeostasis in the fixed-nitrogen inventory, Biogeosciences, 4, 233–253, https://doi.org/
10.5194/bg-4-233-2007, 2007.
Codispoti, L. a. and Richards, F. a.: An analysis of the horizontal regime of denitrification in the
eastern tropical North Pacific, Limnology and Oceanography, 21, 379–388, https://doi.org/
10.4319/lo.1976.21.3.0379, 1976.
133
REFERENCES
DeVries, T., Deutsch, C., Primeau, F., Chang, B., and Devol, A.: Global rates of water-
column denitrification derived from nitrogen gas measurements, Nature Geoscience, 5, 547–
550, https://doi.org/10.1038/ngeo1515, 2012.
Dyhrman, S. T., Chappell, P. D., Haley, S. T., Moffett, J. W., Orchard, E. D., Waterbury,
J. B., and Webb, E. A.: Phosphonate utilization by the globally important marine diazotroph
Trichodesmium, Nature, 439, 68–71, https://doi.org/10.1038/nature04203, 2006.
Eppley, R. W., Rogers, J. N., and Mccarthy, J. J.: Half-saturation constants for uptake of
nitrate and ammonium by marine phytoplankton, Limnology and Oceanography, 14, 912–
920, https://doi.org/10.4319/lo.1969.14.6.0912, 1969.
Eugster, O. and Gruber, N.: A probabilistic estimate of global marine N-fixation and deni-
trification, Global Biogeochemical Cycles, 26, 1–15, https://doi.org/10.1029/2012GB004300,
2012.
Fleming, R. H.: The composition of plankton and units for reporting population and production,
Proc. Sixth Pac. Sci. Cong. Calif, 1939, 535–540, 1940.
Grokopf, T., Mohr, W., Baustian, T., Schunck, H., Gill, D., Kuypers, M. M., Lavik, G., Schmitz,
R. A., Wallace, D. W., and Laroche, J.: Doubling of marine dinitrogen-fixation rates based
on direct measurements, Nature, 488, 361–364, https://doi.org/10.1038/nature11338, 2012.
Gruber, N.: The Marine Nitrogen Cycle: Overview and Challenges, Nitrogen in the Marine
Environment, pp. 1–50, https://doi.org/10.1016/B978-0-12-372522-6.00001-3, 2008.
Holl, C. M. and Montoya, J. P.: Interactions between nitrate uptake and nitrogen fixation
in continuous cultures of the marine diazotroph Trichodesmium (cyanobacteria), Journal of
Phycology, 41, 1178–1183, https://doi.org/10.1111/j.1529-8817.2005.00146.x, 2005.
Karl, D., Michaels, A., Bergman, B., Capone, D., Carpenter, E., Letelier, R., Lipschultz, F.,
Paerl, H., Sigman, D., and Stal, L.: Dinitrogen fixation in the world’s oceans, Biogeochemistry,
57-58, 47–98, https://doi.org/10.1023/A:1015798105851, 2002.
Karl, D. M. and Letelier, R. M.: Nitrogen fixation-enhanced carbon sequestration in low nitrate,
low chlorophyll seascapes, Marine Ecology Progress Series, 364, 257–268, https://doi.org/
10.3354/meps07547, 2008.
134
The importance of marine biological processes for carbon storage and biogeochemistry
Kriest, I. and Oschlies, A.: MOPS-1.0: modelling the regulation of the global oceanic nitrogen
budget by marine biogeochemical processes, Geoscientific Model Development Discussions, 8,
1945–2010, https://doi.org/10.5194/gmdd-8-1945-2015, 2015.
Kustka, A., San˜udo-Wilhelmy, S., Carpenter, E. J., Capone, D. G., and Raven, J. a.: A re-
vised estimate of the iron use efficiency of nitrogen fixation, with special reference to the
marine cyanobacterium Trichodesmium spp. (Cyanophyta), Journal of Phycology, 39, 12–25,
https://doi.org/10.1046/j.1529-8817.2003.01156.x, 2003.
Lamarque, J. F., Dentener, F., McConnell, J., Ro, C. U., Shaw, M., Vet, R., Bergmann, D.,
Cameron-Smith, P., Dalsoren, S., Doherty, R., Faluvegi, G., Ghan, S. J., Josse, B., Lee, Y. H.,
Mackenzie, I. A., Plummer, D., Shindell, D. T., Skeie, R. B., Stevenson, D. S., Strode, S., Zeng,
G., Curran, M., Dahl-Jensen, D., Das, S., Fritzsche, D., and Nolan, M.: Multi-model mean
nitrogen and sulfur deposition from the atmospheric chemistry and climate model intercompa-
rison project (ACCMIP): Evaluation of historical and projected future changes, Atmospheric
Chemistry and Physics, 13, 7997–8018, https://doi.org/10.5194/acp-13-7997-2013, 2013.
Landolfi, A., Koeve, W., Dietze, H., Ka¨hler, P., and Oschlies, A.: A new perspective on envi-
ronmental controls of marine nitrogen fixation, Geophysical Research Letters, 42, 4482–4489,
https://doi.org/10.1002/2015GL063756, 2015.
Luo, Y.-W., Doney, S. C., Anderson, L. A., Benavides, M., Berman-Frank, I., Bode, A., Bonnet,
S., Bostro¨m, K. H., Bo¨ttjer, D., Capone, D. G., Carpenter, E. J., Chen, Y. L., Church, M. J.,
Dore, J. E., Falco´n, L. I., Ferna´ndez, A., Foster, R. A., Furuya, K., Go´mez, F., Gundersen,
K., Hynes, a. M., Karl, D. M., Kitajima, S., Langlois, R. J., LaRoche, J., Letelier, R. M.,
Maran˜o´n, E., McGillicuddy, D. J., Moisander, P. H., Moore, C. M., Mourin˜o-Carballido, B.,
Mulholland, M. R., Needoba, J. A., Orcutt, K. M., Poulton, A. J., Rahav, E., Raimbault,
P., Rees, a. P., Riemann, L., Shiozaki, T., Subramaniam, A., Tyrrell, T., Turk-Kubo, K. A.,
Varela, M., Villareal, T. A., Webb, E. A., White, A. E., Wu, J., and Zehr, J. P.: Database of
diazotrophs in global ocean: abundance, biomass and nitrogen fixation rates, Earth System
Science Data, 4, 47–73, https://doi.org/10.5194/essd-4-47-2012, 2012.
Luo, Y. W., Lima, I. D., Karl, D. M., Deutsch, C. A., and Doney, S. C.: Data-based assessment
135
REFERENCES
of environmental controls on global marine nitrogen fixation, Biogeosciences, 11, 691–708,
https://doi.org/10.5194/bg-11-691-2014, 2014.
McGillicuddy, D. J.: Do Trichodesmium spp. populations in the North Atlantic export most of
the nitrogen they fix?, Global Biogeochemical Cycles, 28, 103–114, https://doi.org/10.1002/
2013GB004652, 2014.
Mills, M. M. and Arrigo, K. R.: Magnitude of oceanic nitrogen fixation influenced by the
nutrient uptake ratio of phytoplankton, Nature Geoscience, 3, 412–416, https://doi.org/10.
1038/ngeo856, 2010.
Moore, C. M., Mills, M. M., Achterberg, E. P., Geider, R. J., LaRoche, J., Lucas, M. I.,
McDonagh, E. L., Pan, X., Poulton, A. J., Rijkenberg, M. J. A., Suggett, D. J., Ussher, S. J.,
and Woodward, E. M. S.: Large-scale distribution of Atlantic nitrogen fixation controlled by
iron availability, Nature Geoscience, 2, 867–871, https://doi.org/10.1038/ngeo667, 2009.
Moore, C. M., Mills, M. M., Arrigo, K. R., Berman-Frank, I., Bopp, L., Boyd, P. W., Galbraith,
E. D., Geider, R. J., Guieu, C., Jaccard, S. L., Jickells, T. D., La Roche, J., Lenton, T. M.,
Mahowald, N. M., Maran˜o´n, E., Marinov, I., Moore, J. K., Nakatsuka, T., Oschlies, A., Saito,
M. a., Thingstad, T. F., Tsuda, A., and Ulloa, O.: Processes and patterns of oceanic nutrient
limitation, Nature Geoscience, 6, 701–710, https://doi.org/10.1038/ngeo1765, 2013.
Moore, J. K. and Doney, S. C.: Iron availability limits the ocean nitrogen inventory stabilizing
feedbacks between marine denitrification and nitrogen fixation, Global Biogeochemical Cycles,
21, 1–12, https://doi.org/10.1029/2006GB002762, 2007.
Orr, J. C. et al.: Global ocean storage of anthropogenic carbon (GOSAC), Final report, 2002.
Paulmier, a., Kriest, I., and Oschlies, A.: Stoichiometries of remineralisation and denitrification
in global biogeochemical ocean models, Biogeosciences, 6, 923–935, https://doi.org/10.5194/
bg-6-923-2009, 2009.
Redfield, A. C.: The influence of organisms on the composition of sea-water, The sea, pp. 26–77,
1963.
Redfield, A. C., Smith, H. P., and Ketchum, B. H.: The cycle of organic phosphorus in the Gulf
of Maine, The Biological Bulletin, 73, 421–443, 1937.
136
The importance of marine biological processes for carbon storage and biogeochemistry
Sarmiento, J. L. and Gruber, N.: Ocean Biogeochemical Dynamics, Princeton University Press,
2006.
Schmittner, A., Oschlies, A., Matthews, H. D., and Galbraith, E. D.: Future changes in climate,
ocean circulation, ecosystems, and biogeochemical cycling simulated for a business-as-usual
CO 2 emission scenario until year 4000 AD, Global Biogeochemical Cycles, 22, n/a–n/a,
https://doi.org/10.1029/2007GB002953, 2008.
Shiozaki, T., Nagata, T., Ijichi, M., and Furuya, K.: Nitrogen fixation and the diazotroph
community in the temperate coastal region of the northwestern North Pacific, Biogeosciences,
12, 4751–4764, https://doi.org/10.5194/bg-12-4751-2015, 2015.
Su, B., Pahlow, M., Wagner, H., and Oschlies, A.: What prevents nitrogen depletion in the
oxygen minimum zone of the eastern tropical South Pacific?, Biogeosciences, 12, 1113–1130,
https://doi.org/10.5194/bg-12-1113-2015, 2015.
Voss, M., Dippner, J. W., and Montoya, J. P.: Nitrogen isotope patterns in the oxygen-deficient
waters of the Eastern Tropical North Pacific Ocean, Deep Sea Research Part I: Oceanographic
Research Papers, 48, 1905–1921, https://doi.org/10.1016/S0967-0637(00)00110-2, 2001.
Westberry, T. K. and Siegel, D. A.: Spatial and temporal distribution of Trichodesmium blooms
in the world’s oceans, Global Biogeochemical Cycles, 20, n/a–n/a, https://doi.org/10.1029/
2005GB002673, 2006.
Wolf-Gladrow, D. A., Zeebe, R. E., Klaas, C., Ko¨rtzinger, A., and Dickson, A. G.: Total alka-
linity: The explicit conservative expression and its application to biogeochemical processes,
Marine Chemistry, 106, 287–300, https://doi.org/10.1016/j.marchem.2007.01.006, 2007.
137

Chapter 3
Dynamic biological functioning
important for simulating and
stabilising ocean biogeochemistry
This chapter was published as an article under the same title in Global Biogeochemical Cycles,
March 2018, by Wiley, doi:10.1002/2017GB005753
Pearse James Buchanan1,2,3, Richard Matear2,3, Zanna Chase1, Steven Phipps1,
and Nathan Bindoff1,2,3,4
1Institute for Marine and Antarctic Studies, University of Tasmania, Hobart, Australia
2CSIRO Oceans and Atmosphere, CSRIO Marine Laboratories, G.P.O. Box 1538, Hobart, Australia
3ARC Centre of Excellence in Climate System Science, University of Tasmania, Hobart, Australia
4Antarctic Climate and Ecosystems Cooperative Research Centre, University of Tasmania, Private
Bag 80, Hobart, Australia
139
3.1. INTRODUCTION
Abstract
The biogeochemistry of the ocean exerts a strong influence on the climate by modulating at-
mospheric greenhouse gases. In turn, ocean biogeochemistry depends on numerous physical and
biological processes that change over space and time. Accurately simulating these processes
is fundamental for accurately simulating the ocean’s role within the climate. However, our si-
mulation of these processes is often simplistic, despite a growing understanding of underlying
biological dynamics. Here we explore how new parameterisations of biological processes affect
simulated biogeochemical properties in a global ocean model. We combine 6 different physical
realisations with 6 different biogeochemical parameterisations (36 unique ocean states). The bi-
ogeochemical parameterisations, all previously published, aim to more accurately represent the
response of ocean biology to changing physical conditions. We make three major findings. First,
oxygen, carbon, alkalinity and phosphate fields are more sensitive to changes in the ocean’s phy-
sical state. Only nitrate is more sensitive to changes in biological processes, and we suggest that
assessment protocols for ocean biogeochemical models formally include the marine nitrogen cycle
to constrain biological processes. Second, we show that dynamic variations in the production,
remineralisation and stoichiometry of organic matter in response to changing environmental con-
ditions benefits the simulation of ocean biogeochemistry. Third, dynamic biological functioning
reduces the sensitivity of biogeochemical properties to physical change. Carbon and nitrogen
inventories were 50 % and 20 % less sensitive to physical changes, respectively, in simulations
that incorporated dynamic biological functioning. These results highlight the importance of a
dynamic biology for ocean properties and climate.
3.1 Introduction
The ocean is a powerful player in the global climate system. Due to its large volume and surface
area, the biogeochemical properties of the ocean are an important control on atmospheric con-
centrations of carbon dioxide and other greenhouse gases. The biological pump, which involves
the fixation of carbon and other elements within organic matter and their subsequent transfer
to depth, plays an important role in regulating atmospheric CO2. There is strong evidence from
proxy and model studies that variations in the strength of the biological pump, in conjunction
with reorganisations of ocean circulation, played a major role in setting past climates (Buchanan
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et al., 2016; Kohfeld, 2005; Schmittner and Somes, 2016). The response of the biological pump
under anthropogenic climate change will influence the evolution of Earth’s climate.
Accurately simulating biological processes in the ocean is therefore fundamental for accura-
tely simulating the behaviour of the climate system over millennial timescales. In its broadest
sense, the processes that govern the ocean’s biological pump can be defined as (1) those that
create organic matter from inorganic matter, (2) those that create inorganic matter from orga-
nic matter (remineralisation), and (3) those that control the quantities of elements involved in
these exchanges. All three processes can be depicted simply by equation 3.1, originally given by
Redfield (1963).
106CO2 + 16HNO3 +H3PO4 + 122H2O <=> (CH2O)106(NH3)16(H3PO4) + 138O2 (3.1)
Here, production of organic matter involves the forward reaction, while the remineralisation of
organic matter involves the reverse reaction. The quantities of elements involved are found by
balancing the chemical formula, and coincide with the Redfield ratio of C:N:P:O2 as 106:16:1:-
138.
A few equations defined in seminal studies from the 20th century are largely used in ocean
biogeochemical models to simulate the biological pump. Nutrient and light availability are
commonly used to limit the maximum potential growth rate set by temperature (Eppley, 1972).
Typically, the nutrient requirements for phytoplankton growth are based on an unchanging
Monod function (Dugdale, 1967; Monod et al., 1947), such that a given phytoplankton type has
fixed nutrient requirements. The remineralisation of organic matter through the water column
is commonly parameterised according to a function of depth, often referred to as a Martin curve
(Martin et al., 1987), which again is typically fixed for a given phytoplankton type. Finally, the
quantities of elements that are involved in the reaction of equation 3.1 are prescribed according
to the Redfield ratio (Fleming, 1940; Redfield, 1963; Redfield et al., 1937), or a variation thereof
(Anderson, 1995; Takahashi et al., 1985), and also remain unchanged.
These traditional equations, which are explained more completely in the prelude to Chapter
2, are a rudimentary representation of what is a complex ecological web with biogeochemical
consequences (Worden et al., 2015). Modelling studies using the traditional equations (e.g.
Buchanan et al., 2016; Joos, 1999; Mariotti et al., 2012; Matear and Hirst, 1999; Sarmiento et al.,
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1998; Schmittner, 2005; Schmittner and Somes, 2016) are thus compromised by overly simplistic
responses to physical changes. However, simulating the biological pump in a more realistic way
is challenging, and the community has slowly integrated more complex ecosystem models and
processes to improve the simulation of global ocean biogeochemistry (Aumont et al., 2017; Boyd
and Doney, 2002; Dutkiewicz et al., 2013; Le Que´re´ et al., 2016; Weber and Deutsch, 2012). These
studies have each demonstrated that simulated biogeochemical fields are improved by including
additional biogeochemical complexity, but each has focussed on particular biogeochemical tracers
of interest. Simulations that explore the role of the biological pump in a future climate using
the current suite of ocean biogeochemical models are therefore difficult to interpret because
each represents biological processes in different ways, may show divergent projections of key
properties (see the multi-model analysis by Laufko¨tter et al., 2016, for an example).
The challenge, therefore, is to include the wider effects of biogeochemical processes using
simple, digestible formulations. This challenge is made more difficult by the inability of climate
models to reliably reproduce the physical state of the modern and historical ocean. The forma-
tion of Antarctic Bottom Water and its properties are poorly represented among climate system
models, with dense waters formed via deep convection occurring in the open ocean rather than
by buoyancy changes on the Antarctic shelves (Heuze´ et al., 2013). Likewise, the northward
extension of intermediate waters from the Southern Ocean is limited in models (Sloyan and
Kamenkovich, 2007), possibly caused by surface mixing that is too shallow and too far north
(Salle´e et al., 2013a), leading to a light and warm bias (Salle´e et al., 2013b). Unfortunately,
many more dynamical inconsistencies are common to global ocean models, which must sacrifice
resolution for viable computation efficiency, and must therefore include the effects of mesoscale
and sub-mesoscale dynamics through crude parameterisations (Hallberg, 2013). In addition, our
understanding of ocean dynamics in the current climate is also imperfect. Estimates of the mo-
dern circulation have undergone multiple revisions over the past few decades, with apparently
large ranges in the transport rates of globally important water masses (Talley, 2013, 2003). An
imperfect understanding of physical dynamics coupled with an inability to reproduce observed
conditions make it difficult to have confidence in how we simulate biological processes, particu-
larly as certain biogeochemical tracers like oxygen and carbon appear to be highly sensitive to
physical change (Cocco et al., 2013; Marinov et al., 2008; Se´fe´rian et al., 2013).
Fortunately, a number of simple parameterisations that mechanistically produce the large-
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scale features of marine biological communities have been designed for ease of uptake into ocean
biogeochemical models. They are improvements on the traditional equations that add flexibility
to the limitation of primary production by phosphate and nitrate (Smith et al., 2009), remi-
neralisation rates (Marsay et al., 2015; Weber et al., 2016), and stoichiometry (Galbraith and
Martiny, 2015). We assess these new parameterisations and their effect on global ocean biogeo-
chemical fields using an ocean biogeochemical model attached to an Ocean General Circulation
Model (OGCM), CSIRO Mk3L-COAL. In consideration of uncertainty in the physical state of
the ocean, we make this assessment using a number of plausible pre-industrial physical states,
and explore the influence of physical and biological processes on ocean biogeochemistry. We find
that the dynamic biological functioning produced by these simple formulations in combination
is fundamental for simulating and stabilising ocean biogeochemistry.
3.2 Experimental design
To assess the sensitivity of biogeochemical changes to variations in both the physical and bio-
logical state of the ocean, we generated six unique physical and biogeochemical model states.
Physical states were generated using the ocean general circulation model (OGCM) from within
the Commonwealth Scientific and Industrial Research Organisation Mark 3L (CSIRO Mk3L)
climate system model, version 1.2 (Phipps et al., 2013). Biological states were generated by
modifying the ocean biogeochemical model attached to the OGCM. A total of 36 experiments
were run for 10,000 years towards equilibrium for all physical and biogeochemical fields. In the
following we detail how each unique physical and biological state was generated.
3.2.1 Physical states
Six physical states were generated by forcing the OGCM with six realisations of the pre-industrial
climate. The OGCM requires monthly climatologies of sea surface temperature (◦C), sea surface
salinity (psu) and surface wind stresses (Pa) to calculate surface fluxes and large-scale ocean
dynamics. The biogeochemical model requires climatologies of sea ice cover, surface wind speeds,
incident short wave radiation, and the aeolian deposition of iron and reactive nitrogen to the
surface ocean. With the exception of the aeolian deposition fields, which were provided by
Mahowald et al. (2005) for iron and Lamarque et al. (2013) for reactive nitrogen, each physical
143
3.2. EXPERIMENTAL DESIGN
state was generated using a unique set of surface climatologies. The model interpolates linearly
in time between the climatological means for each calendar month.
The pre-industrial climatologies for the Mk3L physical state were provided by a 10,000 year
spin up of the flux adjusted CSIRO Mk3L coupled climate system model. For the remaining
five physical states, surface climatologies were provided by five climate system models from
the Climate Model Inter-comparison Project phase 5 (CMIP5) multi-model ensemble (Taylor
et al., 2012). These models comprise GFDL-ESM2G, IPSL-CM5A-MR, HadGEM2-CC, MPI-
ESM-MR, and MRI-CGCM3 (Table 3.1). As part of the CMIP5 protocol, these groups were
required to undertake a multi-century control simulation under pre-industrial conditions. The
surface fields required to force the OGCM and biogeochemical model were downloaded from the
Earth System Grid Federation database (https://esgf-node.jpl.nasa.gov/projects/esgf-jpl/), and
the months over the final 10 years of the pre-industrial run were averaged to provide monthly
climatologies. These climatologies were regridded onto CSIRO Mk3L grid space using the Ferret
program.
Note that the incident shortwave radiation field for HadGEM2-CC was unavailable and was
substituted by the net shortwave radiation field of GFDL-ESM2G, which a priori had the most
similar SST climatology to HadGEM2-CC with an r2 of 0.98 and a mean bias of +0.01 ◦C.
All ocean physical states were therefore generated using the OGCM physics of CSIRO Mk3L
v1.2, but were forced by different surface boundary conditions. We will hereby refer to the six
physical states according to the origins of the boundary conditions by which they were forced:
Mk3L, GFDL, IPSL, HadGEM, MPI and MRI ocean states.
3.2.2 Biological states
Six unique biological states were generated. Changes to organic matter production, reminera-
lisation, and/or the elemental composition (stoichiometry) of the general phytoplankton type
were made by implementing recently proposed formulations that express how marine biology
responds to its environment (Galbraith and Martiny, 2015; Marsay et al., 2015; Smith et al.,
2009; Weber et al., 2016) (Table 3.1).
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3.2. EXPERIMENTAL DESIGN
Basic biogeochemical model (Base)
The Base biogeochemical model used a number of equations defined in seminal studies from
the 20th century to simulate the processes that govern biological production, remineralisation
and stoichiometry in the ocean, and these are described in the prelude to Chapter 2. The Base
biological state ensured that the nutrient requirements for growth, the rate of remineralisation,
and the stoichiometry of organic matter were constant everywhere. The Base biological state
therefore represented a biological community that did not alter its functioning in response to
environmental change. In other words, the biogeochemical features of the phytoplankton com-
munity did not change.
Variable nutrient limitation of organic matter production (OUK)
The universal application of Michaelis-Menten kinetics to nutrient uptake by phytoplankton is an
over-simplification (Flynn, 2003), and optimal uptake kinetics (OUK) was developed to express
how phytoplankton optimise their nutrient uptake depending on ambient nutrient concentrati-
ons (Smith et al., 2009). Essentially, OUK captures how different phytoplankton communities
respond and grow within different nutrient regimes. It assumes that phytoplankton dynamically
alter their internal resources between surface uptake sites, which absorb external nutrients, and
internal enzymes, which assimilate the nutrients for growth. By taking this phenomenon into
account, Smith et al. (2009) were able to calculate faster growth rates of phytoplankton in oli-
gotrophic waters by assuming that these phytoplankton directed more resources towards surface
uptake sites.
To implement OUK within CSIRO Mk3L-COAL (experiment OUK), the fraction of the
internal nutrient store that is allocated to either surface uptake sites (fA) or internal enzymes
(1 − fA) was calculated.
fA = max
[(
1 +
√
[NO3]
0.187
)−1
,
(
1 +
√
[PO4] ·N:P
0.187
)−1]
(3.2)
The value 0.187 in each term represents the short-term approximation ratio between the maxi-
mum uptake rate and the maximum affinity for either nutrient, and its derivation is supplied in
the Appendix of Smith et al. (2009). Once the partitioning of nutrient between internal stores
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(fA) was solved, the nutrient limitation terms for PO4 and NO3 were calculated
PO4OUKlim
=
[PO4]
[PO4]
1−fA +
0.187
fA·N:P
(3.3)
NO3OUKlim
=
[NO3]
[NO3]
1−fA +
0.187
fA
(3.4)
and applied to the calculation of export production (Equation T3.7).
It is important to note that the limitation term for iron (Felim) was not altered (Equa-
tion T3.11). It was unchanged from its Michaelis-Menten formulation with a half-saturation
constant (KFe) equal to 0.1 µmol m
−3. The limitation on growth caused by iron was therefore
unchanged across the global ocean.
Temperature-dependent remineralisation (RemT )
Since the Martin curve was proposed, numerous studies have questioned its application within
different oceanic environments. Sediment trap measurements have shown large variations in the
power law exponent b (Berelson, 2001; Francois et al., 2002), with values commonly ranging
from -1.3 to -0.6. These results have shown that generalising a common rate of remineralisation
across the ocean is an over-simplification (Olli, 2015).
Temperature could be an important factor with primary control over the rate of remine-
ralisation within the ocean interior. The long-standing relationship between temperature and
the growth rate of marine plankton (Eppley, 1972) also extends to heterotrophic bacteria in
the ocean interior (Laws et al., 2000). Moreover, there appears to be no evidence for microbial
community adaptation to latitudinal temperature differences (Bendtsen et al., 2015). If this
is true, then cooler regions of the ocean should support reduced rates of remineralisation, and
therefore allow more organic matter to enter deeper waters (i.e. less negative b values), while
warmer regions should have steeper remineralisation profiles, where less organic matter enters
deeper waters. Strong evidence for a temperature-dependent remineralisation rate was demon-
strated by Buesseler et al. (2007), who reported that roughly 50 % of the organic matter falling
from 150 metres in subarctic waters was present at 500 metres, while only 20 % remained at
500 metres in the subtropical North Pacific.
To apply a temperature-dependent remineralisation rate within CSIRO Mk3L-COAL (expe-
riment RemT ), we altered the b exponent of the Martin curve (Eq. T2.8) according to Marsay
147
3.2. EXPERIMENTAL DESIGN
et al. (2015).
b = −(0.062 · T + 0.303) (3.5)
Where T is the average temperature (◦C) of the upper 500 metres of the water column.
Marsay et al. (2015) predicted the flux of particulate organic matter into the ocean interior
across four sites in the North Atlantic Ocean using this relationship. However, using equation 3.5
gave values greater than -0.4 across large areas of the high latitudes, as mesopelagic water
temperatures are typically less than 2 ◦C. Considering that estimates of the b exponent based
on observations have rarely featured values greater than -0.6 (Berelson, 2001; Francois et al.,
2002), we applied an upper limit of -0.6 to equation 3.5.
Phytoplankton-dependent remineralisation (RemP )
Recently, Weber et al. (2016) found that the composition of the phytoplankton community,
specifically the component fraction of picoplankton (Fpico), was a superior predictor of organic
matter transfer into the ocean interior. They found that this metric could explain 93 % of the
variance in the observations, while temperature could only explain 70 %. Using global distribu-
tions of nutrient and oxygen tracers along transport pathways, rather than directly measuring
organic flux, they found that Fpico could explain 93 % of the variance in the observations, while
temperature could only explain 70 %.
Here, we used the equation provided by Weber et al. (2016) within CSIRO Mk3L-COAL
(experiment RemP ), where the transfer efficiency (Teff ) of organic matter from the bottom of
the euphotic zone to 1,000 metres was determined by
Teff = 0.47− 0.81 · Fpico (3.6)
Because CSIRO Mk3L-COAL does not simulate picoplankton, we estimated Fpico for each surface
grid using a linear parameterisation, where high Fpico values are found in regions with low organic
carbon production (Cexp) and C
max
exp represents the maximum rate of organic carbon production
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from the ocean at the previous day.
Fpico = 0.51− 0.26 · Cexp (mg C m
−2 hour−1)
Cmaxexp (mg C m
−2 hour−1)
(3.7)
This simple parameterisation is informed by the estimates of Fpico reported by Weber et al.
(2016), where values of 0.3 were found in highly productive regions and values as high as 0.55
were found in the oligotrophic subtropical gyres. It is also informed by global observations of
particle distributions, where picoplankton dominate low productivity regions and microplankton
dominate the highly productive regions (Kostadinov et al., 2009). Furthermore, small taxa are
observed to dominate Southern Ocean communities during non-bloom conditions (Deppeler and
Davidson, 2017), leading to weak organic flux to depth (Ducklow et al., 2015; Weeding and Trull,
2014). A maximum production at the previous day sets Cmaxexp , which allows for similar values
of Fpico between different ocean states, but alters the spatial patterns. This parameterisation
also returned Teff values in the range provided by Weber et al. (2016) from 0.05 to 0.3 for
subtropical and polar regions, respectively.
When the Teff was known, we solved for the b exponent in the Martin curve using
b =
log(Teff )
log(1000100 )
=
log(Teff )
1
(3.8)
where the depth of the euphotic zone was always 100 metres, and the transfer efficiency of
organic matter falling out of the euphotic zone is referenced to 1,000 metres.
Variable elemental ratios (Vele)
While the Redfield ratio (Redfield et al., 1937) remains a cornerstone of our understanding of
ocean biogeochemistry, there is increasing support for non-Redfield ratios. Numerous studies
that together span the global ocean have reported wide variations in the C:N:P ratios of marine
organic matter (Anderson, 1995; Anderson and Sarmiento, 1994; Boulahdid and Minster, 1989;
Fraga et al., 1998; Geider and La Roche, 2002; Hedges et al., 2002; Klausmeier et al., 2004;
Martin et al., 1987; Martiny et al., 2013; Peng and Broecker, 1987; Takahashi et al., 1985;
Weber and Deutsch, 2010, Table S3.1[).
Observed variations in nitrogen and carbon stoichiometry (C:N:P ratios) are now considered
to be strongly related to nutrient availability in the surface ocean. Higher C:P and N:P ratios are
149
3.2. EXPERIMENTAL DESIGN
commonly observed in those regions prone to nutrient limitation, while nutrient-replete regions
typically show much lower C:P and N:P ratios (Boulahdid and Minster, 1989; Galbraith and
Martiny, 2015; Geider and La Roche, 2002; Klausmeier et al., 2004; Martiny et al., 2013). In an
attempt to quantify this relationship, Galbraith and Martiny (2015) built a statistical model to
predict P:C and N:C ratios of organic matter across the ocean surface using only PO4 and NO3
concentrations.
Using their empirical model, we calculated C:P and N:P ratios in CSIRO Mk3L-COAL
(experiment Vele):
C:P =
(
6.9 · [PO4] + 6
1000
)−1
(3.9)
N:C = 0.125 +
0.03 · [NO3]
0.32 + [NO3]
(3.10)
N:P = C:P ·N:C (3.11)
We also considered how the requirements for oxic (Orem:P) and suboxic (Nden:P) remine-
ralisation were affected by changes in the stoichiometry of organic matter. To calculate the
requirements for O2 and NO3 for remineralisation using equations T3.17 and T3.18 shown in
the prelude to this chapter, we first calculated the amount of hydrogen (H:P) and oxygen (O:P)
held within organic matter created at the surface.
The Redfield ratio estimates an Orem:P ratio of −138:1 and an Nden:P ratio of −94.4:1 by
assuming that all organic matter is well approximated as a carbohydrate of the form CH2O
(Redfield, 1963). This assumption is tenuous as it greatly overestimates the amount of hydrogen
and oxygen in organic matter (Anderson, 1995). However, in the absence of an equation that
accounts for variations in the primary biomolecules of organic matter, we continued Redfield’s
legacy by assuming that all organic matter can be approximated as CH2O. We therefore calcu-
lated the C:N:P ratios according to Galbraith and Martiny (2015), then solved for the quantities
of hydrogen and oxygen according to equations T3.15 and T3.16, and finally solved for the O2:P
and Nden:P requirements as per equations T3.17 and T3.18.
Combination (COM)
We combined the parameterisations of OUK, RemP and Vele within one biogeochemical model
to create the sixth biological state (experiment COM). The RemT experiment was excluded
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following a posteriori analyses detailed in section 3.4.
3.3 Analyses
We assessed steady-state physical and biogeochemical fields against historical observations to
determine both the physical and biogeochemical spread of ocean states that were generated. The
physical assessment used annual averages of temperature and salinity (Locarnini et al., 2013;
Zweng et al., 2013), mixed-layer depth (de Boyer Monte´gut et al., 2004), and surface wind speeds
(Kalnay et al., 1996). The biogeochemical assessment used three dimensional fields of dissolved
inorganic carbon (DIC), alkalinity (ALK), oxygen (O2), apparent oxygen utilisation (AOU),
phosphate (PO4) and nitrate (NO3) from the Global Ocean Data Analysis Project (GLODAP;
Key et al., 2004) and the World Ocean Atlas (WOA; Garcia et al., 2013a,b). All fields were
regridded onto CSIRO Mk3L ocean grid space using the Ferret program. Comparisons were
made visually and by computing descriptive statistics, which included the correlation coefficient,
normalised standard deviation and normalised bias. Together, these univariate metrics are
powerful in assessing overall model skill (Stow et al., 2009).
We extended our physical analysis by calculating the formation rates of important water
masses, and made direct comparisons with estimates from the literature. The formation rate of
Antarctic Bottom Water (AABW) was calculated as the minimum global overturning circulation
south of 60◦S between the surface and 2000 metres. The formation rate of North Atlantic Deep
Water (NADW) was calculated as the maximum overturning rate in the North Atlantic Ocean
north of 30◦N and between the surface and 2000 metres. The formation rate of North Pacific In-
termediate Water (NPIW) was calculated as the maximum overturning rate in the North Pacific
Ocean north of 30◦N and between the surface and 1000 metres. The subduction / upwelling of
Southern Source Intermediate Water (SSIW), composed of both Antarctic Intermediate Water
(AAIW) and Subantarctic Mode Water (SAMW), was calculated by determining the locations
of isopycnal outcropping and the transports across the mixed layer at these points (Appendix
A).
To measure differences in the global meridional overturning we used a quantitative measure
of the dominance of the upper and lower cells (U:L). U:L was calculated as the ratio of positive
to negative streamfunction transports (Sv) beneath 500 metres for particular ocean basins and
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the global ocean. The magnitude of transport was ignored, and only the sign of overturning
included, so that a U:L equal to 1 meant that the upper and lower overturning cells occupied
the same volume of the ocean or ocean basin. U:L values greater (less) than 1 represented
circulations dominated by northern (southern) sourced deep waters.
We completed one-way analyses of variance (ANOVA) across physical and biological states
to determine the importance of physical and biological changes to the three-dimensional distri-
bution of major biogeochemical fields. F-statistics are dimensionless values for biogeochemical
fields generated from the ANOVA, and represent the ratio of variance between experiments
(ocean states) to the variance in space within an experiment (ocean state), normalised by the
degrees of freedom. Thus, if the f-statistic is greater than 1, the variance between ocean states
is greater than the variance within ocean states for a given biogeochemical field. An f-statistic
of 100 indicates that the variance between ocean states is 100 times the variance within ocean
states. To provide some context to the variation that was observed in the biogeochemical fields
across the experiments, one-way ANOVAs were also performed on purely physical fields of tem-
perature, salinity, and an O2 tracer only affected by solubility and mixing (
phyO2). We also
removed the effect of salinity from the alkalinity tracer by computing the alkalinity normalised
by salinity (ALKs) according to Friis (2003).
3.4 Results
3.4.1 Physical states
All six physical states showed reasonable agreement in their global fields with observational
datasets. Correlations ranged between 0.35 and 0.95 across all fields and normalised standard
deviations did not exceed 150 % of the observations (Fig. 3.1). Model-observation agreement
was particularly good for the simulated sea surface temperature and whole-ocean temperature
fields (0.93 < r2 < 0.95), with some states being over 1 ◦C warmer and others slightly cooler
than the historical record (Table S4.1). Modest agreement was found for the sea surface and
whole-ocean salinity fields (0.55 < r2 < 0.64). Again, some states were saltier and others fresher
than the historical data. Surface wind speeds were also of modest agreement (0.53 < r2 < 0.70),
but all were too weak relative to the NCEP reanalysis data (Kalnay et al., 1996). The poorest
model-data agreement was for mixed-layer depths (0.35 < r2 < 0.43), which is a common result
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among skill assessments of climate models (Se´fe´rian et al., 2013). In this suite of experiments,
the physical state driven by IPSL surface forcings was most correlated with the observations.
Figure 3.1: Taylor Diagram (Taylor, 2001) (correlation and normalised standard devia-
tion) with additional colour shading (normalised bias) displaying agreement between the
simulated and observed fields of temperature (Temp), salinity (Sal), surface winds (Wind),
mixed layer depth (MLD), sea surface temperature (SST) and sea surface salinity (SSS)
for all models. Models are represented by numbers: Mk3L(1), GFDL(2), IPSL(3), Had-
GEM(4), MPI(5), and MRI(6). Temperature and salinity observations come from the
1955-1964 reconstruction provided by the World Ocean Atlas (Locarnini et al., 2013;
Zweng et al., 2013). Surface wind speed observations are the long-term mean from the
NCEP reanalysis of Kalnay et al. (1996). Mixed layer depth observations are taken from
the climatology of de Boyer Monte´gut et al. (2004). All fields are compared as annual
averages.
The six physical states formed deep water masses at rates similar to observation-based
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estimates for the modern ocean (Table S4.1). The rate of AABW formation, which is a key
driver of the lower overturning cell and the properties of the deep ocean, varied from a minimum
of 7.2 Sv in GFDL to a maximum of 15.1 Sv in IPSL and MRI. The multi-model mean rate
of AABW formation was 12.3 ± 3.0 Sv (mean ± standard deviation), which is similar to the
12.5 ± 4 Sv estimated by Lumpkin and Speer (2007) for 62◦S and an estimate of 14 Sv using
chloroflurocarbons (Orsi et al., 2002). Therefore, all ocean states formed AABW within the
range of observational error, with the exception of GFDL. The production of NADW, which
powers the upper overturning cell, also agreed with observational estimates. GFDL produced the
strongest rate of NADW formation at 20.3 Sv, in contrast to its slow rate of AABW formation.
The weakest rates of NADW formation were present in HadGEM and MRI at 13.0 and 13.9
Sv, respectively. The range of 13.0-20.3 Sv produced by the six ocean states agrees with the
observational error of about 18 ± 5 Sv (Talley, 2003), within which other estimates are accounted
for (Ganachaud, 2003; Lumpkin and Speer, 2007).
The circulations of intermediate waters, however, showed some striking inconsistencies with
observations. Simulated formation rates of NPIW were much greater than observations of ∼2.3
Sv (Lumpkin and Speer, 2007; Talley, 2003). Hence, the ventilation of the North Pacific inte-
rior was too great for all states, especially MRI. Meanwhile in the Southern Hemisphere, the
combined overturning of southern source intermediate waters (SSIW) was highly variable in
its rate and location. Rapid overturning in excess of 20 Sv at shallow depths were found in
HadGEM and GFDL, particularly GFDL, while less than 10 Sv of overturning associated with
deeper salinity minima, more consistent with observations (Iudicone et al., 2011), were found
in Mk3L, IPSL, MPI and MRI states. Of these, the Mk3L ocean state was the only state to
produce net subduction of SSIW. The isopycnals associated with SSIW for these slower rates
largely outcropped near the Antarctic coastline, despite deep convective mixing taking place in
sub-Antarctic latitudes for all states. Thus, no single ocean state developed NPIW or SSIW
dynamics consistent with observations, although some were less inconsistent than others.
The differences in water mass formation (explored more thoroughly in the supporting infor-
mation; Figs. S3.1 and S3.2) were responsible for producing the different circulations evident
in the global overturning streamfunction (Fig. 3.2). The ratio of extent of the upper to lower
overturning cells (U:L) reflected the major differences between the physical states. GFDL ocean
state was strongly dominated by the upper overturning cell (U:L = 1.10) owing to very strong
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NADW production that drove a stronger Atlantic Meridional Overturning Circulation (AMOC)
with an U:LAtl equal to 1.36. In contrast, HadGEM and MPI ocean states were dominated
by the lower overturning cell (U:L < 0.80), owing to a stronger and more extensive AABW
production relative to NADW production. Mk3L and IPSL ocean states both produced strong
AMOCs, but their U:L values were reduced due to the dominance of the lower cells in the Indian
and/or Pacific Oceans. This was particularly true of IPSL, for which the influence of a strong
AMOC (U:LAtl = 1.66) was dampened by a Pacific Ocean dominated by the lower cell. Finally,
MRI was unique due to strong NPIW production. The MRI state was clearly dominated by
the lower overturning cell in the Indian and Atlantic Oceans (U:LAtl = 0.91), but high rates of
NPIW formation expanded the upper cell in the Pacific and increased the global U:L value to
0.92.
Our analysis of the ocean temperature and salinity fields shows a high level of agreement,
while a lower level of agreement (albeit still relatively high) was found for other surface boundary
conditions (Fig. 3.1). The overturning of important water masses showed a wide range of
rates that were broadly consistent for deep waters and less so for intermediate waters. Global
thermodynamic states and overturning were therefore plausibly representative of pre-industrial
conditions in the context of Holocene climate variability (Bond et al., 1997; Mayewski et al.,
2004; Rasmussen et al., 2002), while subduction of intermediate waters was too weak in the
Southern Ocean and too strong in the North Pacific.
3.4.2 Physical and biological state influence
One-way ANOVA of the major biogeochemical fields quantified how differences in physical and
biological states affected their distributions. F-statistics ranged between 25 and ∼9000 across
the physical states and between 34 and 1066 across the biological states (Table S3.2). The
variance of each biogeochemical field was significantly different between experiments (p-values
< 0.005). To provide some context for the variation in biogeochemical fields, an ANOVA of
purely physical fields showed a range of 320-2582, with the least variability in temperature
and the most in the salinity field. Because these fields were prescribed through a fixed surface
climatology, this range represents the variation caused by physical differences. Additionally,
the phyO2 field produced an f-statistic of 816, which set a benchmark for changes caused solely
by air-sea gas exchange and circulation differences. Ocean biogeochemistry was generally more
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sensitive to the physical state of the ocean than to changes in biological function. However, this
sensitivity was dependent on the biogeochemical field in question.
O2 and AOU clearly showed the greatest sensitivity, with at least 10-fold the sensitivity to
changes in the physical state than to changes in biological functioning (Fig. 3.3). AOU was
strongly influenced by physical conditions because of its primary dependence on the circulation
(residence time of water masses). Furthermore, O2 and AOU showed a much greater range of
variability under different physical states than the physical states themselves, including phyO2.
This highlights how changes in the physical state also altered biological function, which had a
multiplicative effect on oxygen values.
The carbon species (DIC and ALK) showed less sensitivity to the physical state than oxygen
species, but still registered a stronger dependence on physical conditions relative to biologi-
cal function. Of DIC and ALK, the distribution of DIC was more sensitive to the physical
state due to physical differences in ocean-atmosphere exchange of CO2. The variability in the
alkalinity field across physical states was shown to be mostly a function of salinity, as the
salinity-normalised alkalinity field (ALKs) showed very low f-statistics (25-38).
PO4 and NO3 showed contrasting responses to physical and biological state changes, as PO4
was more sensitive to physical change while NO3 was more sensitive to biological change. PO4
was roughly 2 to 4 times more sensitive to differences in physical conditions than in biological
functioning. PO4 showed very low sensitivity (f-statistics ≤ 333) to changes in biological function
across the physical states. The distribution of NO3, however, was approximately 2 to 4 times
more sensitive to changes in biological functioning than to changes in the physical state. NO3
was the only biogeochemical field to be more strongly influenced by the biological state of the
ocean than by physical conditions (Fig. 3.3), and this apparent insensitivity occurred despite a
wide spread of physical conditions (section 3.4.1).
3.4.3 Biological state assessment
The biological state of the ocean had more influence over the distribution of NO3 than changes
in the physical state, making NO3 unique. Changes to NO3 therefore provided the clearest
insight into which biological state was most representative of reality. Here, we used the marine
nitrogen cycle as the primary diagnostic with which to assess the performance of the different
biological states.
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Base
The biological pump in the Base experiments functioned in the same way globally and was
unable to respond dynamically to changes in its environment. The general phytoplankton class
functioned as if the same microbial community existed throughout the ocean. This simplistic
representation produced reasonable model-observation agreement in the NO3 field and other
oceanic nitrogen cycle diagnostics (Fig. 3.4; Table 3.3). Correlations between simulated and
observed NO3 values for the global ocean exceeded 0.8 for all physical states, with a multi-
model mean of 0.85. Furthermore, the skill of the physical state was not a good predictor of its
ability to simulate NO3, with the GFDL state producing the best NO3 field.
However, a number of inconsistencies between the simulated and observed NO3 fields were
clearly present. Concentrations of NO3 were under-estimated in the upper ocean above 2000
metres by between 5 and 8 mmol m−3 on average (Fig. 3.5). In the deep ocean below 2000
metres, NO3 was over-estimated by between 1 and 7 mmol m
−3 on average, with the lower bound
produced by GFDL, which had a very weak lower overturning cell. The error in the vertical
distribution of NO3 was found in all physical states, irrespective of circulation differences.
OUK
The implementation of optimal uptake kinetics (OUK) provided a consistent benefit to the
NO3 field by shifting NO3 from the deep to the upper ocean (Fig. 3.5). The key tenet of op-
timal uptake kinetics is that phytoplankton adapt their internal physiology according to the
availability of nutrients, reducing efficiency under nutrient-replete (eutrophic) conditions and
increasing efficiency under nutrient-deplete (oligotophic) conditions (Smith et al., 2009). Nu-
trient utilisation in eutrophic regions decreased and delivered more NO3 to oligotrophic regions,
particularly from the subantarctic zone. This shifted nutrients from the deep to the upper ocean
and partially rectified the systematic underestimation of upper ocean nutrients. The vertical
shift was associated with roughly 0.6 mmol m−3 increase in the average concentration of NO3
at the surface, but also with a slight increase in the rate of denitrification that caused a global
loss of ∼0.4 mmol m−3. While the loss of NO3 exacerbated the global negative bias, the change
in distribution was beneficial across all physical states (Fig. 3.4).
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Figure 3.5: The zonal mean difference between the simulated and observed distributions
of NO3 (mmol m
−3) for all biological state experiments. The model-observation difference
in NO3 is shown for two contrasting ocean circulation types (left and right panels). The
strong upper cell is the combined average of GFDL and Mk3L NO3 fields. The strong
lower cell is the combined average of HadGEM and MPI NO3 fields. Panels (a) and (b)
= Base experiments. Panels (c) and (d) = OUK experiments. Panels (e) and (f) =
RemT experiments. Panels (g) and (h) = RemP experiments. Panels (i) and (j) = Vele
experiments. Panels (k) and (l) = COM experiments.
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RemT and RemP
The introduction of spatial variations in organic matter remineralisation also caused global shifts
in NO3. However, the use of either temperature or phytoplankton-dependent parameterisations
to control the remineralisation profile (Fig. S3.3) produced contrasting results.
The use of mesopelagic temperature to control remineralisation (RemT ) was detrimental. It
increased the transfer of organics to depth in the high latitudes while simultaneously increasing
the recycling of organics in the warm, low latitude ocean. Approximately 12 % more organic
matter passed from the surface to 1,000 metres depth in the Southern Ocean and Arctic, and
this released large quantities of NO3 into the deep ocean. Meanwhile, warmer temperatures
in the lower latitudes produced shallower remineralisation profiles, which increased export pro-
duction (Cexp) by about 0.6 Pg C yr
−1 and the retention of NO3 within the mesopelagic zone.
Nutrients were therefore more efficiently recycled within the upper 500 meters of the ocean,
which increased global denitrification by ∼18 Tg N yr−1 and lead to a global loss of ∼2 mmol
NO3 m
−3 (Table 3.3). The loss of NO3 lowered the interior NO3:PO4 ratio from 14.7:1 to 13.7:1
well below observations of 14.5:1 (Garcia et al., 2013a). The combination of very deep reminera-
lisation profiles in the high latitudes with efficient nutrient recycling in the low latitudes largely
exacerbated the initial biases (Fig. 3.5).
In contrast, phytoplankton-dependent remineralisation (RemP ) slightly improved the simu-
lated NO3 field by shifting material from the deep to the upper ocean (Fig. 3.5). The shift
featured particularly in the Northern Hemisphere and occurred primarily because reminerali-
sation profiles shoaled relative to the Base experiments. The global average b exponent varied
between -1.06 to -1.08 among the RemP experiments, retaining ∼4 % more organic matter
within the upper 1,000 metres compared to the -0.87 of the Base experiments (Martin et al.,
1987). Because this increased the retention of nutrients at shallower depths, Cexp increased by
roughly 0.4 Pg C yr−1 (Table 3.3). These changes caused a slight increase in denitrification
rates. However, because the transfer of organics to depth in the equatorial zones was deep (b
> -0.8), local export production decreased and dampened the global increase in denitrification.
Global NO3 concentrations were reduced only slightly (0.5 mmol m
−3), and the interior ocean
NO3:PO4 ratio remained close to observations at 14.3:1.
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Vele
Variable stoichiometry of organic matter (Vele) altered the global distribution of NO3 by altering
the requirements for organic matter production (N:P) and denitrification (Nden:P). The global
average N:P ratio was slightly raised relative to the Redfield ratio of 16:1 for most of the Vele
experiments, giving a multi-model average of 16.9:1 (Table 3.3). Regionally, N:P ratios were
lowest in the Southern Ocean (8:1) and in other eutrophic regions, while oligotrophic waters,
particularly the North Atlantic and Northern Indian Oceans, were highest (25:1). Likewise,
Nden:P ratios were lowered from 94.4 to 70-80 mmol m
−3 in eutrophic regions, such as the
Eastern Equatorial Pacific, but increased within suboxic zones that were overlain with nutrient-
deplete waters (Fig. S3.4).
These large-scale variations in N:P and Nden:P improved the NO3 distribution for all physical
states (Fig. 3.4), and did so for two reasons. First, the NO3 inventory of the lower overturning
cell was strongly reduced, which rectified the overestimation of NO3 in the deep ocean. The loss
of NO3 from the lower overturning cell was caused by low N:P ratios in the Southern Ocean. Low
NO3 uptake by Southern Ocean phytoplankton reduced the local export of nitrogen to depth,
which allowed more NO3 to exit the lower overturning cell via southern source intermediate
waters. The result was a continued loss of the NO3 from the lower overturning cell to the upper
overturning cell.
Second, the loss from the deep ocean was not accompanied by a loss from the upper ocean,
which remained relatively unchanged in NO3 content. The conservation of NO3 was related to
lower Nden:P ratios that reduced denitrification rates. In the Eastern Equatorial Pacific, more
NO3 upwelled to the surface due to low denitrification rates. This enforced a positive feedback
mechanism, whereby low N:P ratios at the surface decreased Nden:P ratios, and in turn increased
NO3 delivery to the surface, which further lowered N:P ratios. These changes accumulated NO3
within the upper Pacific Ocean.
However, low Southern Ocean N:P ratios caused significant losses in the oceanic NO3 reser-
voir of 25 to 50 Pg N (1.4 - 2.8 mmol m−3), leading to a consistent negative bias. This loss
occurred because more NO3 was allowed to exit the lower cell, and subsequently cycled through
denitrification zones. Interestingly, lower NO3 reservoirs developed despite mean N:P ratios that
largely exceeded the Redfield Ratio (Table 3.3), which demonstrated the importance of the lower
cell for nutrient storage. The consequence was a detrimental change in the NO3:PO4 ratio of
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the interior ocean from approximately 14.7:1 in the Base experiments to ∼13.9:1.
COM
The COM biological state provided the best simulated-observed agreement in the NO3 field.
Correlations were the highest with a mean of 0.88, standard deviations were brought much
closer to observations, and the root mean square error was minimised to less than 0.6 standard
deviations (Table 3.3).
The combination of OUK, RemP and Vele produced contrasting responses between eutrophic
and oligotrophic environments that allowed NO3 to shift from the deep to the upper ocean
without incurring a loss in the NO3 inventory (Fig. 3.5). In eutrophic regions, OUK and Vele
weakened export production, RemP subsequently produced shallower remineralisation profiles,
and NO3 was shifted into the upper ocean. In Vele, this shift caused a large loss of NO3 as
low N:P ratios over the Southern Ocean allowed more NO3 to cycle within denitrification zones
(Fig. S3.4). In COM, however, OUK and RemP further lowered Nden:P ratios in the lower
latitudes, which reduced denitrification rates. The transfer of NO3 from the deep to the upper
ocean therefore did not incur large global losses, and denitrification was reduced by ∼24 Tg
N yr−1. Meanwhile in the oligotrophic oceans, higher N:P ratios, stronger production and
deeper remineralisation profiles ensured that NO3 was consumed and that nitrogen fixation was
maintained. Together, these effects simultaneously shifted NO3 from the deep to the upper
ocean, conserved the global inventory of NO3, and produced an interior NO3:PO4 ratio of 14.6:1
that closely approximated the observed 14.5:1 (Table 3.3).
3.4.4 Other biogeochemical fields
The COM biological state provided the greatest benefit to NO3, and we tested its effect on other
major biogeochemical fields. For this we placed more importance on the PO4, DIC and ALK
fields, as these fields showed a lesser sensitivity to physical changes than O2 and AOU (Fig. 3.3).
Improvements in PO4 were particularly telling of improvements in the biogeochemical model
because this field had no external sources or sinks to or from the ocean.
COM improved the simulated fields of PO4, DIC and ALK in those oceans with a stronger
upper cell, while also providing slight improvements to PO4 and DIC for oceans with a strong
lower cell (Fig. 3.6). These fields were improved in either their correlation, normalised standard
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deviation and/or root mean square error relative to the observations provided by WOA and
GLODAP datasets (Garcia et al., 2013a,b; Key et al., 2004). The distributions of PO4, DIC
and ALK showed the greatest improvement in strong upper cell oceans, while improvements
to ALK and oxygen species (O2 and AOU) were small, or even negative for the oceans with a
stronger lower cell (HadGEM and MPI). Importantly, the PO4 and DIC fields showed consistent
improvement for both circulation types.
The improvements in PO4 and DIC mirrored those of NO3, as material shifted from the
deep to the upper ocean (Fig. S3.5). This reduced the bias between the simulated and observed
values, particularly for oceans with the stronger upper cell, which were oceans that better fit the
observed physical fields (see section 3.4.1). PO4 and DIC were relocated from the deep ocean
into the upper ocean as greater quantities of these species left the lower overturning circulation
via the same mechanisms as NO3. For DIC, the shift of material into the upper ocean increased
the loss of carbon via air-sea gas exchange, and between 125 and 400 Pg C was lost depending on
the physical state. This loss rectified the initial overestimation in the deep ocean, but did little
to resolve an underestimation of DIC in the upper ocean. Overall however, the COM biological
state gave a consistent improvement in the PO4 and DIC fields across a range of physical states.
3.4.5 Response of the carbon and nitrogen cycles
Consistent improvement in the simulated-observed agreement for NO3, PO4, DIC and ALK pro-
vided evidence that COM best represented the functioning of the marine biological community.
We therefore evaluated the sensitivity of improved carbon and nitrogen cycles to variation in
the ocean’s physical state.
The COM biological state reduced differences in global carbon export between the physical
states by roughly 0.4 Pg C yr−1 (Table 3.3), and reduced differences in global carbon content
between physical states by ∼50 % (Fig. 3.7). These changes occurred via an interaction between
nutrient delivery to the surface and the stoichiometry of organic matter. Those oceans with a
weaker AMOC (U:LAtl ≤ 1.0), which included HadGEM, MPI and MRI ocean states, had wea-
ker global rates of export production under the Base biological state. Under the COM biological
state, however, more nutrients were delivered to surface waters, which increased biological con-
sumption of PO4, increased local C:P ratios through Vele and further enhanced carbon export.
The degree of nutrient limitation in a given physical state was proportional to the increase in
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Figure 3.6: Taylor Diagram (Taylor, 2001) displaying agreement between the simula-
ted and observed fields of phosphate (PO4), dissolved inorganic carbon (DIC), alkalinity
(ALK), dissolved oxygen (O2) and apparent oxygen utilisation (AOU). Simulated fields
include the mean of Mk3L and IPSL oceans, which have a strong upper overturning cell
(U), and the mean of HadGEM and MPI, which have a strong lower overturning cell (L).
GFDL and MRI ocean states were excluded because they formed important water masses
outside of observational uncertainties (see section 3.4.1). The Taylor Diagram depicts
the correlation (angle), normalised standard deviation (radial distance from dashed line)
and centred root mean square error (outward distance from reference star) between the
simulated and observed fields. The small grey circles represent the Base biological state
and the grey line shows the change caused by the new biological state. Additional colour
shading to represent positive or negative changes in normalised bias due to the COM
biological state has been added. For reference, the standard deviations of observations
(mmol m−3) are: PO4 = 0.68, DIC = 91.4, ALK = 43.0, O2 = 64.7, AOU = 67.4. Nutrient
and oxygen observations come from the World Ocean Atlas (Garcia et al., 2013a,b), and
carbon data come from the Global Ocean Data Analysis Project (GLODAP; Key et al.,
2004). All fields are compared as annual averages.
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global C:P ratios (Fig. 3.7), and this relationship minimised the multi-model spread in biological
carbon sequestration. Losses of DIC from all physical states due to the shift of material into the
upper ocean, coupled with lower C:P ratios over deep water formation regions, also contributed
to greater similarity. Losses occurred in every major oceanic basin, but those oceans with higher
C:P ratios (stratified oceans) limited carbon outgassing. As a result of these changes, the range
in oceanic carbon inventories halved from 616 Pg C in the Base biological state to 327 Pg C in
the COM biological state. In fact, all physical states held roughly 34000-34100 Pg C, with the
exception of the ∼33800 Pg C contained within MRI, which reflected reduced storage capacity
in the North Pacific due to strong seasonal ventilation by NPIW (see section 3.4.1).
The similarity in the distribution and inventory of NO3 increased by ∼20 % across physical
states (Fig. 3.8). In other words, the effect of physical differences was reduced. Under the Base
biological state, the circulation of the ocean had a much greater influence on the marine nitrogen
cycle, and the total NO3 inventory could be predicted by scaling the global denitrification rate
by the ratio of upper to lower overturning cells (U:L). This simple relationship was due to a
relatively deep remineralisation profile and a N:P ratio of 16 over the Southern Ocean. NO3
therefore increased proportionally with the strength of the lower overturning cell. These oceans
also tended to be well oxygenated, which reduced global denitrification rates and increased NO3
storage. Under the COM biological state, however, this relationship was eroded (Fig. 3.8), and
inter-ocean differences in NO3 content decreased from 74 Pg N to 57 Pg N.
Greater similarity in NO3 across physical states reflected the unique responses of nitrogen
fixation and denitrification. First, all oceans lost NO3 from the deep ocean due to low N:P
ratios over the Southern Ocean (Fig. S3.4). However, the loss of NO3 from the deep ocean was
accompanied by an increase in the upper ocean that minimised net NO3 losses. The increase
in upper ocean NO3 was driven by increased North Atlantic nitrogen fixation and/or reduced
Pacific denitrification scaled by the relative strength of the upper overturning cell (Fig. 3.8). In
GFDL, for instance, Pacific denitrification rates were heavily reduced from 85 to 25 Tg N yr−1),
while North Atlantic nitrogen fixation remained strong at 34 Tg N yr−1. The fact that GFDL
was dominated by a strong upper overturning cell augmented the accumulation of NO3 in the
upper Pacific under these conditions, and more than offset the losses from the deep ocean caused
by low Southern Ocean nitrogen export. In other oceans, a decrease in Pacific denitrification
and an increase in North Atlantic nitrogen fixation was insufficient to offset the losses from
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Figure 3.7: Changes in the total carbon content of the ocean and its major driver between
the Base (grey shading) and COM (pink shading) biological states. In the upper panel, (a),
the difference between the simulated and observed (GLODAP; Key et al., 2004) zonally
integrated carbon content (Pg C) is shown for both biological states, with the shading
representing one standard deviation either side of the mean across all physical states.
The centre panel, (b), shows the zonally averaged C:P ratios of the COM biological state.
Changes in C:P ratios affected Cexp, and were a major driver of the changes in carbon
content between the Base and COM biological states. Nutrient limited oceans strongly
increased their C:P ratios under the COM biological state, while oceans with greater
nutrient delivery to the surface had lower C:P ratios. The bottom left panel, (c) shows
how the total carbon content of each ocean state changed between the Base (circles; grey
shading) and COM (squares; pink shading). Each ocean state lost carbon under the COM
biological state as material was shifted into the upper ocean and carbon was subsequently
lost to the atmosphere. The bottom right panel, (d), shows how the magnitude of loss was
mitigated by the magnitude of increase in the global mean C:P ratio, such that differences
in carbon content were minimised across physical states. Physical states are Mk3L(1),
GFDL(2), IPSL(3), HadGEM(4), MPI(5) and MRI(6).
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Figure 3.8: Changes in the total nitrogen content of the ocean and its major driver between
the Base (grey shading) and COM (pink shading) biological states. In the upper panel, (a),
the difference between the simulated and observed (WOA; Garcia et al., 2013a) zonally
integrated nitrate content (Pg N) is shown for both biological states, with the shading
representing one standard deviation either side of the mean across all physical states. The
centre left panel, (b), shows the depth integrated difference in nitrogen fixation (g N m−2
yr−1) between the COM and Base biological states. The centre right panel, (c), shows the
meridional integrated difference in denitrification (·10 kg N m−2 yr−1) between the COM
and Base biological states. The bottom left panel (d) shows that the global inventory of
NO3 could be predicted in the Base biological state (circles) by multiplying the global
rate of denitrification (DenGbl) by the volumetric ratio of upper to lower overturning
cells (U:L). However, this relationship was eroded in the COM biological state (squares)
as changes in nitrogen fixation and denitrification reduced differences in NO3 content
across physical states. The bottom right panel, (e), shows that the COM-Base change
in NO3 content was largely driven by the difference in North Atlantic nitrogen fixation
(FixNA; 20
◦N - 90◦N) and Pacific denitrification (DenPac) scaled by the dominance of the
upper to lower overturning cells (U:L). Physical states are Mk3L(1), GFDL(2), IPSL(3),
HadGEM(4), MPI(5) and MRI(6).
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the lower overturning cell. Importantly though, these regional responses in nitrogen fixation
and denitrification to the physical conditions ensured that losses in global NO3 storage were
minimised.
3.5 Discussion
We have made three major findings in this model study. First, the marine nitrogen cycle is highly
sensitive to marine biological processes, and therefore provides a powerful tool for assessing the
performance of biogeochemical ocean models. Second, the simulation of ocean biogeochemistry
is significantly improved by allowing the marine community to respond dynamically to its envi-
ronment. Third, including dynamical biological functioning reduces the sensitivity of the carbon
and nitrogen cycles to changes in the ocean’s physical state.
The biogeochemical parameterisations that were tested (see section 4.4) are simplistic when
compared to the rich diversity of planktonic marine life and their complex interactions (see
Worden et al., 2015, for a review). However, they expressed important features of ocean biology
in an implicit way. Unproductive regions, such as the subtropical gyres, are dominated by
picoplankton (Hirata et al., 2011; Kostadinov et al., 2009). These oligotrophic communities are
represented in the majority by Prochlorococcus and Synechococcus, and are associated with: (1)
high growth rates despite strongly nutrient-limited conditions in the environment (Liu et al.,
1997); (2) high rates of regenerated production supporting low rates of export production to
the deep ocean (Henson et al., 2012; Mouw et al., 2016; Worden et al., 2004); and (3) higher
stoichiometric requirements of nitrogen and carbon per unit of phosphorus (Klausmeier et al.,
2004). In contrast, more productive regions are known to be dominated by large phytoplankton
types, such as diatoms (Hirata et al., 2011; Kostadinov et al., 2009), and are associated with: (1)
relatively slower nutrient uptake rates given the nutrient-replete conditions (Gotham and Rhee,
1981, 2008; Smith and Yamanaka, 2007); (2) a more efficient transfer of less labile material to
depth (Henson et al., 2012; Mouw et al., 2016); and (3) lower stoichiometric requirements of
carbon and nitrogen per unit phosphorus (Klausmeier et al., 2004; Weber and Deutsch, 2010).
In addition to these general patterns, a wide range of observed transfer efficiencies in the high
latitudes (Boyd and Trull, 2007; Buesseler et al., 2007), and the efficient transfer of organics
from areas overlying oxygen-poor zones (Cavan et al., 2017) were captured. The combination
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of OUK (Smith et al., 2009), RemP (Weber et al., 2016) and Vele (Galbraith and Martiny,
2015) therefore reproduced regional features of the global marine community, and did so via
either a direct or indirect relationship to nutrient concentrations. These patterns are consistent
with an emerging understanding that variations in the biological community are important for
controlling major biogeochemical cycles in the ocean (Quere et al., 2005; Worden et al., 2015).
The dynamic biological functioning that was achieved by combining OUK, RemP and Vele
within one biogeochemical model (COM) was particularly important for the marine nitrogen
cycle. While other fields, like oxygen, were more sensitive to physical changes in the ocean’s
state, the distribution of NO3 was the only biogeochemical field to be more strongly dependent on
biological functioning than physical conditions. That marine biology is influential to the oceanic
nitrogen cycle is not surprising considering that its major sources and sinks are entirely mediated
by biological processes (Gruber, 2008). However, our results emphasise two useful points. First,
that the distribution of NO3 is a powerful tool for assessing biogeochemical model performance
irrespective of the physical conditions. How biological processes are parameterised will alter the
distribution of NO3 more so than changing physical conditions, at least over the range associated
with pre-industrial climates. Second, that variable stoichiometry is key to adequately simulating
the marine nitrogen cycle. Lower N:P ratios over the Southern Ocean set the deep inventory
of NO3, while regional differences in N:P across the lower latitudes set the upper inventory by
affecting regional rates of nitrogen fixation and denitrification (see section 3.4.5). Deviations
from the Redfield ratio are thus fundamental for achieving a realistic distribution of NO3 in the
ocean, and we support the findings of Weber and Deutsch (2012) in this conclusion. Considering
these two points, we suggest that assessment protocols for ocean biogeochemical models (e.g. Orr
et al., 2017) formally include the marine nitrogen cycle, in addition to preformed and regenerated
PO4 (Duteil et al., 2012), as a useful performance indicator for biological processes.
With that being said, our simulations excluded some key processes that may have contributed
to the original bias in the Base biogeochemical fields. The major biogeochemical process that was
excluded was sedimentary denitrification. Sedimentary denitrification is the largest contributor
to the global rate of fixed nitrogen loss, and is estimated to be roughly 1.8-fold that of pelagic
denitrification (Eugster and Gruber, 2012). Applying this ratio to the denitrification rates of the
Base biological state gives sedimentary and pelagic denitrification rates of 64-108 Tg N yr−1 and
35-60 Tg N yr−1, respectively, which bare striking resemblance to the observation-constrained
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estimates of Eugster and Gruber (2012). Spreading NO3 losses across a greater spatial extent
via sedimentary denitrification may therefore have reconciled the overestimation of NO3 in the
deep ocean. However, the bulk of sedimentary NO3 loss is known to occur primarily in water
depths less than 1,000 meters (Gruber and Sarmiento, 1997). Due to the coarse resolution of
our OGCM and its overestimation of anoxic water, much pelagic denitrification already occurred
at depths where sedimentary denitrification is known to occur. While we cannot unequivocally
say that the inclusion of sedimentary denitrification would not be beneficial, we argue that its
inclusion would only marginally rectify the deep-upper ocean NO3 bias.
Important physical processes were also not accounted for in the simulations due to the coarse
resolution of the ocean model. Mesoscale and sub-mesoscale motions, such as eddy-induced
stirring and turbulence, are important to reproduce a credible large-scale circulation. The 2.8◦
in longitude by 1.6◦ in latitude grid spacing of the OGCM is larger than any resolution required
to adequately resolve these dynamics (Hallberg, 2013). The inconsistencies between simulated
and observed overturnings of intermediate waters in the North Pacific and Southern Ocean are
testament to this fact. All ocean states, except the Mk3L, produced net upwelling of intermediate
waters in the Southern Ocean in contrast with estimates (Iudicone et al., 2011). Intermediate
waters are a major supply of nutrients to the mesopelagic ocean (Sarmiento et al., 2004), and
the inability of each physical state to generate realistic subduction rates likely contributed to the
vertical bias in nutrients that was common across all states. The overturning circulations were
also biased by an unrealistic formation of Southern Ocean dense waters via convective mixing
in the open ocean, rather than on the Antarctic shelves (Heuze´ et al., 2013). The multiple
circulations shared the same model physics and architecture, and it is therefore unsurprising
that all circulations featured the same biases, albeit to a greater or lesser extent.
Nonetheless, the inclusion of dynamic biological functioning improved the distribution of
NO3 markedly. It also altered the response of NO3 reservoir to physical change, dampening its
sensitivity. Under the Base biological state, the oceanic inventory of NO3 could be predicted by
taking the product of the circulation type, U:L (see section 3.4.1), and the global denitrification
rate, DenGbl (see section 3.4.5). However, this simple relationship was eroded under the COM
biological state as the NO3 inventory became more dependent on how biology responded to its
environment. The NO3 content of the deep ocean was set by the N:P ratio over the Southern
Ocean. Variable stoichiometry allowed those oceans dominated by a more voluminous and
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nutrient rich lower cell to develop lower N:P ratios, and these states lost more NO3. In contrast,
the NO3 content of the upper ocean was set by basin-specific rates of nitrogen fixation and
denitrification. Stratified oceans with weaker nutrient delivery (U:LAtl ≤ 1) experienced stronger
increases in nitrogen fixation, particularly in the North Atlantic, as higher N:P ratios increased
the competitive advantage of nitrogen fixers (Landolfi et al., 2015). Meanwhile, oceans with
stronger nutrient delivery experienced reduced denitrification, particularly in the Pacific, as
Nden:P values were lowered. These biological responses to physical conditions increased North
Atlantic sources from 14-66 to 29-64 Tg N yr−1, and decreased Pacific sinks from 67−32 to
25−20 Tg N yr−1 between the Base and COM experiments. The role of the North Atlantic as
a factory of fixed nitrogen, which exports the majority of its newly fixed nitrogen into NADW
(McGillicuddy, 2014), and the role of the Pacific as a leaking storage warehouse, was therefore
made more similar across different physical states. We have some confidence that these changes
are reasonable reflections of reality because they were associated with a significant improvement
in the simulated NO3 field, although rates of nitrogen fixation for the Pacific were too low
compared to observations (Luo et al., 2012). However, the relative rate of sources and sinks
and their locations within each basin are important for the NO3 inventory. In addition to
the necessity of non-Redfield ratios (Weber and Deutsch, 2012), we therefore also support the
conclusions of Weber and Deutsch (2014) in that basin-specific rates of nitrogen fixation and
denitrification are important for setting the oceanic inventory of fixed nitrogen. But we extend
and combine these theories in the context of dynamic biological functioning under different
circulation states, where dynamic biological functioning under different physical conditions helps
to stabilise the NO3 content of the ocean.
The greater resilience to physical changes was also observed in the marine carbon cycle,
which showed a ∼50 % reduction in the range of carbon storage across the six physical states
from 616 to 327 Pg C. If MRI was excluded, which suffered excessive ventilation of the North
Pacific, differences between states were less than 100 Pg C. Reduced carbon storage differences
between oceans under the COM biological state was caused by the dynamic response of biology
to nutrient delivery, which reduced differences in export production by 0.4 Pg C yr−1. Under
the non-dynamic biological state, the total carbon content of the ocean was strongly depen-
dent on the strength of the AMOC (U:LAtl), which fuelled greater export production through
stronger upwelling of nutrients. Previous studies have also shown this relationship (Mariotti
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et al., 2012; Schmittner, 2005), whereby variations in the AMOC are directly proportional to
global rates of export production. The introduction of the dynamic biological functioning al-
lowed nutrient-limited oceans with a weak AMOC (U:LAtl ≤ 1) to respond by increasing the
efficiency of nutrient uptake (OUK), C:P stoichiometry (Vele) and transfer efficiency (RemP ),
all in accordance with observed regional features of marine communities (see above). The strong
relationship between circulation, export production and carbon storage was therefore diminis-
hed, but not altogether removed. Oceans with a strong AMOC were still associated with greater
export production and carbon storage (Mariotti et al., 2012; Schmittner, 2005), and oceans that
ventilated the North Pacific were associated with a loss of carbon to the atmosphere (Galbraith
et al., 2007). Biological functioning simply responded in such a way as to mitigate the effect
of circulation differences on carbon export. An independent study by Tanioka and Matsumoto
(2017) has demonstrated similar results by including variations in C:P. The potential for a re-
sponsive biology to minimise the effect of physical change on carbon export is therefore only
recently realised. We extend the findings of Tanioka and Matsumoto (2017) to include variations
in production, remineralisation and a wider stoichiomtery (C:N:P:Orem:Nden), and show that
accounting for these variations has significant consequences for carbon storage over millennial
timescales.
3.6 Conclusions
Altogether, these results make a strong case for the inclusion of dynamic biological functioning
within biogeochemical ocean models that seek to determine climate driven changes in carbon
and other properties. Our understanding of the climate system, and by extension our ability
to make accurate predictions of its behaviour, relies on studies that simulate the exchange of
greenhouse gases between the major reservoirs (Falkowski et al., 2000). Ocean biogeochemical
models are essential to these studies, and have demonstrated the importance of the ocean and
its biological pump for setting atmospheric CO2 concentrations (Buchanan et al., 2016; Menviel
et al., 2012; Schmittner and Somes, 2016). But it is important to recognise that the insights
garnered from these and other studies have involved rudimentary representations of what is a
complex biological community (Worden et al., 2015).
The challenge, therefore, is to include the wider effects of important biogeochemical processes
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using interpretable formulations. In this study, we find that the inclusion of some simple parame-
terisations that introduce dynamic responses in production (Smith et al., 2009), remineralisation
(Weber et al., 2016) and stoichiometry (Galbraith and Martiny, 2015) can yield large-scale fea-
tures of the ocean’s biological pump that are representative of reality. By implementing these
dynamic parameterisations, we make three major findings:
1. The marine nitrogen cycle is highly sensitive to how the biological pump is represented, and
fundamentally requires variations in organic matter stoichiometry. We therefore suggest
that assessment protocols for ocean biogeochemical models formally include the marine
nitrogen cycle to constrain biological processes.
2. A dynamic biological functioning is important for more accurately simulating ocean bio-
geochemistry.
3. A dynamic biological functioning has considerable potential to stabilise globally important
properties, such as carbon, under physical change.
3.7 Data availability
Model output for this work is held by the Australian National Computational Infrastructure
(NCI) data portal, and is available for download at https://doi.org/10.4225/41/5a1b6aa448c32.
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3.9 Appendix A: Formation rates of Southern Source
Intermediate Waters
The formation rates of Antarctic Intermediate Water (AAIW) and Subantarctic Mode Water
(SAMW) were found via a three step process requiring salinity (psu), density (kg m−3), mixed
layer depth (m), and the horizontal and vertical transports of water (m−3 s−1) through the faces
of each grid cell.
1. Using the annual and zonal average of salinity, we found the salinity minimum at 30◦S
for all six physical states. A defining feature of AAIW is the prominent salinity minimum
tongue. The isopycnals corresponding to AAIW were then found by taking the ”full-width,
half-maximum” (FWHM) around the salinity minimum of the depth profile (Fig. A3.1),
using the deep salinity at 2200 metres as the reference point. Finally, the isopycnals for
SAMW were included by adding 0.5 kg m−3 of the lighter isopycnals above AAIW. The
inclusion of SAMW using isopycnals 0.5 kg m−3 lighter than AAIW was informed by
the multiple modes of SAMW that exist at densities between 1026.7 and 1027.3 kg m−3
circumpolarly (Herraiz-Borreguero and Rintoul, 2011). Isopycnals for AAIW and SAMW
were combined to represent Southern Source Intermediate Water (SSIW).
2. The horizontal and vertical transports (m3 s−1) we calculated using velocities (m s−1) and
the area of grid cell faces. Transports were only considered at those grid points where
isopycnals belonging to SSIW outcropped. Because most isopycnals did not outcrop at
the surface, outcropping at depth was included by finding those grid points where the
depth of annual maximum mixed layers intersected with the isopycnals. The locations of
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grid cells and their transports where isopycnals outcropped were saved.
3. Transports across the annual maximum mixed layer (H) into isopycnal surfaces at all valid
grid cells (i,k,j) were calculated as
SSIWi,j,k = −
(
UH · ∂h
∂x
+ VH · ∂h
∂y
)
−WH (3.12)
A positive horizontal (eastward or northward) transport therefore only contributed to
SSIW subduction if the change in mixed layer depth was negative in that dimension (i.e.
shoaling). Likewise, a positive transport contributed to SSIW upwelling if the mixed layer
depth deepened. These positive and negative transports through the isopycnal surfaces of
SSIW were summed in the Southern Hemisphere to give total subduction and upwelling
rates, respectively (see Table S4.1).
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3.10 Supplementary material
This supplementary material contains a number of results presented as tables and figures that
are referenced in the text of this chapter. The first table depicts the results of numerous studies
showing wide ranging variations in the stoichiometry of organic matter in the ocean, and the-
refore represents a compilation of information collated by the authors during conceptualisation
of the study. The remaining table and figures accompany the results of the experiments of this
study, and provide a more detailed insight into the results discussed in the main text for the
interested reader.
3.10.1 Organic matter stoichiometry
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3.10.2 Surface conditions and ocean overturning
Particular rates of deep water formation were a consequence of differences in the surface conditi-
ons of each physical state. We characterised the conditions that were responsible for differences
in overturning by assuming a relationship between surface density and the depth of convective
mixing as a proxy for deep water formation. When convective mixing was greater than 500 me-
tres over one month, we assumed that deep waters were formed. This binary categorisation was
used to determine the threshold surface density (σcrit) that was required to allow deep mixing
in the Southern Ocean (90◦ to 60◦S) and the North Atlantic (60◦ to 80◦N). Differences in the
formation of dense waters drove differences in the overturning circulation.
Global circulation differences that were generated between the six physical states were the-
refore caused by differences in the density of surface waters over the annual cycle. A direct
comparison of convective mixing depth with surface densities in the high latitudes showed that
episodes of deep mixing (> 500 metres) were associated with particular thresholds of density,
here defined as σcrit. σcrit was approximately 27.5 kg m
−3 in the Southern Ocean and 27.0 kg
m−3 in the high latitudes of the North Atlantic (Fig. S3.1). The number of months per year that
surface densities exceeded σcrit was strongly conducive to the formation of deep waters. Thus,
the spatio-temporal extent to which each physical state sustained surface densities in excess of
σcrit (Fig. S3.2) produced different circulations.
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Figure S3.1: An analysis of the surface conditions required to cause the formation of deep
waters in the Southern Ocean (south of 60◦S) and North Atlantic (north of 60◦N). Panels
(a) and (c) display the relationship between surface density and convective mixing across
all physical states for Southern Ocean and North Atlantic, respectively, and indicate that
a certain threshold of density (σcrit) must be present before deep convective mixing (>
500 metres) can occur. Panels (b) and (d) display the relationship between the longevity
of σcrit over the annual cycle and mean overturning rate in the upper 500 metres of the
water column. Negative rates in the Southern Ocean are conducive to the formation
of AABW, while positive rates indicate upwelling and northward advection of surface
waters. Positive rates in the North Atlantic are conducive to the formation of NADW,
while negative rates indicate upwelling and southward advection of surface waters.
184
The importance of marine biological processes for carbon storage and biogeochemistry
Figure S3.2: The number of months per year that surface densities in the (a) Northern
and (b) Southern Hemispheres exceed the threshold (σcrit) required to drive formation of
deep waters in either region for all six physical states. The relative strength and spatio-
temporal patterns of North Atlantic Deep Water (NADW) and Antarctic Bottom Water
(AABW) formation determines the relative strengths of the upper and lower cells of the
global overturning circulation. σNADWcrit = 27.0 kg m
−3. σAABWcrit = 27.5 kg m
−3. Due to
the relationship between σcrit and overturning in the upper 500 metres, the longevity of
σ > σcrit can also be interpreted as a measure of poleward advection and downwelling.
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3.10.3 Physical versus biological state influence
Table S3.2: Results of one-way analyses of variance (ANOVA) across all physical and
biological states. Each value is the f-statistic, and is a quantitative measure of how much
variation was present between experiments relative to the variation within experiments.
They are dimensionless values. ALKs is the alkalinity normalised by salinity according to
Friis (2003).
Biological
influence Mk3L GFDL IPSL HadGEM MPI MRI mean
O2 388 191 662 34 67 47 232
AOU 342 193 606 37 78 70 221
DIC 214 184 288 202 125 116 188
ALK 172 100 87 372 175 210 186
PO4 137 148 333 86 95 99 150
NO3 668 1066 941 655 390 601 720
Physical
influence Base OUK RemT RemP Vele COM mean
Temp 320 320 320 320 320 320 320
Sal 2582 2582 2582 2582 2582 2582 2582
phyO2 816 816 816 816 816 816 816
O2 8997 6853 8520 8916 6450 4648 7397
AOU 6706 5221 6390 6872 5026 3766 5664
DIC 795 690 1167 761 660 660 789
ALK 523 576 546 491 524 785 574
ALKs 36 36 33 38 30 25 33
PO4 687 773 580 606 507 523 613
NO3 272 265 80 158 428 278 252
All f-statistic values were highly significant (p-value < 0.005).
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3.10.4 Ecosystem features
Figure S3.3: Annually averaged values of the b exponent across the ocean for the calcu-
lation of the remineralisation profile using (a) the temperature-dependent function RemT
and (b) the community-dependent function RemP . These b values represent the mean
across all physical states.
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Figure S3.4: The N:P and NOden:P ratios of marine organic matter produced by the six
physical states for the Vele (a and c) and COM (b and d) experiments. Overlying the
simulated N:P distribution are observations (circles) of particulate organic nitrogen to
phosphorus ratios from Martiny et al. (2014).
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3.10.5 Base and COM biological comparison to observations
Figure S3.5: A direct comparison of simulated-observed distributions of major biogeo-
chemical fields produced by the Base and COM biological states (columns) within two
contrasting ocean circulation types. The contrasting circulations are the strong upper cell
(U), which is the mean of Mk3L and IPSL, and the strong lower cell oceans (L), which
is the mean of HadGEM and MPI. Red colors indicate overestimation of observations,
while blue colors indicate underestimation of observations. The major biogeochemical
fields are phosphate (PO4), dissolved inorganic carbon (DIC) and alkalinity (ALK). The
observations of PO4 come from the World Ocean Atlas (Garcia et al., 2013a,b), while DIC
and ALK come from the Global Ocean Data Analysis Project (Key et al., 2004). Panels
(a) and (b) = PO4. Panels (c) and (d) = DIC. Panels (e) and (f) = ALK.
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Technical Prelude to Chapter 4
The work of Chapter 3 saw the inclusion of more complex biological functioning in the model’s
ecosystem component, and this is summarised below. Several more additions were made to the
ocean biogeochemical model prior to the final sets of experiments in Chapter 4. Sedimentary
processes of remineralisation were include for the purpose of adding sedimentary denitrification
to the marine nitrogen cycle (Fig. T4.1). This involved the addition of a sub-grid scale bathy-
metry because the ocean general circulation model was too coarse to adequately resolve high
rates of nitrogen loss in the upper few hundred metres of the water column. Also, a radio carbon
tracer (δ14C) was added as a geochemical indicator on the rate of ocean ventilation.
A dynamic ecosystem model
The cycling of organic matter now considers three forms of phytoplankton. These are a general
phytoplankton group (G), diazotrophs (D) and calcifiers. The cycling of organic matter asso-
ciated with the general phytoplankton group is controlled by the dynamic equations that are
presented in Chapter 3 (Buchanan et al., 2018). These equations dynamically alter how PGexp
is limited by nutrients, how remineralisation distributes PGexp through the water column, and
the elemental content (stoichiometry) of PGexp. These equations allow the general phytoplankton
group to represent variations in the biogeochemical properties of the marine ecosystem that are
known in nature (see discussion of Chapter 3). This has positive effects on the simulation of
global ocean biogeochemistry, particularly the nitrogen cycle.
The Optimal Uptake Kinetics parameterisation that describes nitrate and phosphate limi-
tation of the general phytoplankton group was altered in the experiments of Chapter 4. The
ratio representing a phytoplankton cell’s maximum potential uptake rate to affinity for a given
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Figure T4.1: The nitrogen cycle is completed in the model with sedimentary denitrifi-
cation. (1) = carbon chemistry calculations (Orr et al., 2017); (2) air-sea gas exchange
and virtual fluxes (Orr et al., 2017); (3) = marine ecosystem production and export;
(4) = water column remineralisation; (5) = sedimentary remineralisation. The marine
ecosystem represents three forms of phytoplankton: a general type, nitrogen fixers and
calcifiers. O2 = dissolved oxygen; DIC = dissolved inorganic carbon; Alk = alkalinity;
PO4 = phosphate; NO3 = nitrate; dFe = dissolved bioavailable iron. Blue lines represent
ocean circulation, and the pink shading represents suboxia.
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nutrient was changed from 0.187 to 0.1 after correspondence with S. L. Smith.
Organic matter produced by the diazotrophs PDexp (Equation T3.1) has fixed nutrient limi-
tation functions and stoichiometry (see Technical prelude to Chapter 3). These static para-
meterisations are based on laboratory studies that focus on a single group of diazotrophs: the
Trichodesmium species. However, the remineralisation of diazotrophic organic matter (PDexp)
varies spatially across the ocean according to the parameterisation of the general phytoplankton
group.
The calcifying group, which only interacts with DIC and ALK species, produces particulate
inorganic carbon at 8 % of the rate at which the general phytoplankton group produces organic
carbon (Yamanaka and Tajika, 1996). It has a fixed stoichiometry of C:ALK:P of 106:212:1.
Its remineralisation rate is also fixed according to an e-folding depth-dependent decay, which
transfers a large fraction of particulate inorganic carbon to the deep ocean (Equation T2.9).
The marine nitrogen cycle
Sources
As before, nitrate (NO3) is introduced to the ocean through atmospheric deposition and nitrogen
fixation. Atmospheric deposition adds 11.3 Tg N to the surface ocean each year using a pres-
cribed monthly climatology (Lamarque et al., 2013), while the production and stoichiometry of
diazotrophs determines the rate of nitrogen fixation. The equations governing these properties
are presented in the Technical prelude to Chapter 3.
However, the production of diazotrophs (PGexp) was altered for the experiments of Chapter
4. While the equation for diazotrophic export defined in equation T3.1 remained the same,
a phosphate limitation was included so that PGexp cannot occur if no phosphate is available to
support it. The effect of this change was to reduce PGexp to zero in the centres of the oligotrophic
gyres in certain experiments.
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Water column denitrification
Water column denitrification was also modified so that it was limited by low NO3 according to
a hyperbolic tangent function, rather than a linear function. We calculate rden by prescribing a
lower limit at which NO3 can no longer be consumed (R
NO3
lim ):
rWCden = 0.5 + 0.5 · tanh
(
0.25 ·NO3 − 0.25 ·RNO3lim − 2.5
)
(T4.1)
if rWCden < fden, then fden = rWCden
RNO3lim is set to 30 mmol NO3 m
−3.
Sedimentary denitrification
A significant addition to the marine nitrogen cycle was a routine accounting for NO3 losses
via sedimentary denitrification. Sedimentary denitrification was calculated using the empirical
model of Bohlen et al. (2012), where the removal of NO3 is dependent on the rain rate of organic
carbon to the sediments (CG+Dexp ) and the ambient concentrations of O2 and NO3.
∆NO3(Sden) =
(
α+ β · 0.98
(
O2−NO3
))
· CG+Dexp (T4.2)
The α and β terms are equal to 0.08 and 0.21 according to Bohlen et al. (2012), but may be
altered in the model. Following the initial estimate of NO3 loss, the availability of NO3 was
accounted for according to the equation:
rSden = 0.5 + 0.5 · tanh
(
10 ·NO3 − 5
)
(T4.3)
and applied to the Bohlen parameterisation to relax denitrification rates at very low NO3 con-
centrations.
If NO3 was limiting, the remaining organic matter was remineralised using O2, so long as
the environment was sufficiently oxygenated. The availability of oxygen in the sediments was
estimated to be two thirds of the overlying bottom water concentration, based on observations of
transport across the diffusive boundary layer by Gundersen and Jorgensen (1990). Furthermore,
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an additional limitation was set for sediments underlying hypoxic waters (O2 < 40 mmol m
−3),
where aerobic remineralisation was diminished towards zero according to the hyperbolic tangent
function:
rSrem = 0.5 + 0.5 · tanh
(
0.2 ·O2 − 5
)
(T4.4)
If both NO3 and O2 were limiting, the remaining organic matter was assumed to be remineralised
via other means, such as sulfate reduction and methanogenesis (Sarmiento and Gruber, 2006).
Subgrid-scale bathymetry
A large amount of sedimentary remineralisation was not included using the above equations
because the coarse resolution ocean GCM only enables it to resolve the largest continental
shelves. Many small areas of raised bathymetry in pelagic environments were also unresolved.
To address this insufficiency, a sub-grid scale bathymetry was coupled to the course resolution
GCM following the methodology of Somes et al. (2013) and using the ETOPO5 112
th
of a degree
dataset. For each latitude by longitude grid point, the fraction of area that would be represented
by shallower levels in the GCM was calculated if this finer resolution bathymetry were used. At
each depth level above the OGCM’s deepest level, the fractional area represented by sediments
on the sub-grid scale bathymetry was used to remineralise all forms of organic matter via the
sedimentary processes defined above.
Radiocarbon
The calculation of radiocarbon (δ14C) is the same as that of Toggweiler et al. (1989). This scheme
directly calculates the δ14C value of sea water without explicitly calculating the concentration
of DI14C by using ”an arbitrary scale to express the 14C:12C ratio”. The atmospheric δ14C is
set at 100 units and the decay constant is set at 3.89 × 10−4 s−1 for a half life of 5570 years.
Simulated units of 14C are then converted into δ14C using the following:
δ14C = (14C − 100) · 10 (T4.5)
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Brief overview of the ocean biogeochemical model
The ocean biogeochemical model of CSIRO Mk3L-COAL now considers three forms of organic
matter that is exported out of the euphotic zone (upper 100 metres) and remineralised at depth.
These forms include a general phytoplankton group, diazotrophs and calcifiers. Export, remi-
neralisation and elemental stoichiometry of the general phytoplankton group follow dynamical
equations that vary in response to changing environmental conditions particular to each surface
grid cell (Buchanan et al., 2018). Furthermore, the general phytoplankton group is now subject
to limitation by NO3. Diazotrophs have fixed nutrient-limitation functions and stoichiometry,
but their remineralisation through the water column is dynamic. Calcifiers export CaCO3 at
8% of the general phytoplankton group and have fixed stoichiometry and remineralisation. Ho-
wever, the remineralisation of all groups is altered further by subgrid-scale bathymetry, which
increases the amount of organic matter that is remineralised at shallower depths.
The ocean biogeochemical model now considers a total of 8 biogeochemical tracers. Nutrients
include phosphate (PO4), nitrate (NO3), and dissolved iron (dFe). Oxygen terms include dis-
solved oxygen (O2) and abiotic dissolved oxygen (
abioO2), from which True Oxygen Utilisation
(TOU) can be solved. Carbon tracers include dissolved inorganic carbon (DIC), alkalinity (ALK)
and radiocarbon (δ14C). The carbon chemistry calculations for DIC and ALK were updated to
the routines stipulated in the Ocean Modelling Inter-comparison Project that will participate in
the Coupled Model Intercomparison Project phase 6 (Orr et al., 2017).
Summary
The ocean component of the CSIRO Mk3L-COAL Earth system model was supplemented with
sedimentary remineralisation processes to complete the marine nitrogen cycle, alongside the
inclusion of dynamic biological functioning, and an abiotic radiocarbon (δ14C) tracer.
210
References
Bohlen, L., Dale, A. W., and Wallmann, K.: Simple transfer functions for calculating benthic
fixed nitrogen losses and C:N:P regeneration ratios in global biogeochemical models, Global
Biogeochemical Cycles, 26, https://doi.org/10.1029/2011GB004198, 2012.
Buchanan, P., Matear, R., Chase, Z., Phipps, S., and Bindoff, N.: Dynamic Biological Functio-
ning Important for Simulating and Stabilizing Ocean Biogeochemistry, Global Biogeochemical
Cycles, https://doi.org/10.1002/2017GB005753, 2018.
Gundersen, J. K. and Jorgensen, B. B.: Microstructure of diffusive boundary layers and the
oxygen uptake of the sea floor, Nature, 345, 604–607, https://doi.org/10.1038/345604a0, 1990.
Lamarque, J. F., Dentener, F., McConnell, J., Ro, C. U., Shaw, M., Vet, R., Bergmann, D.,
Cameron-Smith, P., Dalsoren, S., Doherty, R., Faluvegi, G., Ghan, S. J., Josse, B., Lee, Y. H.,
Mackenzie, I. A., Plummer, D., Shindell, D. T., Skeie, R. B., Stevenson, D. S., Strode, S., Zeng,
G., Curran, M., Dahl-Jensen, D., Das, S., Fritzsche, D., and Nolan, M.: Multi-model mean
nitrogen and sulfur deposition from the atmospheric chemistry and climate model intercompa-
rison project (ACCMIP): Evaluation of historical and projected future changes, Atmospheric
Chemistry and Physics, 13, 7997–8018, https://doi.org/10.5194/acp-13-7997-2013, 2013.
Orr, J. C., Najjar, R. G., Aumont, O., Bopp, L., Bullister, J. L., Danabasoglu, G., Doney, S. C.,
Dunne, J. P., Dutay, J.-C., Graven, H., Griffies, S. M., John, J. G., Joos, F., Levin, I., Lindsay,
K., Matear, R. J., McKinley, G. A., Mouchet, A., Oschlies, A., Romanou, A., Schlitzer, R.,
Tagliabue, A., Tanhua, T., and Yool, A.: Biogeochemical protocols and diagnostics for the
CMIP6 Ocean Model Intercomparison Project (OMIP), Geoscientific Model Development, 10,
2169–2199, https://doi.org/10.5194/gmd-10-2169-2017, 2017.
Sarmiento, J. L. and Gruber, N.: Ocean Biogeochemical Dynamics, Princeton University Press,
2006.
211
REFERENCES
Somes, C. J., Oschlies, A., and Schmittner, A.: Isotopic constraints on the pre-industrial oceanic
nitrogen budget, Biogeosciences, 10, 5889–5910, https://doi.org/10.5194/bg-10-5889-2013,
2013.
Toggweiler, J. R., Dixon, K., and Bryan, K.: Simulations of radiocarbon in a coarse-resolution
world ocean model: 2. Distributions of bomb-produced carbon 14, Journal of Geophysical
Research, 94, 8243, https://doi.org/10.1029/JC094iC06p08243, 1989.
Yamanaka, Y. and Tajika, E.: The role of the vertical fluxes of particulate organic matter and
calcite in the oceanic carbon cycle: Studies using an ocean biogeochemical general circula-
tion model, Global Biogeochemical Cycles, 10, 361–382, https://doi.org/10.1029/96GB00634,
1996.
212
Chapter 4
Oceanic store of biological carbon
regulated by nitrogen fixation
This chapter is prepared for submission as an article to Nature.
Pearse James Buchanan1,2,3, Zanna Chase1, Richard Matear2,3, Steven Phipps1,
and Nathan Bindoff1,2,3, 4
1Institute for Marine and Antarctic Studies, University of Tasmania, Hobart, Australia
2CSIRO Oceans and Atmosphere, CSRIO Marine Laboratories, G.P.O. Box 1538, Hobart, Australia
3ARC Centre of Excellence in Climate System Science, University of Tasmania, Hobart, Australia
4Antarctic Climate and Ecosystems Cooperative Research Centre, University of Tasmania, Private
Bag 80, Hobart, Australia
213
4.1. INTRODUCTION
Abstract
The ocean exerts the primary control on atmospheric carbon dioxide (pCO2) and climate over
millennia. Both high and low latitude processes have been proposed to explain CO2 absorption
and release over glacial cycles. For the first time we show that these process are linked and
ultimately involve specialised, dinitrogen (N2) fixing microbes. Across different nitrate (NO3)
inventories, ocean circulations and iron (Fe) supply scenarios, the oceanic carbon (C) inventory
increases by ∼8 Pg C (1 Petagram = 1015 g) for every additional 0.001 Pg N2 fixation per year.
N2 fixers regulate biological C storage by driving a more efficient consumption of phosphorus (P)
and export of C. Their regulation of the C store is controlled by mechanisms both local to their
low latitude habitat and remote. Locally, aeolian Fe deposition and denitrification stimulate
N2 fixation. Remotely, subantarctic mode waters control N2 fixation via supply of nutrients,
specifically their N:P signature. We reveal N2 fixation as the regulator of biological C storage
that unites high and low latitude processes of atmospheric pCO2 drawdown.
4.1 Introduction
To understand the biogeochemical role of marine N2 fixation first requires an understanding of
the N cycle’s sources and sinks. Fixed N is introduced by N2 fixing photoautotrophs, which
are distributed in the NO3-limited waters of warmer climes, particularly where Fe and P are
available (Sohm et al., 2011). Meanwhile, fixed N is removed from the ocean by denitrifying
microbes, which primarily inhabit suboxic (O2 < 10 mmol m
−3) sediments and water masses
(Gruber, 2008). N2 fixation and denitrification are therefore not only sensitive to each other
via N cycling, but are also sensitive to the rate at which the ocean is ventilated (Galbraith
et al., 2013), and the rate at which nutrients are delivered to surface waters (Straub et al., 2013;
Weber and Deutsch, 2014). The sensitivity of the N cycle’s sources and sinks to O2, N, P, and
Fe availability imbues the N cycle and the fixed N inventory with a tendency to fluctuate as
global conditions change (Deutsch et al., 2004; Galbraith et al., 2013). The tendency for NO3
to fluctuate alongside its role as a limiting nutrient for primary production (Moore et al., 2013)
has inspired the hypothesis that variations in the N cycle are important for controlling the C
inventory (Altabet et al., 2002; Broecker and Henderson, 1998; Falkowski, 1997; Somes et al.,
2017).
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One of the most important links between the marine N cycle and the biological C pump
is provided by N2 fixers themselves. Traditional thinking posits that N2 fixers are important
because they provide bioavailable forms of N, and therefore support C export (Falkowski, 1997).
However, several lines of evidence now suggest that the N2 fixers also make a direct contribution
to C export. First, N2 fixers are a significant proportion of primary production in oligotrophic
waters (Karl et al., 1997, 2012). Second, they are efficient P consumers (Dyhrman et al.,
2006) and C fixers, with C:P uptake ratios well in excess of mean ocean C:P (Fu et al., 2014;
Nuester et al., 2012; White et al., 2006). Third, N2 fixers are more widespread than previously
thought, inhabiting NO3-poor (Karl et al., 1997; Sohm et al., 2011) and NO3-rich waters of
the tropics (Deutsch et al., 2007; Fernandez et al., 2011; Luo et al., 2012). The ubiquity and
biogeochemical properties of N2 fixers implicates them as significant contributions to biological
C storage (Richardson and Jackson, 2007).
This study provides a new perspective on the marine N cycle. It demonstrates in multiple
experimental stages that N2 fixation regulates biological C storage in the ocean. We explore the
relationship between N2 fixation and C storage using the ocean component of the CSIRO Mk3L
Earth system model. This model was equipped with a fully prognostic N cycle and dynamic
functionality of the marine ecosystem (see methods; supplementary materials section 4.6.1;
Fig. S4.1), which included variable nutrient limitation functions, remineralisation rates and
stoichiometry of organic matter (Buchanan et al., 2018).
4.2 Results
4.2.1 N cycle parameter variations
First, a total of 72 unique marine N cycles were created by altering the parameterisations for
N2 fixation and sedimentary denitrification under contemporary conditions (Mk3L
mild
PI ; supple-
mentary materials section 4.6.2; Figs. S4.2 and S4.3; Table S4.1). N2 fixation rates varied from
115 to 200 Tg N yr−1, and the ratio of sedimentary to water column denitrification (Sed:WC)
varied from 0.6 to 13.6 (Fig. 4.1a). Global and surface mean nitrate (NO3) ranged from 20.0
to 25.4 mmol m−3, and 3.4 to 4.6 mmol m−3, respectively, and were negatively correlated with
denitrification (r2 = -0.69). Sedimentary denitrification in particular was the driver of change in
the NO3 inventory (r
2 = -0.86), as higher rates reduced the potential of NO3 to accumulate in
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deeper, older waters. Despite low mean NO3, all surface and global correlations to observations
(Garcia et al., 2013a) exceeded 0.91 and 0.88, respectively.
Figure 4.1: Unique marine N cycles produced by varying parameters for sedimentary
denitrification (α and β) and N2 fixation (K
D
Fe and S
D
E:P ) and the effect on the C cylce.
Panel (a) demonstrates the large spread of N cycles that were produced, and places
them in the context of contemporary estimates (dashed box DeVries et al., 2012; Eugster
and Gruber, 2012). The red highlighted marker identifies the N cycle carried forward in
additional experiments presented below. Key features of the marine N cycle are the global
rate of N2 fixation and mean NO3, and their relationships to C export (b-c) and the C
inventory (d-e) are shown. See methods for details regarding the parameter values.
These simulations showed that N2 fixation was strongly related to changes in the C inventory
(Fig. 4.1d). The 85 Tg N yr−1 range in N2 fixation explained most of the 450 Pg C range in
the C inventory (r2 = 0.86). Interestingly, an increase in N2 fixation, and therefore the ocean’s
C inventory, was not clearly related to an increase in C export (Fig. 4.1b). The absence of
a relationship between N2 fixation and C export was due to changes in the marine ecosystem
that stabilised C export across different N2 fixation fields. Increasing the Fe requirements of N2
fixers (KDFe), which restricted N2 fixation to areas of high aeolian Fe deposition, caused regional
changes in the strength of C export, but little change in its global strength (supplementary
materials section 4.6.3; Fig. S4.4).
In contrast, the NO3 inventory had no clear relationship with the C inventory (Fig 4.1e),
was positively related to C export (Fig 4.1d), and had little effect on the spatial distribution
of N2 fixation (Fig. S4.5). A loss of NO3 caused by an increase in sedimentary denitrification
reduced C export downstream of eutrophic waters, and slightly increased N2 fixation uniformly
across its distribution (supplementary materials section 4.6.4). The NO3 inventory therefore
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showed no clear relationship to the C inventory because of opposing responses in C export from
N2 fixer and non-N2 fixer communities.
4.2.2 Aeolian Fe deposition experiments
In light of our initial results, we performed simulations to explore the relationship between
N2 fixation and the C inventory. For these experiments, the delivery of aeolian Fe to the ocean
surface was varied from 25% to 2500% of its preindustrial rate (Mahowald et al., 2005) to emulate
variations in aeolian dust over glacial cycles (Lambert et al., 2015). These simulations used a
single parameterisation of the contemporary marine N cycle (highlighted marker in Fig. 4.1).
Varying iron supply emulated different parameterisations for the iron limitation term (KDFe), and
so produced a suite of unique N2 fixation fields and rates. Furthermore, the direct contribution
of N2 fixers to C sequestration was quantified by replicate experiments where C export by N2
fixers was disabled.
As N2 fixation increased from 64 Tg N yr
−1 to 189 Tg N yr−1 in response to greater Fe
supply, the C inventory increased from 33,398 to 34,434 Pg C (Fig. 4.2a). The biological store
of C was once again strongly related to N2 fixation. For these Fe deposition experiments, the
relationship was linear, where 8.2 ± 0.1 Pg C accumulated for every additional 1 Tg N yr−1.
Like the N cycle parameterisation experiments of the previous section, the accumulation of C
in the ocean was decoupled from the rate of C export (Fig. 4.2b). Our Fe deposition experiments
allowed us to diagnose the cause of this decoupling, and thereby explain why N2 fixation, not
C export, linearly predicted biological C storage. When the global marine ecosystem was more
strongly Fe-limited than P-limited, which coincided with aeolian Fe deposition fluxes less than
100% of the preindustrial rate, additions of Fe increased global C export from 6.5 to 8.0 Pg C
yr−1 (Fig. 4.2b). Gradual relief from Fe limitation elevated rates of C export from both the
non-N2 fixing and the N2 fixing community, and the C inventory grew by 757 Pg C. Under
Fe limitation, changes in C export and N2 fixation were both good predictors of biological C
storage.
The transition from Fe-limiting to P-limiting conditions, defined by a plateau in total C
export (Fig. 4.2b) and the depletion of surface P (Figs. 4.2d-g), marked the point at which C
export no longer predicted biological C storage. When Fe supply was sufficient to saturate the
requirements of ecosystems, global C export stabilised at 7.8 Pg C yr−1 (Fig. 4.2b). Subsequent
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additions of Fe had no effect on C export. However, subsequent additions of Fe did support
greater rates of N2 fixation, and ensured that N2 fixation remained a good predictor of the
C inventory at a rate of 8.2 Pg C (Tg N yr−1)−1. Continued growth of N2 fixation under P
limitation was due to the competitive advantage of N2 fixers for scavenging P (Dyhrman et al.,
2006), which weakened C export from the non-N2 fixing community (see grey line and empty
markers in Fig. 4.2b). The transition from an Fe-limited to a P-limited ocean involved greater
competition for available P, which benefited N2 fixers and the export of their C-rich (C:P =
331:1) organic matter (Fu et al., 2014; Nuester et al., 2012; White et al., 2006).
Although global C export stabilised under P-limiting conditions, both N2 fixation and C
storage continued to increase at the same rate of 8.2 Pg C (Tg N yr−1)−1. Thus, the direct con-
tribution of N2 fixers (their C export) to an accumulating C inventory became more important.
Replicate experiments where N2 fixer C export was disabled allowed their direct contribution to
be quantified. Their direct contribution accelerated from 1.4 to roughly 5 Pg C (Tg N yr−1)−1,
or from 17% to 61% of the 8.2 Pg C (Tg N yr−1)−1 rate, as the global ecosystem transitioned
from Fe to P limitation (see grey line in Fig. 4.2a). Contributions from the non-N2 fixer commu-
nity decelerated accordingly from 83% to 39%, and therefore still contributed a small proportion
of biological C storage despite losses in their C export rate (see empty markers in Fig. 4.2a-b).
Continued accumulation of C under P-limiting conditions was associated with stronger cou-
pling between N2 fixation and tropical denitrification (Fig. 4.2d-g). N2 fixation cannot increase
in a global sense without stronger rates of NO3 depletion. Ultimately, elevated N2 fixation must
therefore be supported by elevated denitrification, which must be supported by oxygen depletion
(Fig. 4.2c). As denitrification removed more NO3, the niche of N2 fixers moved closer to expan-
ding suboxic zones because (1) NO3 upwelling to surface waters was reduced, which caused (2)
unconsumed, excess P and Fe to spill out across the ocean. Greater Fe supply therefore allowed
N2 fixers to inhabit NO3-poor surface waters that border productive regions in the tropics. The
presence of N2 fixation close to, or immediately above, suboxic zones enhanced C storage as
more C-rich organic matter was efficiently transferred to deeper waters (see Fig. S4.1c; Cavan
et al., 2017) where residence times are greater (see Fig. S4.3; Weber et al., 2016). Further-
more, P was more completely consumed as N2 fixation provided a local NO3 supply (contours of
Figs. 4.2d-g). The consumption of P in turn elevated both the N:P (14.6 to 19.4) and C:P (101
to 139) ratios of the marine ecosystem (see Fig. S4.4; Galbraith and Martiny, 2015; Weber and
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Figure 4.2: Relationship between N2 fixation and oceanic C cycle caused by variations in
Fe supply. Panels (a-c) show the relationship between N2 fixation and (a) the C inventory,
(b) C export and (c) the amount of suboxia (O2 ¡ 10 mmol m
−3) as a percentage of ocean
volume. Empty markers in panels (a) and (b) represent changes in the C cycle when
N2 fixers are not able to fix and export C. Grey lines depict the contribution that N2
fixers make to (a) the C inventory and (b) C export when they are able to fix and
export C. Annotated text on panel (c) identifies each experiment by its percentage of
the preindustrial Fe deposition flux. Panels d-g depict N2 fixation fields overlain with
contours of annual mean surface phosphate in mmol m−3 under a subset of different Fe
deposition variations. The compilation of observed N2 fixation rates from (Luo et al.,
2012) is also overlain on panel (d).
Deutsch, 2014), which provided additional competitive advantage to N2 fixers and increased the
efficiency of the biological pump.
4.2.3 Circulation changes
We further tested the ability of N2 fixation to predict biological C storage in different ocean
states. These ocean states covered warm to glacial conditions, and we altered the N2 fixation field
using a subset of experiments undertaken previously. We altered the Fe limitation term, KDFe,
and prescribed Fe deposition fields at 50%, 80%, 100%, 600% and 2500% of the preindustrial
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Table 4.1: Global properties of the four ocean states.
Variable Units GFDLwarmPI Mk3L
mild
PI HadGEM
mild
PI Mk3L
cold
LGM
Tempa (◦C) 5.4 4.0 3.6 1.4
Sala (psu) 34.72 34.50 34.38 35.49
δ14Ca () -143.9 -151.5 -158.4 -184.2
O2
a (AOUa) (mmol m−3) 172 (136) 188 (134) 222 (103) 243 (95)
Suboxiab (% ocean) 3.6 2.7 2.1 1.6
NO3
a mmol m−3 22.1 22.4 24.0 28.9
ΨAABW
c (Sv) 7.2 11.5 11.4 39.0
ΨNADW
d (Sv) 20.3 18.4 13.0 13.0
∂ρ
∂z
(0-500 m)e (kg m−3) 5.41×10−3 5.06×10−3 4.91×10−3 6.39×10−3
∂ρ
∂z
(1-2 km)e (kg m−3 0.51×10−3 0.45×10−3 0.65×10−3 1.62×10−3
aGlobal mean values. All other properties are integrated totals.
bSuboxia refers to waters < 10 mmol O2 m
−3.
cFormation rate Antarctic Bottom Water (AABW).
dFormation rate of North Atlantic Deep Water (NADW).
eA measure of density change, and hence stratification, averaged over a depth interval.
flux.
In total, four circulation states were used. These were GFDLwarmPI , Mk3L
mild
PI (control state
used previously; Fig. S4.3), HadGEMmildPI and Mk3L
cold
LGM (Table 4.1; Fig. S4.6; supplementary
materials section 4.6.5). GFDLwarmPI was the warmest, youngest (see δ
14C), most deoxyge-
nated and NO3-deplete ocean, with a rapid overturning circulation dominated by the upper
cell. Mk3LmildPI and HadGEM
mild
PI were cooler, fresher and formed greater quantities of Antarctic
Bottom Water than GFDLwarmPI . The key difference between Mk3L
mild
PI and HadGEM
mild
PI was
the rate of North Atlantic Deep Water formation, which was stronger for Mk3LmildPI and so eleva-
ted C export, oxygen consumption and denitrification rates. Mk3LcoldLGM was the coldest, saltiest,
and oldest ocean state, featuring strong vertical density gradients and greatly expanded lower
cell powered by strong Antarctic Bottom Water formation. This state was well oxygenated and
accumulated NO3 in its deep waters.
Once more, N2 fixation was a strong predictor of biological C storage in all ocean states.
An increase in N2 fixation, caused by either relaxing the Fe limitation term K
D
Fe (circles in
Fig. 4.3a) or varying Fe deposition (star, square and triangles Fig. 4.3a; see supplementary
materials section 4.6.6), were associated with strongly linear changes in the C inventory. For
every additional teragram of NO3 per year, C increased by an average of 7.6 ± 0.4 Pg across
the states.
The response of N2 fixation to changes in Fe availability was dependent on the availability
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Figure 4.3: Relationship between N2 fixation and the oceanic C cycle for each of the four
ocean states, and how consumption of surface phosphate (PO4) relates to the magnitude
of C sequestration. Panel (a) depicts the ability of N2 fixation to predict the magnitude of
biological C sequestration in all states, and quantifies this linear relationship. The central
panels (b-e) depict changes in global C export as N2 fixation changes. Each state has a
different susceptibility to P-limitation, shown by the dashed vertical line. Like Fig. 4.2,
the empty markers represent C export without the contribution from N2 fixers. Panel (c)
shows how the relationship between surface PO4 and biological C sequestration changes
as the global ecosystem transitions to P limitation. Modern mean surface PO4 is 0.53
mmol m−3, indicating potential for biological C sequestration.
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of P in surface waters. There were significant differences between the four physical states in this
regard. Stratification in Mk3LcoldLGM weakened the delivery of P to surface waters, and its cool,
well ventilated state ensured a lesser volume of suboxic water (Table 4.1). Consequently, changes
in the strength and distribution of N2 fixation were less in Mk3L
cold
LGM , and the transition from an
Fe-limited to a P-limited ecosystem occurred under lower Fe supply (Fig. 4.3b). Its susceptibility
to P-limitation restricted the range of N2 fixation to 36 Tg N yr
−1 and, consequently, the C
inventory to 274 Pg C as Fe supply increased from 50% to 2500% of its preindustrial rate
(Fig. 4.3f; Fig. S4.7). In contrast, N2 fixation increased by 100.6 Tg N yr
−1, surface P decreased
by 0.3 mmol m−3, and the C inventory increased by 695 Pg C in the P-rich GFDLwarmPI state
(Fig. 4.3e-f). The response of N2 fixation, P utilisation and C storage therefore varied by ∼2.3×
due to differences in the physical supply of P to surface waters (Fig. 4.3a-f).
4.2.4 Fe fertilisation of the Southern Ocean
Finally, we explored how N2 fixation responded to Southern Ocean biogeochemical changes by
imposing the glacial Fe deposition field only to latitudes south of 45◦S. This experiment was
carried out under the Mk3LmildPI physical state.
Fertilising the Southern Ocean with Fe increased N2 fixation by 6 Tg N yr
−1 and increased the
oceanic C inventory by 98 Pg C (Fig. 4.4a). The increase in N2 fixation occurred in the tropical
and subtropical Indo-Pacific, and once more involved a stronger coupling to the denitrification
zones (Fig. 4.4b). N2 fixers and their contribution to C storage therefore exhibited similar
responses regardless of whether Fe was increased everywhere or only in the Southern Ocean.
A biogeochemical connection between the Southern Ocean and the lower latitudes was re-
sponsible for the increase in N2 fixation and C inventory. We built a transport tracer matrix
as per (Khatiwala et al., 2005) using the Mk3LmildPI velocity fields to quantify the connection.
Between 5 and 10 % of water immediately beneath the mixed layer (100-250 metres) of the tro-
pical and subtropical Indo-Pacific were of subantarctic origin (Fig. 4.4c). Subantarctic waters
are rich in nutrients, and their contribution of 5 to 10 % has a disproportionate influence on the
biogeochemical properties of lower latitude surface waters. The increase in dissolved Fe and the
decrease in NO3 that occurred in subantarctic waters (Figs. 4.4d-e) was therefore conveyed to
the Indo-Pacific, and stimulated N2 fixation.
However, the 98 Pg C increase associated with the 6 Tg N yr−1 in N2 fixation exceeded the
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Figure 4.4: Linear relationship between N2 fixation and C inventory maintained when
Fe deposition increased only in Southern Ocean. Panel (a) places the Southern Ocean
Fe deposition experiment (blue triangle) in the context of global aeolian Fe experiments
undertaken within previously and shown in Fig. 4.2. The change in (b) N2 fixation, (d)
surface Fe and (e) surface NO3 between the Southern Ocean Fe deposition experiment
and the preindustrial experiment are shown. Panel (c) quantifies the percentage of water
of subantarctic origin that flows through 100-250 metres. All contours align with tick
marks on colour bars.
8.2 Pg C (Tg N yr−1)−1 relationship. N2 fixers only contributed 28 Pg C via direct export to
the total 98 Pg C increase, meaning that the non-N2 fixer community contributed the remaining
70 Pg C (empty markers in Fig. 4.4a). Additional C storage via non-N2 fixer export occurred
through increased production surrounding the high nutrient, low chlorophyll zone in the Eastern
Pacific. The Eastern Pacific increased production because it was supplied with more Fe, but
also because the modest increase in N2 fixation supplied NO3 to local waters (Fig. 4.4e). An
Fe fertilised Southern Ocean therefore supported N2 fixation in the Indo-Pacific through its
biogeochemical connection to the tropics, and thereby supported C export from the marine
ecosystem by increasing local NO3 supply to previously NO3-limited environments.
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4.3 Discussion
The response of N2 fixation to Fe supply was a robust predictor of biological C storage. For
every 1 Tg N yr−1 increase, roughly 8 Pg C was added to the oceanic reservoir across a broad
suite of N cycle parameters and ocean circulations. The global rate of N2 fixation regulated
biological C storage because of its unique capacity to strengthen C export and consume P. N2
fixers efficiently fix (Fu et al., 2014; Nuester et al., 2012; White et al., 2006) and export C (Karl
et al., 2012), competitively scavenge P (Dyhrman et al., 2006; Sohm et al., 2011) and support
local/downstream C export from other phytoplankton through fixed N supply (Karl et al., 1997).
Supporting N2 fixation by increasing Fe supply therefore increased P consumption, elevated
C:P ratios of the marine ecosystem (Galbraith and Martiny, 2015; Klausmeier et al., 2004), and
strengthened the efficiency the biological C pump. This relationship was robust across glacial
to warm conditions, and occurred regardless of whether Fe supply and NO3-depletion occurred
local to the lower latitudes or remotely via the biogeochemical connection to the subantarctic
(Sarmiento et al., 2004).
The relationship between N2 fixation and C storage challenges traditional thinking. The NO3
inventory is often invoked as a control on the C inventory (Altabet et al., 2002; Broecker and
Henderson, 1998; Falkowski, 1997; Somes et al., 2017) because NO3 limits primary production
across much of the low latitude ocean (Moore et al., 2013). It is thought that more NO3 should
mean more C export and consequently more C stored in the ocean. However, this premise is
fundamentally challenged by our results. Due to the strong relationship between N2 fixation
and biological C storage and their reliance on subsurface NO3 depletion, an increase in the NO3
inventory did not increase the C inventory.
These insights implicate N2 fixation as a key contributor to past variations in atmospheric
pCO2 that are characteristic of the glacial cycles. Elevated aeolian dust supply during ice ages
(Lambert et al., 2015) likely relieved Fe limitation, thereby strengthening N2 fixation and P
consumption. In addition, greater nutrient consumption in the subantarctic (Martinez-Garcia
et al., 2014) likely supported N2 fixation through a delivery of Fe-rich, NO3-deplete waters
(Brzezinski et al., 2002; Hutchins and Bruland, 1998) to tropical thermoclines (Sarmiento et al.,
2004). We propose that glacial conditions therefore supported more complete nutrient utilisation
in a global sense, with the efficiency of P consumption and C export in the lower latitudes
regulated by N2 fixation. Our results therefore unite high and low latitude mechanisms of pCO2
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drawdown.
Importantly, our results do not challenge evidence for weaker N2 fixation rates during the
glacial period (Ganeshram et al., 2002; Straub et al., 2013), because a more efficient biological
pump is associated with the efficiency of P consumption, not higher rates of N2 fixation or C
export. Supply of P to surface waters was probably reduced owing to a more stratified, glacial
ocean (Basak et al., 2018). Lower P supply explains lower N2 fixation rates (Straub et al., 2013),
but does not discount a more efficient biological pump during glacial times, which is required
to explain proxy records of carbon and nitrogen isotopes (Schmittner and Somes, 2016). We
therefore propose that N2 fixation driving efficient low latitude nutrient utilisation, together
with polar stratification (Basak et al., 2018; Jaccard et al., 2005; Sigman et al., 2010), an
expanded, sluggish lower overturning cell (Jansen, 2017; Menviel et al., 2017) and more efficient
high latitude nutrient utilisation (Martinez-Garcia et al., 2014), is a key process required to
explain the glacial pCO2 drawdown.
The strong relationship between N2 fixation and biological C storage also provides a new
perspective on biogeochemical changes occurring today. Their negative relationship with NO3
indicates that increasing rates of denitrification, caused by expanding suboxic zones (Stramma
et al., 2008), may not reduce the ocean’s ability to absorb CO2. Instead, expanding suboxia
and other changes since the industrial revolution may be symptoms of strengthening biological
uptake of CO2. Moderate coupling between N2 fixation and denitrification (Deutsch et al.,
2007; Fernandez et al., 2011; Luo et al., 2012, see Figs. 4.2d-g), combined with incomplete P
utilisation across large parts of the low latitudes (Garcia et al., 2013a, see Fig. 4.3f), sets the
stage for significant growth in N2 fixation in the coming centuries. This growth in N2 fixation
is taking place in the Pacific and has been ongoing since the industrial revolution (McMahon
et al., 2015; Sherwood et al., 2014), and is likely to continue as the oligotrophic niche of N2 fixers
expands in the coming centuries (Flombaum et al., 2013). Alongside a more efficient transfer
of C to depth caused by oxygenation (Cavan et al., 2017), N2 fixation is likely to support a
long-term strengthening of biological C storage in a warming climate, so long as Fe supply is
sufficient.
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4.4 Methods
4.4.1 Model
Physical model
Model simulations were performed using the ocean component of the Commonwealth Scientific
and Industrial Research Organisation Mark 3L (Mk3L) Earth system model. The ocean com-
ponent is comprised of an ocean general circulation model (OGCM; Phipps et al., 2013) and
an ocean biogeochemical model (OBCM; Buchanan et al., 2018). The OGCM has a horizontal
resolution of 2.8◦ in longitude by 1.6◦ in latitude, with 21 vertical levels. It is a coarse resolution,
z -coordinate OGCM. Its coarse resolution enables millennial timescales to be resolved.
Monthly climatologies of sea surface temperature (◦C), sea surface salinity (psu), and the
zonal and meridional components of surface wind stress (N m−2) are required as prescribed
fields. Linear interpolation in time is used to estimate the values of these fields at each timestep
of 300 seconds, or 288 times per day. Sea surface temperature and salinity values estimated by
the OGCM are relaxed towards the prescribed climatologies over 20 days.
Biogeochemical model
The OBCM is spatially coupled to the OGCM but is temporally decoupled so that its calculations
occur once per day. In addition to the surface climatologies required by the OGCM, the OBCM
requires climatologies of atmospheric surface pressure (atm), fractional sea ice cover, surface
wind speeds (m s−1), incident shortwave radiation at the surface (W m−2), aeolian deposition
of iron to the ocean (µmol m−2 s−1), and aeolian deposition of reactive nitrogen to the ocean
(mmol m−2 s−1).
For the purposes of this study, the OBCM simulated 7 prognostic biogeochemical tracers.
Carbon chemistry fields include dissolved inorganic carbon (DIC), alkalinity (ALK), and radi-
ocarbon (14C). Nutrient fields include phosphate (PO4), dissolved bioavailable iron (Fe), and
nitrate (NO3). Air-sea gas exchanges of oxygen (O2) and carbon dioxide (CO2), and carbon
chemistry routines were calculated according to the sixth Ocean Carbon-cycle Model Intercom-
parison Project (Orr et al., 2017).
The cycling of organic matter considers three forms of phytoplankton. These are a general
phytoplankton group (G), N2 fixers (otherwise known as diazotrophs;
D) and calcifiers. The
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general phytoplankton group is controlled by dynamic equations for organic matter production,
remineralisation and stoichiometry according to the study of Buchanan et al. (2018). These
equations allow the general phytoplankton group to represent variations in the biogeochemical
properties of the marine ecosystem, which has positive effects on the simulation of global ocean
biogeochemistry, particularly the nitrogen cycle. Meanwhile, N2 fixers and calcifiers follow more
static equations. N2 fixers have fixed nutrient limitation functions and stoichiometry based
on laboratory studies, but are also remineralised according to community composition (Weber
et al., 2016). The calcifying group, which only interacts with DIC and ALK species, produces
particulate inorganic carbon at 8 % of the rate at which the general phytoplankton group
produces organic carbon (Yamanaka and Tajika, 1996). Its remineralisation rate is also fixed
according to an e-folding depth-dependent decay, which transfers a large fraction of particulate
inorganic carbon to the deep ocean.
4.4.2 Simulations
All simulations were run for 12,000 years to achieve steady-state solutions of biogeochemical
tracers.
N cycle parameter variations
Seventy two experiments that varied key parameters in routines for N2 fixation and sedimentary
denitrification were undertaken. For N2 fixation, the export:production ratio (S
D
E:P ) and the iron
limitation term (KDFe) in equation T3.1 were varied. Two terms for sedimentary denitrification
were varied. They were α and β in equation T4.2. The combination of changes involved three
values for SDE:P (0.005, 0.0075 and 0.0100), three values for K
D
Fe (0.1, 0.3 and 0.5), four values
for α (0.08, 0.04, 0.008 and 0.0008) and two values for β (0.1 and 0.21).
The parameterisation that approximated current conditions and was carried forward in furt-
her experiments had constants of SDE:P = 0.005 mmol P m
−3 day−1, KDFe = 0.3 µmol Fe m
−3,
α = 0.08 and β = 0.1.
These experiments were run within the same physical ocean state, Mk3LmildPI (supplementary
materials section 4.6.2), driven by the same monthly climatologies of surface conditions over an
annual cycle. Surface climatologies required to force the OGCM and OBCM were generated by a
10,000 year pre-industrial (PI) control run of the flux corrected CSIRO Mk3L v1.2 climate system
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model in fully coupled mode (Phipps et al., 2013). The aeolian deposition of iron and reactive
nitrogen were provided by Mahowald et al. (2005) and Lamarque et al. (2013), respectively.
Aeolian Fe deposition experiments
Additional simulations that altered the climatology of aeolian Fe deposition we undertaken on
Mk3LmildPI using a parameterisation of the N cycle that approximated current conditions. These
included 50%, 80%, 90%, 100%, 125%, 150%, 200%, 300%, 400%, and 500% the preindustrial
field provided by (Mahowald et al., 2005). A future climate deposition at year 2300 CE that was
600% preindustrial, and a glacial climate deposition that was 2500% preindustrial, were also
included (Fig. S4.7). The future scenario was provided by the annual mean of the fsfe variable
over years 2291-2300 CE under scenario RCP8.5. This variable was provided by the MPI-
ESM-LR climate system model, and was downloaded from the Earth System Grid Federation
database. The reconstruction of glacial iron deposition was calculated by converting the dust
flux climatology of Lambert et al. (2015) to iron assuming 3.5 % iron content and 2 % solubility.
These experiments were undertaken using ecosystem models where N2 fixer C export was
turned on and off.
Circulation changes
We forced the OGCM with an additional three sets of boundary conditions to generate cold,
mild and warm ocean states in addition to Mk3LmildPI . The cold ocean state (Mk3L
cold
LGM ) was ge-
nerated by forcing the CSIRO Mk3L climate system model with glacial conditions as simulated
in Buchanan et al. (2016). Warm and mild conditions of GFDLwarmPI and HadGEM
mild
PI , respecti-
vely, were provided by the pre-industrial control runs of the GFDL-ESM2G and HadGEM2-CC
climate system models from the Climate Model Inter-comparison Project phase 5 (CMIP5)
multi-model ensemble (Taylor et al., 2012). More thorough physical analyses of these ocean
states are contained in Buchanan et al. (2016) and (Buchanan et al., 2018).
A subset of parameter variations were used to alter the N2 fixation field and NO3 content.
The Fe limitation term of N2 fixers, K
D
Fe, was varied from 0.1→ 0.3→ 0.5 µmol Fe m−3. The α
term of sedimentary denitrification was varied from 0.08 → 0.04 → 0.008 → 0.0008, and varied
the NO3 inventory. All experiments were run for 12,000 years.
In addition, we imposed different climatologies of aeolian Fe deposition to each ocean state.
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Five fields were considered: 50% preindustrial, 80% preindustrial, preindustrial, a future climate
deposition at year 2300 CE that was 600% preindustrial, and a glacial climate deposition that
was 2500% preindustrial (Lambert et al., 2015).
Fe fertilisation of Southern Ocean
The Fe fertilisation of the Southern Ocean experiment in physical state Mk3LmildPI imposed only
the glacial flux of Fe to the ocean surface Lambert et al. (2015) at grids south of 45◦S. Everywhere
else, the preindustrial flux field of Mahowald et al. (2005) was prescribed. This experiment was
also run to steady state over 12,000 years.
Transport Tracer Matrix
The Transport Matrix (TM) method of Khatiwala et al. (2005) provides an efficient, off-line
solver of steady-state distributions of ocean tracers. The TM represents the circulation of an
OGCM in a matrix format, and for our purposes was built using output from Mk3LmildPI physical
state (Phipps et al., 2013).
First, the TM requires advective volume transports of water through each grid face on the
horizontal (u and v components), and solves for the vertical volume transport (w) by enforcing
conservation of mass for each grid cell and by assuming zero transport through the bottom of
the ocean. Horizontal advective transports were 10 year averages of the OGCM forward run
at 12,000 years of integration, and include eddy-induced transport from the Gent-McWilliams
neutral physics scheme. The inclusion of advective transports was via an upwind advection
scheme.
Second, we accounted for diffusive mixing. The effect of horizontal mixing, which is set
at a maximum of 600 m2 s−1 in the OGCM, was already sufficiently accounted for in the TM
solutions by using the upwind advection scheme within the coarse resolution OGCM, and by
explicitly including the eddy-induced transports of the Gent-McWilliams neutral physics scheme.
We therefore prescribed only vertical mixing. Strong vertical mixing was included by applying
mixing at 0.1 m2 s−1 in cells subject to convective mixing. Vertical mixing in the remainder of
the ocean was applied using a constant background rate of 0.5 cm2 s−1.
This parameterisation of the TM produced the best fit to solutions using the forward model.
Global correlation in water mass age produced by the TM and the OGCM were 0.985, root
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mean square error was lowest at 96.4 years, and mean ages were less than 5 years different. To
solve for the age tracer in the TM, the equation is:
A · x+ b = ∂C
∂t
= 0 (4.1)
In the above, A is the TM containing all advective and diffusive mixing terms through each
face of each ocean cell, x is the vector of the tracer, and b is the sources and sinks of the tracer
in question. For water mass age, the surface cells are prescribed as zero (bi,j,k=1 = 0), while
subsurface cells are set to increase at a rate of 1 yr−1 (bi,j,k>1 = -3.171 × 10−8 s−1).
To solve for transports form surface waters in a given region, such as the subantarctic zone,
only the b term is altered. Surface waters in the subantarctic, between 45◦S and 55◦S, were set
equal to 1. No further terms were required, allowing the TM to distribute these waters.
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4.6 Supplementary material
4.6.1 Key properties of the marine ecosystem
The stoichiometry and transfer efficiency of marine organic matter were dynamically calculated
at each timestep using the equations applied in the study of Buchanan et al. (2018). These
dynamic equations account for the wide, regional variations in C:N:P ratios and remineralisation
rates known of the global ocean.
Figure S4.1: Annual average (a) nitrogen to phosphorus ratios and (b) carbon to phos-
phorus ratios of the non-N2 fixer community. The data compilation of stoichiometric
observations Martiny et al. (2014) is overlain on both plots. Panel (c) depicts the % of
organic matter that is remineralised in the upper 350 metres.
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4.6.2 Physical state analysis: Mk3LmildPI
Global temperature, salinity and δ14C fields produced by the CSIRO Mk3L control (Mk3LmildPI )
were in good agreement with observations (Figure S4.2; Table S4.1). Global and surface corre-
lations of temperature were excellent at ≥ 0.98, as is expected of boundary conditions produced
by a flux corrected coupled model. The fit of global and surface salinity was worse at ≥ 0.87,
with waters deeper than 2,000 metres being too fresh by 0.27 psu. This reflects an inability of
the OGCM to achieve peak wintertime densities in high latitudes, which is partly caused by
enforced relaxation to the prescribed surface climatologies (Phipps et al., 2011).
Overturning in each major basin (Figure S4.3) involved an Atlantic dominated by an upper
cell of North Atlantic origin but with dense southern source waters beneath 2,500 metres, a
Pacific Ocean dominated by a lower cell of southern origin, and an Indian Ocean with sluggish
deep circulation. The formation rates of key water masses, responsible for producing this ci-
rculation, mostly fell within the range provided by estimates from the literature (Table S4.1).
The only exception was the overturning of intermediate waters produced in the North Pacific,
which was too strong, and the Southern Ocean, which was too weak. The degree to which each
basin was affected by the lower cell, and thus waters of southern origin, was a good estimate for
the residence time of that basin. The Pacific ocean contained the oldest waters, followed by the
mid-depth waters in the Indian Ocean, as evident from the δ14C distribution.
However, the age of deep waters in all ocean basins was slightly too old when comparing
simulated δ14C to the observations (Graven et al., 2012), particularly in the North Pacific and
North Atlantic. This may partly explain the existence of anoxic zones that were too intense and
too deep in all ocean basins. The volume of anoxic water (O2 < 1 mmol m
−3) as a percentage
of the ocean varied between 1.9 and 2.5 % among the set 1 experiments, much greater than the
0.3 % of observations (Bianchi et al., 2012). Large volumes of anoxic water are an unfortunate
feature of coarse resolution OGCMs, caused by excessive equatorial upwelling driving high rates
of biological oxygen consumption (Oschlies, 2000) and poorly resolved equatorial undercurrents
(Brandt et al., 2008). The oxygen minimum zone of the North Indian Ocean was also positioned
in the Bay of Bengal, rather than the Arabian Sea, which is another common feature of coarse
resolution OGCMs (Moore and Doney, 2007; Oschlies et al., 2008). Despite these obvious
inconsistencies, a mean oxygen concentration of about 185 mmol m−3 and hypoxic water (O2 <
50 mmol m−3) volumes varying between 4.6 and 5.5 % were in better agreement with observations
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of 176 mmol m−3 and 4.4 % (Garcia et al., 2013b).
For a more detailed description and evaluation of the ocean dynamics see Phipps et al.
(2011), Phipps et al. (2012), and/or Phipps et al. (2013).
Figure S4.2: Taylor diagram (Taylor, 2001) showing univariate statistical measures of fit
between simulated and observed (the star) fields of temperature, salinity, surface tem-
perature, surface salinity and δ14C. Measures of fit are the correlation coefficent (angle),
normalised root mean square error (solid curved lines), normalised standard deviation
(distance from dashed curve), and normalised bias (color).
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Figure S4.3: Simulated overturning in 106 m3 s−1 (left) and δ14C in  (right) for the
Atlantic (top), Pacific (middle), and Indian (bottom) Oceans within Mk3LmildPI . Over-
turning south of 40◦S is excluded because water can exit to the east or west, and the
streamfunction does not account for these losses. The overturning streamfunction is over-
lain by zonally averaged contours of potential density (kg m−3 minus 1000) referenced to
2,000 metes. The simulated δ14C distribution of the ocean (contours) is overlain with the
compilation of historical measurements by (Graven et al., 2012).
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4.6.3 Response of the marine ecosystem to changes in N2 fixa-
tion
If N2 fixer C export itself was altered, regional responses in the non-N2 fixer community mitigated
changes in global C export. A weaker coupling between N2 fixation and tropical denitrification
zones, for instance, allowed more PO4 and Fe to spill out into the upper ocean, increasing non-
N2 fixer C export (C
G
exp) in the oligotrophic regions (Figure S4.4). The increase in C
G
exp was,
however, weakened by a decline in C:P ratios. As such, it was not able to fully account for losses
in N2 fixer C export as a result of weaker coupling. Even so, the marine ecosystem showed
self-regulatory behaviour to conserve global integrated C export within a range of 7.5 to 8.0 Pg
C yr−1 under Mk3LmildPI conditions despite large changes in NO3, N2 fixation, and regional rates
of C export.
Figure S4.4: Change in surface features of the marine ecosystem and depth-integrated
carbon content caused by an the separation of N2 fixers from the tropical upwelling regions.
(a) Surface nitrate, (b) surface phosphate, (c) surface dissolved iron, (d) C:P stoichiometry
of organic matter (CGexp), (e) carbon export by N2 fixers (C
D
exp), (f) total carbon export
of the marine ecosystem (CG+Dexp ), (g) depth-integrated respired carbon (C
G+D
org ), and (h)
depth-integrated carbon content.
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4.6.4 Response of the marine ecosystem to changes in NO3
Increases in NO3 were mostly felt in the high latitudes, where waters are rapidly mixed between
surface and subsurface layers (Fig. S4.5). However, small increases in NO3 in the oligotrophic
regions increased P and Fe utilisation, increasing the community C:P ratio and elevating C
export. However, this increase was offset by a decrease in N2 fixer C export (Fig. S4.5), which
stabilised global C export. As a result, little change in the C inventory occurred.
Figure S4.5: Change in surface features of the marine ecosystem and depth-integrated
carbon content caused by a global increase in the NO3 inventory (∆ 4.3 mmol m
−3). (a)
surface nitrate, (b) surface phosphate, (c) surface dissolved iron, (d) C:P stoichiometry
of organic matter (CGexp), (e) carbon export by N2 fixers (C
D
exp), (f) total carbon export
of the marine ecosystem (CG+Dexp ), (g) depth-integrated respired carbon (C
G+D
org ), and (h)
depth-integrated carbon content.
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4.6.5 Physical ocean states: GFDLwarmPI , HadGEM
mild
PI and Mk3L
cold
LGM
GFDLwarmPI , HadGEM
mild
PI and Mk3L
cold
LGM physical states each reflected oceans with different
circulations and density structures (Figure S4.6). GFDLwarmPI was the warmest with a global
mean temperature of 5.4 ◦C and least dense of the three. It featured an overturning circulation
dominated by the upper cell, with strong formation rates of North Atlantic Deep Water at 23
Sv and weak Antarctic Bottom Water formation at 7.2 Sv. The dominance of the upper cell
ensured rapid mixing through GFDLwarmPI . The HadGEM
mild
PI was of a similar density structure
to both Mk3LmildPI and GFDL
warm
PI , but was cooler at 3.6
◦C. Both HadGEMmildPI and Mk3L
mild
PI
formed greater quantities of Antarctic Bottom Water at ∼11.5 Sv. These states experienced a
stronger lower overturning cell, but HadGEMmildPI experienced a substantially shallower upper
cell with only 13.5 Sv of North Atlantic Deep Water production, which is low in the context
of historical estimates of 18 ± 5 (Talley, 2003). Mk3LcoldLGM was the coldest (1.4 ◦C), saltiest
(+ 1 psu), densest ocean state, featuring strong vertical density gradients and a deep ocean
with very old waters shown by very negative δ14C values. Mk3LcoldLGM also featured weak North
Atlantic Deep Water production at 13 Sv, but the strongest Antarctic Bottom Water formation
rate at 39 Sv. The large volume of Antarctic Bottom Water combined with increased vertical
stratification was therefore responsible for expanding Mk3LcoldLGM ’s lower cell and increasing the
age of its deep ocean.
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Figure S4.6: Zonal mean overturning streamfunctions in Sverdrups (106 m3 s−1) and
δ14C distributions for the GFDLwarmPI , HadGEM
mild
PI and Mk3L
cold
LGM ocean states. The
overturning streamfunction is overlain by contours of potential density (kg m−3 minus
1000) referenced to 2,000 metes.
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4.6.6 Iron contents under extreme deposition scenarios in diffe-
rent circulations
Here, we detail how none, future (2300 CE) and glacial scenarios of Fe deposition (Figure S4.7)
altered the marine Fe cycle in our four circulation states. The future and glacial scenarios
delivered 5.7 and 28.8 Gmol of Fe to the ocean each year.
Whole ocean Fe content and surface concentrations were dependent both on the delivery
via upwelling and aeolian deposition. Removing aeolian deposition isolated the role of the
circulation in the oceanic Fe cycle. Under the zero deposition scenario, whole ocean Fe content
was lowest in GFDLwarmPI and Mk3L
mild
PI at ∼0.27 µmol m−3, while both HadGEMmildPI and
Mk3LcoldLGM were higher at 0.35 and 0.38 µmol m
−3, respectively. Differences reflected the role
of the circulation for accumulating nutrients, as our simple Fe parameterisation relaxed Fe to
0.6 µmol m−3 in grid boxes in contact with the sediments over one year (Johnson et al., 1997).
Oceans with expanded lower overturning cells therefore accumulated Fe towards 0.6 µmol m−3.
Under higher Fe deposition scenarios of the future and glacial climate, this mechanism ensured
that almost no differences existed, with global mean Fe approximating 0.6 µmol m−3 for all
states.
Surface concentrations were less dependent on the circulation and more dependent on the
aeolian deposition field. All states were Fe-limited under the no deposition scenario, and all
states were Fe-replete (> 0.6 µmol m−3) under future and glacial scenarios. Future and glacial
Fe deposition scenarios produced global surface Fe concentrations of roughly 0.68 and 1.2 µmol
m−3 for all states, respectively, while no deposition lowered surface concentrations to≤ 0.05 µmol
m−3. Only the pre-industrial deposition scenario allowed sufficient differences in Fe availability
to develop between states that had consequences for the marine ecosystem. Surface Fe was
lowest in GFDLwarmPI at 0.36 µmol m
−3, and highest in Mk3LcoldLGM at 0.48 µmol m
−3. Mk3LmildPI
and HadGEMmildPI each contained moderate surface Fe concentrations of 0.41 and 0.44 µmol
m−3. GFDLwarmPI was largely Fe-limited, particularly across the subtropical and tropical Pacific
Ocean where aeolian deposition was low. A moderate delivery of Fe to the ocean surface therefore
accentuated differences caused by different circulations.
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Figure S4.7: Aeolian deposition fields of Fe in dust under pre-industrial, future and glacial
scenarios. The pre-industrial field was provided by Mahowald et al. (2005). The future
field at 2300 years CE was provided by the transient simulation of the MPI-ESM-LR
climate system model and was downloaded from the Earth System Grid Federation data-
base. The glacial field was provided by the climatology of dust of Lambert et al. (2015),
assuming 3.5 % iron content and 2 % solubility.
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Chapter 5
Summary and conclusions
5.1 Summary of key results
This dissertation has examined some important ways that marine biological processes function
in the ocean, and the consequences of this functioning for global biogeochemistry and carbon
storage. The three studies presented here show that marine biological processes constitute a
major control on climate through their links to the carbon cycle. Individually, each study
focusses on mechanisms that underlie these links, and quantifies their effect for carbon storage
and the global distribution of other biogeochemical properties.
The key findings for each study are as follows:
 It is commonly accepted that the frequent return to glacial conditions meant an increase
in the carbon inventory of the ocean. Many physical and biological mechanisms have
been proposed to explain this shift in the global carbon cycle. Achieving the full glacial
pCO2 drawdown of ∼95 ppmv, and reconciling other properties of the glacial ocean,
requires a combination of physical and biological changes. Functional changes in the
marine ecosystem that enhance the efficiency of carbon sequestration are, however, a
major driver, responsible for roughly half of the pCO2 drawdown.
 If biological processes function differently under glacial conditions, this implies that the
marine ecosystem responds to changes in the environment. The diversity of marine com-
munities that exists across the global ocean is testament to this fact. Accounting for
some of this diversity known of the present day not only improves the performance of
a biogeochemical model, but enables dynamic changes in ecosystem function as physical
changes occur. The result is that biological carbon storage is more resilient to change than
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previously thought, and buffers the carbon inventory against changes in ocean circulation.
 Iron supplied to the ocean via aeolian dust is characterised by high frequency, high ampli-
tude fluctuations over glacial cycles. A dustier glacial climate is argued to have enhanced
nutrient consumption in productive regions and so increased the biological contribution
to the carbon inventory. The rise in nutrient consumption is fundamentally linked to
higher rates of dinitrogen (N2) fixation. N2 fixation, a low latitude, carbon fixing process,
is stimulated by iron supply in NO3-depleted environments. A proliferation of N2 fixers
across the warm, oligotrophic ocean consumes available phosphorus and fixes carbon via
direct (uptake) and indirect (fixed nitrogen supply) mechanisms. The result is a more
efficient biological pump that stores more respired carbon in the ocean.
5.2 Conclusions drawn
The results presented in this thesis make the case that (1) biogeochemical processes are im-
portant for climate, and (2) if biogeochemical processes are more completely represented, our
understanding of global biogeochemical cycles changes, and additional mechanisms of carbon
storage and release may appear. While the first perspective is not new (Broecker and Hender-
son, 1998; McElroy, 1983; Sigman and Boyle, 2000), biogeochemical processes are yet to be more
completely represented in modelling studies. The work presented here is an attempt to address
this. It incorporates recent advances in our understanding of ecosystems and the nitrogen cy-
cle into a global model of the ocean. In doing so, it resolves new feedbacks, and makes them
testable.
5.2.1 Lessons from glacial climates
Much of what we now know about climate change comes from insights into past conditions.
One important lesson is that the biological uptake of carbon was key to the development of full
glacial conditions. Evidence of a stronger biological carbon pump during glacial periods exists
in many sediment cores recovered from around the world; in proxy measurements of nutrient
utilisation (Brunelle et al., 2010; Elderfield and Rickaby, 2000; Francois et al., 1997; Martinez-
Garcia et al., 2014) and in the rate of organic matter arriving to the sediments (Anderson et al.,
2002; Cartapanis et al., 2016; Kohfeld, 2005). Modelling studies have since corroborated and
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quantified the contribution of biological pCO2 drawdown to represent between one third and half
of the glacial-interglacial change (Buchanan et al., 2016; Schmittner and Somes, 2016; Tagliabue
et al., 2009).
The glacial climate is a useful example, and if the ocean’s pCO2 drawdown is to be under-
stood, a picture of the physical conditions must be formed. Fortunately, the large-scale physical
state of the glacial ocean is relatively well resolved. The glacial ocean was 2.6 ◦C cooler than
the Holocene on average (Bereiter et al., 2018), approximately 1 psu saltier (Wunsch, 2016), and
experienced roughly a doubling in the extent of sea ice (Gersonde et al., 2005). These chan-
ges in surface buoyancy, together with an equatorward shift in the prevailing westerly winds
(Toggweiler et al., 2006), had a strong effect on the ocean’s circulation. The lower overturning
cell underwent a volumetric expansion, filling more of the abyssal ocean (Adkins, 2013; Jansen,
2017). Not only did the lower cell expand, but it stratified (Basak et al., 2018) and slowed down
(Bopp et al., 2017; Jaccard and Galbraith, 2012; Menviel et al., 2017), leading to saltier (Adkins
et al., 2002), older waters in the deep Atlantic (Burckel et al., 2016; Curry and Oppo, 2005;
Duplessy et al., 1988; Howe et al., 2016; Oliver et al., 2010) and Pacific basins (Sikes et al.,
2017).
Geochemical proxy data, biogeochemical theory and modelling are used to predict how these
physical changes affected the strength of biological carbon uptake. First and foremost, the
expansion of the lower overturning cell primed the ocean to accumulate carbon, and thus to
reduce atmospheric pCO2. The sluggish rate of overturning through a greater proportion of the
global ocean not only decreased dissolved oxygen and δ13C of inorganic carbon species, but both
modelling studies (Buchanan et al., 2016; Schmittner and Somes, 2016; Tagliabue et al., 2009)
and reconstructions (Bradtmiller et al., 2010; Jaccard et al., 2009; Skinner et al., 2015) agree
that it was essential for increasing the respired carbon store.
However, the magnitude of pCO2 drawdown due to changes in the overturning circulation
has been systematically downgraded as a broader suite of biogeochemical processes is consi-
dered. An increase in deep ocean alkalinity to accompany the accumulation of deep carbon,
for instance, increases CaCO3 burial, subsequently lowers whole ocean alkalinity and weakens
pCO2 sequestration (Hain et al., 2010; Sigman et al., 2010). An accumulation of nutrients in
deeper parts of a more stratified ocean (Basak et al., 2018), cooling of surface waters and a sho-
aling of the Atlantic Meridional Overturning Circulation weakens nutrient delivery and export
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production (Buchanan et al., 2016; Marinov et al., 2008; Schmittner, 2005). More complete nu-
trient consumption in the subantarctic belt (Martinez-Garcia et al., 2014) would have depleted
mode and intermediate waters of nutrients, weakened nutrient delivery to the lower latitudes
(Sarmiento et al., 2004), and further weakened equatorial and tropical carbon export (Winckler
et al., 2016). The sensitivity of the global carbon inventory to changes in the volume and venti-
lation rate of the lower cell is further reduced when variations in the biogeochemical properties
of the marine ecosystem are considered (Buchanan et al., 2018; Tanioka and Matsumoto, 2017).
It seems that as our understanding of ocean biogeochemistry progresses, physical mechanisms
prove to be insufficient to fully explain these great swings in pCO2. It is therefore necessary to
call upon a wider array of biogeochemical feedbacks to help explain the pCO2 drawdown.
5.2.2 A new role for N2 fixation?
The major contribution of this thesis is therefore presented in the fourth chapter, where the in-
corporation of new processes linked to the marine nitrogen cycle and ecosystem were completed,
and subsequently examined under a variety of conditions. It shows that the biological store of
carbon is strongly related to the rate of nitrogen fixation. The relationship between nitrogen
fixation and the biological carbon store is based on numerous interacting feedbacks involving
the oxygen, nitrogen, phosphorus and iron cycles of the ocean. At its core, it involves a more
efficient use of available phosphorus in surface waters.
The link between nitrogen fixation and carbon exists because nitrogen fixers perform a
unique biogeochemical role. They are competitive scavengers of phosphorus (Dyhrman et al.,
2006), have high iron requirements (Moore et al., 2009; Sohm et al., 2011), produce carbon-rich
organic matter (Fu et al., 2014; Nuester et al., 2012; White et al., 2006), inhabit nitrogen-
poor environments (Sohm et al., 2011), and are the most important source of fixed nitrogen to
nitrogen-deplete tropical and subtropical environments (Karl et al., 2002; Moore et al., 2013).
A change in conditions that supports nitrogen fixation, be that increased iron supply or denitri-
fication, will therefore increase the consumption of phosphorus and the fixation of carbon with
it. This occurs both via direct and indirect mechanisms, as nitrogen fixers both fix and export
carbon and support nitrogen-limited ecosystems to fix and export carbon.
Just as the volumetric expansion of the lower cell primes the ocean to accumulate carbon in
its deep waters, the circulation once more primes the ocean to accumulate carbon via nitrogen
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fixation. The availability of phosphorus is to a first order determined by the physical rate of
supply. The size of suboxic zones, which controls the rate of denitrification, is to a first order
determined by the overturning circulation (De Lavergne et al., 2017). Assuming sufficient iron
is available, a poorly ventilated ocean with a large supply of phosphorus will have the highest
nitrogen fixation rates. Because of their unique biogeochemical role, nitrogen fixers under these
conditions will raise the efficiency of the biological carbon pump, and contribute substantially
to the carbon inventory.
A greater biological carbon store via this mechanism is entirely consistent with observed
changes in the high latitudes known of glacial conditions, and therefore adds to our explanation
of the glacial pCO2 drawdown. Alongside an expanded, more sluggish lower overturning cell
that was conducive to an accumulation of carbon, the development of stratified, ice-capped polar
waters that hosted more complete nutrient utilisation likely reduced the outgassing of CO2 to the
atmosphere(Francois et al., 1997; Martinez-Garcia et al., 2014; Sigman et al., 2010). The link to
nitrogen fixation is made via consequential changes to the properties of mode and intermediate
waters, which deliver nutrients to Indo-Pacific thermoclines (Sarmiento et al., 2004). Greater
nutrient utilisation and iron supply (Martinez-Garcia et al., 2014) in subantarctic waters is likely
to have depleted the nutrient content of these southern source water masses, weakening export
production along the equator (Winckler et al., 2016). However, a preferential depletion of nitrate
under iron-rich conditions (Hutchins and Bruland, 1998; Timmermans et al., 2004) would have
benefited the nitrogen fixers by lowering the N:P signature of southern sourced water, and so
increased their competitive advantage over other phytoplankton in oligotrophic environments
(Dyhrman et al., 2006; Sohm et al., 2011). An increase in nitrogen fixation throughout the
Indo-Pacific during the glacial periods, both because of lower nitrogen supply from beneath
and greater iron supply from above, therefore represents a legitimate mechanism to increase the
ocean’s carbon inventory (Pichevin et al., 2009).
The availability of phosphorus and the size of suboxic zones, which are primed by the circu-
lation (e.g. De Lavergne et al., 2017), are thus the ultimate controls on how much carbon can be
stored in the ocean. Iron supply subsequently controls the extent to which this potential can be
achieved, as its availability determines the efficiency of phosphorus utilisation in both the low
and high latitudes.
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5.3 Future work
Nitrogen fixation leaves a unique isotopic signature, which differentiates it from other major
processes in the marine nitrogen cycle (Sigman et al., 2009). Isotopic records of nitrogen have
been recovered from sediment cores that extend back many millennia and encompass many
regions (Tesdal et al., 2013). Given the strength of the link between nitrogen fixation and
biological carbon sequestration in the CSIRO Mk3L-COAL Earth system model, future work
will involve revisiting glacial conditions with an additional 15N tracer (see appendix A to this
thesis). Carbon isotopes will also be included to supplement other modelling studies (Menviel
et al., 2017; Schmittner and Somes, 2016; Tagliabue et al., 2009) and take advantage of the
large database of δ13C recovered from sediment cores (Peterson et al., 2014). This will allow
direct model-proxy comparison, and will be more rigorous test of physical and biogeochemical
processes associated with the glacial climate.
Another interesting result from this thesis is presented in the third chapter. The marine
ecosystem’s ability to dynamically alter its functioning in response to circulation changes re-
duced the sensitivity of the carbon inventory by 50%. This result implies that the biological
contribution to the carbon inventory may be more robust to change then previously thought.
Some work has already addressed this (Tanioka and Matsumoto, 2017), but solely via variations
in the carbon to phosphorus ratios of marine plankton. Future work will therefore involve fully
coupled runs of the Earth system model over different Representative Concentration Pathways
with variable stoichiometry, nutrient limitation and remineralisation functionality. It is expected
that biological carbon uptake will continue to occur at a similar rate despite changes in marine
ecosystems due to stratification and warming. This may ensure a more rapid stabilisation of
atmospheric pCO2 if and when emissions are reduced.
The Last Glacial Maximum has received the bulk of focus from the palaeoclimate community,
and little work been done to explore why atmospheric pCO2 decreased in several steps over
roughly 50,000 years during the many glacial inceptions. Changes associated with the descent
into glacial conditions are important because they caused the climate to deviate away from
conditions similar those of the pre-industrial. Those studies that do explore this important
transition indicate that purely physical processes caused the initial drawdown of ∼35 ppmv
pCO2 into the ocean (Kohfeld, 2005; Kohfeld and Chase, 2017; Oliver et al., 2010). These
interpretations implicate sea ice growth and cooling initiated by orbital changes as the primary
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candidates for oceanic sequestration of carbon, and demonstrate that biological mechanisms of
sequestration were only apparent after the climate became dustier around 70,000 years BCE
(Lambert et al., 2008). Despite a few notable exceptions (Menviel et al., 2012), there has been
little modelling to test these theories. Future work will use a fully coupled, transient experiment
from 130,000 years BCE towards 1850 AD to force the ocean model and biogeochemistry to test
and quantify these theories.
Finally, my work will continue to incorporate additional biogeochemical processes in the
ocean model. In the coming years, this will include:
 Dissolved organic carbon (DOC) is an important component of the oceanic carbon inven-
tory at roughly 660 Pg C (Hansell, 2013). The total DOC pool is composed in the far
majority by refractory compounds that have a lifetime of many millennia. Accounting
for refractory DOC in glacial scenarios hence represents another biological mechanism
for holding carbon in the ocean, one that could be particularly important given that the
increase in residence time of the glacial ocean (Menviel et al., 2017). The addition of
refractory DOC as a tracer will be included within the model with the expectation that
this carbon pool will contribute to explaining carbon cycle dynamics over millennia.
 The current formulation of the marine iron cycle is simplistic and is based on early insights
(Johnson et al., 1997). Other biogeochemical models have moved forward and made great
advances in our understanding of the marine iron cycle, highlighting the importance of
sedimentary and hydrothermal release (Pham and Ito, 2018; Tagliabue et al., 2016). We
opt to include a more thorough, realistic marine iron cycle to retest the findings of chapter
4.
 An addition of the silicon cycle, including diatoms in the marine ecosystem model and
opal deposition in the sediments, is of high priority. The interaction between iron avai-
lability and the uptake ratio of nitrogen to silicate of diatoms (Hutchins and Bruland,
1998; Timmermans et al., 2004) could have implications for the properties of mode and
intermediate waters (Brzezinski et al., 2002; Matsumoto et al., 2002), which could have
additional, unforseen consequences for the uptake of carbon in the low latitude ocean
(Sarmiento et al., 2004). Moreover, the efficient transfer of opal to deep waters in high
latitudes is an important carbon export pathway that is not included in the current model.
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 In chapter two of this thesis, CaCO3 burial and carbon compensation were neglected
because sedimentary processes were ignored. The construction of a prognostic marine
nitrogen cycle required sedimentary processes. Future development will therefore explicitly
account for CaCO3 burial and resultant feedbacks on whole ocean alkalinity, as described
in Sigman et al. (2010). Variations in CaCO3 burial and whole ocean alkalinity have the
potential to explain significant variations in atmospheric pCO2 on millennial timescales
(Hain et al., 2010), and this process is currently neglected in theories concerning the
Glacial Inception.
 In the experiments conducted in this thesis, CaCO3 was produced at a constant 8% of
organic carbon (Yamanaka and Tajika, 1996). However, the formation of CaCO3 by
the coccolithophores and foraminifera is susceptible to change in pH, nutrient supply,
temperature and light intensity, and therefore does not abide by this ratio. Introducing
additional environmental predictors of CaCO3 production is expected to be beneficial to
simulate alkalinity and surface pCO2, and enable the CSIRO Mk3L-COAL to address
future changes in calcification.
 As new information about the biochemical composition of marine plankton becomes avai-
lable, it may be possible to predict the cellular proportion of lipids, carbohydrates, and
proteins using environmental conditions. This information would constitute a necessary
advance over Redfield’s legacy (Redfield, 1963), where all organic matter is considered
to be of carbohydrate form. Taking variations in biochemical composition into account
would allow more realistic calculations of stoichiometry and oxygen consumption rates
(Paulmier et al., 2009).
 Finally, the nitrogen cycle and isotope code that was developed during this dissertation
will be integrated within the Modular Ocean Model 5. Historical and future simulations
that explore the increase in nitrogen fixers since the industrial revolution and their role
for oceanic CO2 uptake will be quantified.
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Abstract
The isotopes of carbon (δ13C) and nitrogen (δ15N) are commonly used proxies for understanding
the ocean. When used in tandem, they provide powerful insight into physical and biogeochemical
processes. Here, we detail the implementation of δ13C and δ15N in the ocean component of an
Earth system model, evaluate the ability of the model to reproduce contemporary measurements,
place its performance alongside the current generation of isotope enabled models, and assess the
sensitivity of δ13C and δ15N to changes in ecosystem functioning. The model is the Common-
wealth Scientific and Industrial Research Organisation Mark 3L (CSIRO Mk3L) Carbon of the
Ocean, Atmosphere and Land (COAL). The oceanic component of CSIRO Mk3L-COAL has a
resolution of 1.6◦ latitude × 2.8◦ longitude and resolves multi-millennial timescales, running at
a rate of ∼400 years per day. We show that this coarse resolution, computationally efficient
model adequately reproduces water column and coretop δ13C and δ15N measurements, making
it a useful tool for palaeoclimate research. Our sensitivity experiments involve implementing va-
riable stoichiometry, altering CaCO3 production according to calcite saturation, and altering N2
fixation via iron limitation changes. While large changes in CaCO3 production have little effect
on δ13C and δ15N, changes in N2 fixation and the stoichiometry of exported organic matter can
have substantial and complex effects on these isotopes. Interpretations of palaeoceanographic
records are therefore open to multiple lines of interpretation where multiple processes imprint
on the isotopic signature. There is significant scope for isotope enabled models to provide more
robust interpretations of the proxy records.
5.4 Introduction
Elements that are involved in reactions of interest, such as exchanges of carbon and nutrients,
experience isotopic fractionation. Typically, the heavier isotope of an element will be enriched
in the reactant during kinetic fractionation, in more oxidised compounds during equilibrium
fractionation, and in the denser form during phase state fractionation (i.e. evaporation). Because
fractionation against one isotope relative to the other is miniscule, the isotopic content of a
sample is conventionally expressed as a δ value (δhE), where the ratio of the heavy to light
element in solution (hE:lE) is compared to a standard ratio (hEstd:
lEstd) in units of per mil
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().
δhE =
(
hE : lE
hEstd : lEstd
− 1
)
· 1000 (5.1)
The strength of fractionation against the heavier isotope during a given reaction, , is also
expressed in per mil notation. Fractionation with an  equal to 10  will involve 990 units of
hE for every 1000 units of lE at a hypothetical isotopic ratio (hE:lE) of 1:1. At more realistic
standard ratios <<< 1:1, say 0.0112372:1 for a δ13C value of 0 , fractionation at 10 
involves 0.010 ∗ 0.01123721.0112372 units of 13C per unit of 12C. This preference allows detection of certain
reactions by measuring δ values from reactants and/or products. For these reasons, the naturally
occurring stable isotopes of carbon and nitrogen have been fundamental for understanding the
carbon and nitrogen cycles in the ocean (e.g. Menviel et al., 2017; Muglia et al., 2018; Rafter
et al., 2017; Schmittner and Somes, 2016). We will now briefly introduce each isotope in turn.
The distribution of δ13C is dependent on air-sea gas exchange, ocean circulation and bio-
logical uptake and remineralisation. These contributions make the δ13C signature difficult to
interpret, and several modelling studies have attempted to elucidate their roles (Schmittner et al.,
2013; Tagliabue and Bopp, 2008). These studies have shown that preferential uptake of 12C over
13C by biology enforces strong horizontal and vertical gradients in δ13C of dissolved inorganic
carbon (δ13CDIC), greatly enriching surface waters particularly in gyres where thermocline mix-
ing is restricted (Schmittner et al., 2013; Tagliabue and Bopp, 2008). Meanwhile, air-sea gas
exchange and carbon speciation control the δ13CDIC reservoir over longer timescales (Schmitt-
ner et al., 2013). Because air-sea and speciation fractionation are temperature-dependent, such
that cooler conditions will elevate δ13CDIC , they also smooth the gradients produced by biology
by working antagonistically to them. Despite this smoothing, biological fractionation drives
strong gradients at the surface, which imparts a δ13C signature to water masses carried into the
interior. These insights have provided clear evidence of reduced ventilation rates in the deep
ocean during glacial climates (Menviel et al., 2017; Muglia et al., 2018; Tagliabue et al., 2009).
δ15N is determined by biological processes that add or remove fixed nitrogen. Diitrogen (N2)
fixation is the largest source of fixed nitrogen to the ocean, the bulk of which occurs in warm,
sunlit surface waters and introduces nitrogen with a δ15N of approximately -1  (Sigman and
Casciotti, 2001). Denitrification is the largest sink of fixed nitrogen. It occurs in deoxygenated
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water columns and sediments. Denitrification fractionates strongly against 15N at ∼25 (Cline
and Kaplan, 1975) and is responsible for elevating the global mean δ15N of nitrate (NO3) above
the -1  of nitrogen fixers to ∼5 . Meanwhile, phytoplankton fractionate against 15N at ∼5
 (Wada, 1980) and tend to elevate surface δ15NNO3 . These distinct signatures are left in the
water column (Rafter et al., 2017) and the sedimentary record (Costa et al., 2016; Martinez-
Garcia et al., 2014; Tesdal et al., 2013), providing insight into how nutrients are utilised and
how the sources and sinks of the oceanic nitrogen cycle change.
However, the fractionation of nitrogen isotopes is subject to utilisation, such that NO3-
limited conditions reduce the preference for 15N (Altabet and Francois, 2001). Complete utilisa-
tion of NO3, either during sedimentary denitrification or primary production, therefore reduces
fractionation to 0 . While this adds an additional element of complexity, it also makes δ15N
useful as a proxy of nutrient utilisation. As NO3 supply to phytoplankton is controlled by phy-
sical delivery from below, changes in δ15N are also interpreted as changes in the physical supply
(upwelling and mixing) of NO3 (Studer et al., 2018). If NO3 is utilised towards completion,
such as occurs during sedimentary denitrification and primary production in oligotrophic waters
(Sigman and Casciotti, 2001), then the δ15N of organic matter will reflect the δ15N of the NO3
that was supplied. However, in the case where NO3 is not consumed towards completion, such as
during water column denitrification and primary production in eutrophic waters, the remaining
NO3 will experience enrichment. In combination with modelling (Schmittner and Somes, 2016),
the δ15N record provides evidence for a more efficient utilisation of NO3 during glacial times
(Martinez-Garcia et al., 2014) and a less efficient one during the Holocene (Studer et al., 2018).
Complimentary measurements of δ13C and δ15N provide powerful, multi-focal insights into
oceanographic processes. δ13C reflects the interaction between mixing and primary production,
and δ15N reflects the interaction between the nitrogen cycle and nutrient utilisation. Our goal
is to provide a reference for future studies that use the CSIRO Mk3L-COAL equipped with
oceanic δ13C and/or δ15N. First, we introduce CSIRO Mk3L-COAL. Secondly, we detail the
equations that govern the implementation of carbon and nitrogen isotopes. Third, we assess
the performance of the model to produce observed distributions of these isotopes in the water
column (δ13CDIC and δ
15NNO3) and sediments (δ
13CCib and δ
15Norg). Finally, we take the
opportunity to document how large-scale changes in the marine ecosystem affect δ13C and δ15N.
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5.5 CSIRO Mk3L-COAL
The CSIRO Mk3L-COAL couples a computationally efficient climate system model (Phipps
et al., 2013) with biogeochemical cycles in the ocean, atmosphere and land. The land bio-
geochemical component represents carbon, nitrogen and phosphorus cycles in the Community
Atmosphere Biosphere Land Exchange (CABLE) (Mao et al., 2011). The ocean component
currently represents carbon, alkalinity, oxygen, nitrogen, phosphorus and iron cycles. The at-
mospheric component conserves carbon and alters its radiative properties according to changes
in its carbon content. For this paper we focus on the ocean biogeochemical model (OBGCM).
Previous versions of the OBGCM have explored changes in oceanic properties under past
(Buchanan et al., 2016), present (Buchanan et al., 2018) and future scenarios (Matear and
Lenton, 2014, 2018). These studies have shown that the model can realistically reproduce the
global carbon cycle, nutrient cycling and organic matter cycling in the ocean. The OBGCM
offers highly efficient simulations of these processes at computational speeds of ∼400 years per
day when the ocean general circulation model (OGCM) is run oﬄine. The ocean is made up
of grid cells of 1.6◦ in latitude by 2.8◦ in longitude, with 21 vertical depth levels spaced by 25
metres at the surface and 450 metres in the deep ocean. The OGCM timestep is one hour, while
the OBGCM timestep is 1 day. The ability of the OBGCM to reproduce large-scale dynamical
and biogeochemical properties coupled with its fast computational speed makes the OBGCM
useful as a tool for palaeoclimate research.
5.5.1 Ocean biogeochemical model (OBGCM)
The OBGCM is equipped with 13 prognostic tracers (Figure 5.1). These can be grouped into car-
bon chemistry fields, oxygen fields, nutrient fields, age tracers and nitrous oxide (N2O). Carbon
chemistry fields include dissolved inorganic carbon (DIC), alkalinity (ALK), DI13C and radiocar-
bon (14C). Radiocarbon is simulated according to Toggweiler et al. (1989). Oxygen fields include
dissolved oxygen (O2) and abiotic dissolved oxygen (O
abio
2 ), a purely physical tracer, from which
true oxygen utilisation (TOU) can be calculated (Duteil et al., 2013). Nutrient fields include
phosphate (PO4), dissolved bioavailable iron (Fe), nitrate (NO3) and
15NO3. These tracers are
all simulated in mmol m−3, with the exception of Fe, ALK, and 14C, which are simulated in
units of µmol m−3, mmol Eq m−3 and . Age tracer fields include years since subduction
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from the surface (Agegbl), and years since entering a suboxic zone where O2 concentrations are
less than 10 mmol m−3 (Ageomz). Finally, N2O in µmol m−3 is produced via nitrification and
denitrification according to the temperature-dependent equations of Freing et al. (2012). All
air-sea gas exchanges (CO2,
13CO2 O2 and N2O) and carbon speciation reactions are computed
according to the Ocean Modelling Intercomparison Project phase 6 protocol (Orr et al., 2017).
The isotopes of carbon and nitrogen are influenced by biological processes and are hence
affected by the ecosystem model. The ecosystem model and default parameters of the OBGCM
are hence provided in appendix B. Briefly, the ecosystem model simulates the production, remi-
neralisation and stoichiometry (elemental composition) of three phytoplankton functional types:
a general phytoplankton group, diazotrophs (N2 fixers) and calcifiers.
5.6 Carbon and nitrogen isotope equations
5.6.1 δ13C
The OBGCM explicitly simulates the fractionation of 13C from the total DIC pool, where for
simplicity we make the assumption that the total DIC pool represents the light isotope of carbon
and is therefore DI12C. Fractionation occurs during air-sea gas exchange, equilibrium reactions
and biological consumption in the euphotic zone.
The air-sea gas exchange of 13CO2 is calculated as the exchange of CO2 with additional
fractionation factors applied to the sea-air and air-sea components (Orr et al., 2017; Zhang et al.,
1995). The flux of 13CO2 across the air-sea interface, F (
13CO2), therefore takes the form of CO2
with additional terms that convert to units of 13C in both environments. Without any isotopic
fractionation, the equation requires the gas piston velocity of carbon dioxide in m s−1 (kCO2),
the concentration of aqueous CO2 in both mediums at the air-sea interface in mmol m
−3 (COair2
and COsea2 ), and the ratios of
13C:12C in both mediums (Ratm and Rsea):
F (13CO2) = kCO2 ·
(
COair2 ·Ratm − COsea2 ·RDIC
)
(5.2)
where,
RDIC =
DI13C
DI13C +DI12C
Ratm =
13CO2
13CO2 +12 CO2
= 0.011164381
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Figure 5.1: A conceptual representation of the ocean biogeochemical model (OBGCM).
The bottom panel shows organic matter cycling involving the isotopes of carbon and
nitrogen. (1) Carbon chemistry reactions. (2) Air-sea gas exchange. (3) Biological uptake
of nutrients and production of organic matter (PGorg, P
D
org, CaCO3). (4) Remineralisation
of sinking organic matter under oxic and suboxic conditions. (5) Sedimentary processes,
including oxic, suboxic and euxinic remineralisation. (6) Nitrous oxide production and
consumption.
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A transfer of 13C into the ocean is therefore positive, and an outgassing is negative. The Ratm
is set to a preindustrial atmospheric δ13C of -6.48  (Friedli et al., 1986).
The fractionation of carbon isotopes during air-sea exchange involves three components.
These are (αk) a kinetic fractionation that occurs during transfer of gaseous CO2 into or out
of the ocean, (αaq←g) a fractionation that occurs as gaseous CO2 becomes aqueous CO2 (is
dissolved in solution), and (αDIC←g) an equilibrium isotopic fractionation as carbon speciates
into dissolved inorganic carbon (DIC) constituents (H2CO2 ⇔ HCO−3 ⇔ CO2−3 ). The kinetic
fractionation during transfer, αk, is constant at 0.99912, thus imparting a δ
13C signature of -0.88
 to carbon entering the ocean. Conversely, carbon outgassing increases the δ13C of the ocean.
The fractionation during dissolution (αaq←g) and speciation (αDIC←g) are both dependent on
temperature. Fractionation during speciation is also dependent on the fraction of CO2−3 relative
to total DIC (fCO2−3
). These fractionation factors are calculated as:
αaq←g =
0.0049 · T − 1.31
1000
+ 1 (5.3)
αDIC←g =
0.0144 · T · fCO2−3 − 0.107 · T + 10.53
1000
+ 1 (5.4)
Dissolution of CO2 into the ocean (αaq←g) therefore imparts a δ13C signature of between -1.32
and -1.14 , while speciation of gaseous CO2 into DIC imparts a δ
13C signature of between
approximately +10 and +6.5 , preferencing the heavier isotope, for temperatures between -2
and 35 ◦C.
These fractionation factors are applied to the gas exchange (Eq. (5.2)) to calculate carbon
isotopic fractionation during CO2 gas exchange.
F (13CO2) = k · αk · αaq←g ·
(
COair2 ·Ratm −
COsea2 ·RDIC
αDIC←g
)
(5.5)
Because the net fractionation to aqueous CO2 (αaq←DIC) is equal to
αaq←g
αDIC←g , we find that the
fractionation during carbon outgassing is greater than the fractionation during ingassing. Over-
all, outgassing imparts a δ13C signature of approximately -12 to -8  to the carbon remaining
in solution. It is therefore the equilibrium fractionation associated with carbon speciation that
is largely responsible for bolstering the oceanic δ13C signature above the atmospheric signature,
as it tends to shift 13C towards the oxidised species (CO2−3 ), particularly under cool conditions.
The fractionation of carbon during biological uptake (
13C
bio ) is set at 21  for general phy-
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toplankton, 12  for diazotrophs (e.g. Carpenter et al., 1997) and at 2  for calcifiers. Bio-
logical fractionation of 13C is then applied to the uptake and release of organic carbon.
∆DI13C = RDIC · Corg · 13Cbio (5.6)
Because biological fractionation is strong for the general phytoplankton group, which dominates
export production throughout most of the ocean, this imparts a negative δ13C signature to
the deep ocean. Subsequent remineralisation releases DIC with no fractionation. Finally, the
concentration of DI13C is converted into a δ13C via:
δ13C =
(
DI13C
DIC
· 1
0.0112372
− 1
)
· 1000 (5.7)
where 0.0112372 is the Pee Dee Belemnite standard (Craig, 1957).
5.6.2 δ15N
The OBGCM explicitly simulates the fractionation of 15N from the total NO3 pool, where NO3 is
the sum of 15NO3 and
14NO3. The isotopic signatures of N2 fixation and atmospheric deposition,
and the fractionation during water column denitrification (
15N
wc ) and sedimentary denitrification
(
15N
sed ) determine the global δ
15N of NO3 (Brandes and Devol, 2002). Exchanges internal to
the ocean, namely biological assimilation (
15N
bio ) and remineralisation, affect the distribution of
δ15NO3. N2 fixation and atmospheric deposition introduce
15NO3 to the ocean with δ
15N values
of -1  and -2 , respectively, while biological assimilation, water column denitrification and
sedimentary denitrification fractionate against 15NO3 at 5 , 20  and 3 , respectively
(Sigman and Casciotti, 2001).
The accepted standard 15N:14N ratio used to measure variations in nature is the average
atmospheric 15N:14N ratio of 0.0036765. To minimise numerical errors caused by the OGCM,
we set the atmospheric standard to 1. This scales up the 15NO3 such that a δ
15N value of 0 
was equivalent to an 15N:14N ratio of 1:1.
Because we simulate NO3 and
15NO3 as tracers, our calculations require solving for an
implicit pool of 14NO3 during each reaction involving
15NO3. The introduction of NO3 at a
fixed δ15NNO3 of -1  due to N2 fixation provides a simple example without the complications
of fractionation, which we address later. A δ15NNO3 of 1  is equivalent to a
15N:14N ratio of
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0.999 in our approach where 0  equals a 1:1 ratio of 15N:14N. If the amount of NO3 being
added is known alongside its 15N:14N ratio, in this case 0.999 for N2 fixation, we are able to
calculate how much 15NO3 is added.
The derivation is as follows. We begin with two equations that describe the system.
NO3 =
15 NO3 +
14 NO3 (5.8)
δ15NNO3 =
(15NO3/14NO3
15Nstd/14Nstd
− 1
)
· 1000 (5.9)
Ultimately, we need to solve for the change in 15NO3. Our knowns are the change in NO3, the
δ15NNO3 , and the
15Nstd/
14Nstd. Our two unknowns are
15NO3 and
14NO3. We must solve for
14NO3 implicitly by describing it according to
15NO3 by rearranging Eq. (5.9).
14NO3 =
15 NO3/
((δ15NNO3
1000
+ 1
)
·15 Nstd/14Nstd
)
(5.10)
This allows us to replace the 14NO3 term in Eq. (5.8).
NO3 =
15 NO3 +
15 NO3/
((δ15NNO3
1000
+ 1
)
·15 Nstd/14Nstd
)
(5.11)
In our example of N2 fixation we know the δ
15N of the newly added NO3 as being -1 . We
also know 15Nstd/
14Nstd as equal to 1:1, or 1. Our equation is simplified.
NO3 =
15 NO3 +
15 NO3/0.999 (5.12)
We can now solve for 15NO3 by rearranging the equation.
15NO3 =
0.999 ·NO3
1 + 0.999
. (5.13)
The same calculation is applied to NO3 addition via atmospheric deposition except at a constant
fraction of 0.998 (δ15N = -2 ), and can be applied to any addition or subtraction of 15NO3
relative to NO3 where the isotopic signature is known.
Fractionating against 15NO3 during biological assimilation (
15N
bio ), water column denitrifica-
tion (
15N
wc ) and sedimentary denitrification (
15N
sed ) involves more considerations because we must
account for the preference of 14NO3 over
15NO3. We begin with an  of 5  for biological
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assimilation. This is equivalent to an 15NO3:
14NO3 ratio of 0.995 using the following equation,
and when our atmospheric standard is equal to 1:1.
 =
( 15N/14N
15Nstd/14Nstd
− 1
)
· 1000 (5.14)
Note that a positive  value returns an 15NO3:
14NO3 ratio < 1, while a negative δ
15N in the
previous example with N2 fixation also returned an
15NO3:
14NO3 ratio < 1. This works because
the reactions are in opposite directions. N2 fixation adds NO3, while assimilation removes NO3.
This means that 0.995 units of 15NO3 are assimilated into organic matter per unit of
14NO3.
As we have seen, a more useful way to quantify this is per unit of NO3 assimilated into organic
matter. Using Eq. (5.13), we find that ∼0.4987 units of 15NO3 and ∼0.5013 units of 14NO3 are
assimilated per unit (1.0) of NO3 when  equals 5 . Biological assimilation therefore leaves
slightly more 15N in the unused NO3 pool relative to
14N, and increases the δ15N of NO3 while
creating 15N-deplete organic matter (δ15Norg).
However, we must also account for the effect that NO3 availability has on the fractionation.
The preference of 14NO3 over
15NO3 strongly depends on the availability of NO3, such that
when NO3 is abundant fractionation will be fully expressed. However, fractionation becomes
weaker as NO3 is depleted because cells absorb the NO3 that can be found in their environment
irrespective of its isotopic composition (Mariotti et al., 1981). Thus, as NO3 is utilised, u,
towards 100 % of its availability (u = 1), the fractionation against 15NO3 decreases to an  of 0
. This means that when u is equal to 1, no fractionation occurs and equal parts 15N and 14N
(0.5:0.5 per unit NO3) are assimilated. We use the accumulated product equations (Altabet and
Francois, 2001) to approximate this process, where:
u =  · 1− u
u
· ln(1− u) (5.15)
For an  of 5 , the utilisation-affected u has a range of -5 to 0  for a domain of u of (0,1).
u is then converted into ratio units by dividing by 1000, and added to the ambient
15N:14N of
NO3 in the reactant pool to determine the
15N:14N of the product. In this case, it is the 15N:14N
of newly created organic matter, but could also be unused NO3 eﬄuxed from denitrifying cells
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in the case for denitrification.
15Norg:
14Norg =
15NO3:
14NO3 + u (5.16)
We then solve for how much 15NO3 is assimilated into organic matter using Eq. (5.13) because
we now know the change in NO3 (
∆NO3) and the
15N:14N of the product, in this case being
15Norg/
14Norg.
∆15NO3 =
15Norg/
14Norg ·∆NO3
1 +15 Norg/14Norg
(5.17)
Here, the change in 15NO3 is equivalent to that assimilated into organic matter. Following
assimilation into organic matter, the release of 15NO3 through the water column during remine-
ralisation occurs with no fractionation, such that the same δ15N signature is released throughout
the water column.
We apply these calculations to each reaction in the nitrogen cycle that involves fractionation
(assimilation, water column denitrification and sedimentary denitrification). They could be
applied to any form of fractionation process with knowledge of , the isotopic ratio of the
reactant, the amount of reactant that is used, and the total amount of reactant available.
5.7 Model performance
CSIRO Mk3L-COAL adequately reproduces the large-scale thermohaline properties and circu-
lation of the ocean under preindustrial conditions in numerous prior studies (Buchanan et al.,
2018, 2016; Matear and Lenton, 2014; Phipps et al., 2013). Rather than reproduce these stu-
dies, we concentrate here on how the biogeochemical model performs relative to measurements
of δ13C and δ15N in the water column (Eide et al., 2017, δ15NNO3 data courtesy of The Sigman
Lab at Princeton University) and in the sediments (Schmittner et al., 2017; Tesdal et al., 2013).
We make these model-data comparisons alongside other isotope enabled models (Table 5.1).
All analyses of model performance were undertaken using the default parameterisation of the
biogeochemical model, which is summarised in appendix B. Each experiment was run towards
steady-state for at least 8,000 years under pre-industrial atmospheric conditions. We state ”at
least” here because many solutions were cumulatively run for many tens of thousands of years
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over the full course of development. Importantly, all results presented in this paper reflect tracers
that have achieved an equilibrium state. We present annual averages of the equilibrium state in
the following analysis.
5.7.1 δ13C of dissolved inorganic carbon (δ13CDIC)
The recent reconstruction of pre-industrial δ13CDIC by Eide et al. (2017) provides a large dataset
for comparison. We chose this dataset over the compilation of point location water column data
of Schmittner et al. (2017) because it offers a gridded product where short-term and small-scale
variability are smoothed, making for more appropriate comparison with model output.
Predicted values of δ13CDIC from CSIRO Mk3L-COAL agreed well with the pre-industrial
distribution (Table 5.2). The predicted global mean of 0.47 reflected that of the reconstructed
mean of 0.42 . This mean is lower than the 0.64  of Schmittner et al. (2017) because Eide
et al. (2017) excluded the Arctic and upper 200 metres in their reconstruction, which we adhere to
in our comparison. Spatial agreement was also high with a global correlation of 0.80. Regionally,
the Southern Ocean performed well with the lowest RMS error of 0.43 , while a greater degree
of disagreement in the values of δ13CDIC existed in the middle and lower latitudes of each major
basin. Subsurface δ13CDIC was too low in the tropics of the major basins by ∼0.2 , and too
high in the North Pacific and North Atlantic by 0.4 to 0.6  (Fig. 5.2).
While the simulated magnitude and distribution was generally consistent with observations,
several key inconsistencies existed and were related to physical limitations of the OGCM. Too
negative δ13CDIC in the tropics reflected the expansive oxygen minimum zones as simulated
in the model, where restricted mixing and high export of 13C-depleted organic matter drove
negative δ13CDIC values. Coarse resolution OGCMs do not resolve the equatorial undercur-
rents that are important for reducing nutrient trapping at the equator (Matear and Holloway,
1995; Oschlies, 2000), and CSIRO Mk3L-COAL is no exception. Too positive δ13CDIC in the
subsurface North Pacific reflects the inability of the OGCM to resolve the transport of these
waters northward, which would mix negative δ13CDIC across the subsurface North Pacific basin.
Too positive δ13CDIC in the North Atlantic reflects too much transport of high δ
13CDIC surface
waters into the interior by North Atlantic Deep Water. Our predicted δ13CDIC in the upper 500
metres, in fact, appears to far exceed the reconstruction of Eide et al. (2017). However, values
as high as 2  have been measured in the upper 500 metres of the Indo-Pacific (Schmittner
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et al., 2017). Given the difficulties associated with accounting for the Suess Effect (invasion of
isotopically light fossil fuel CO2) it is possible that the upper ocean values of Eide et al. (2017)
underestimate the preindustrial δ13CDIC surface field. It is also equally possible that our fixed
biological fractionation of 
13C
bio may be an overestimate in the lower latitudes.
Table 5.2: Global and regional fits between data (Eide et al., 2017) and simulated δ13C
of dissolved inorganic carbon. Measures of fit do not include the Arctic nor the upper
200 metres of the water column. All data was regridded onto the CSIRO Mk3L-COAL
gridspace before comparison.
Global Southern Ocean Atlantic Pacific Indian
mean (data) 0.44 0.61 0.97 0.11 0.39
mean (CSIRO Mk3L-COAL) 0.47  0.66  0.91  0.24  0.26 
correlation 0.80 0.90 0.66 0.82 0.94
RMSE 0.48  0.43  0.73  0.96  0.99 
mean (LOVECLIM) 0.44  0.57  0.74  0.23  0.45 
correlation 0.66 0.74 0.75 0.57 0.81
RMSE 0.48  0.37  0.50  0.76  0.55 
mean (UVic) 0.65  0.74  1.15  0.37  0.66 
correlation 0.91 0.91 0.79 0.93 0.93
RMSE 0.33  0.50  0.49  0.79  0.75 
mean (PISCES) 0.40  0.57  0.89  0.09  0.44 
correlation 0.92 0.91 0.76 0.95 0.93
RMSE 0.25  0.45  0.52  0.71  0.76 
We can, however, place our predicted δ13CDIC alongside those of other global ocean models.
We take annually averaged, pre-industrial δ13CDIC distributions from the LOVECLIM, UVic
and PISCES biogeochemical models, each of which have been used in significant palaeoceano-
graphic modelling studies (Menviel et al., 2017; Schmittner and Somes, 2016; Tagliabue et al.,
2009). Predicted δ13CDIC performs adequately in CSIRO Mk3L-COAL relative to these state-
of-the-art models. LOVECLIM showed good fit in terms of global and regional means, but had
lower correlations, suggesting that its values were accurate but its distribution biased. UVic had
high correlations, but it consistently overestimated the preindustrial field by ∼0.2 . PISCES
was the best performing model, mostly showing the best correlations, means and lowest RMS
errors in both a global and regional sense. This is not surprising considering the significantly
finer resolution of PISCES (Table 5.1). CSIRO Mk3L-COAL performed well in terms of its mean
values and correlations, but had consistently greater RMS errors in major basins outside of the
Southern Ocean. This indicates that CSIRO Mk3L-COAL exaggerates regional minima and
maxima, as discussed in the previous paragraph. All models predict upper ocean δ13CDIC ≥ 2.0
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Figure 5.2: Zonal mean observed (top) and modelled (bottom) δ13C of DIC for each major
basin.
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 which suggests that the upper ocean values between 200 and 500 metres of (Eide et al., 2017)
are too low. Despite the regional biases of CSIRO Mk3L-COAL, the comparison demonstrates
that all models have strengths and weaknesses. Given its low resolution and computational
efficiency, CSIRO Mk3L-COAL performs adequately among other biogeochemical models in its
simulation of δ13CDIC .
5.7.2 δ13C of Cibicides foraminifera (δ13CCib)
We extended our assessment of modelled δ13CDIC by comparing it to a compilation of benthic
δ13C values taken from the foraminiferal genus Cibicides (Schmittner et al., 2017). For this
comparison, we adjusted our predicted δ13CDIC using the linear dependence on carbonate ion
concentration and depth suggested by Schmittner et al. (2017):
δ13CCib = 0.45 + δ
13CDIC − 2.2× 10−3 · CO3 − 6.6× 10−5 · z (5.18)
By adjusting our three dimensional δ13CDIC output using Eq. (5.18), we attain predicted
δ13CCib. We also computed measures of statistical fit for a traditional one to one comparison
between δ13CDIC and δ
13CCib.
Measured δ13CCib was binned into model grid boxes and averaged for the comparison. Those
measurements that fell within the OGCM’s land mask were excluded. Transfer and averaging
onto the coarse resolution OGCM grid reduced the number of points for comparison from 1,763
to 690, lowered the mean of measured δ13CCib from 0.76  to 0.52  and reduced the absolute
range from -0.9→2.1 to -0.7→2.1.
Adjusted δ13CCib using Eq. (5.18) showed good fit to measured δ
13CCib given the sparsity of
data, with a global correlation of 0.64, a mean of 0.57 and an RMS error of 0.63. If a one to
one relationship between δ13CDIC and δ
13CCib was used, the global correlation was significantly
worse at 0.03, despite little change in the global mean from 0.52 to 0.59  nor the RMS error
from 0.63 to 0.67 . Accounting for the regional influence of carbonate ion concentration and
depth were therefore important for correcting the spatial patterns of modelled δ13CCib. Of the
690 data points used in the comparison, 392 fell within the error around what could be considered
a good fit (Fig. 5.3). The error was taken as 0.29 , and represents the standard deviation
associated with the relationship between δ13CDIC with δ
13CCib measurements (Schmittner et al.,
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2017).
Even so, some notable over and underestimation occurred in the adjusted δ13CCib output
that more or less mirrored those inconsistencies previously discussed for δ13CDIC . Values as low
as -1.9 , well below measured δ13CCib minima of -0.7 , existed in the equatorial subsurface
Pacific and Indian Oceans (i.e. where the oxygen minimum zones existed). This can be seen
in figure 5.3, where some values in the equatorial band are well below the shaded region of
good fit. Meanwhile, very high values of δ13CCib were predicted in Arctic surface waters. The
exaggeration of these local minima and maxima reflect those found in the modelled δ13CDIC
distribution.
Figure 5.3: Measured versus modelled δ13CCib (N = 690) coloured by latitude. Red
shading about the 1:1 line is an estimate of the variability implicit in the relationship
between δ13CCib and δ
13CDIC of Schmittner et al. (2017).
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5.7.3 δ15N of nitrate (δ15NNO3)
We produced univariate measures of fit by comparing measurements of δ15NNO3 with equivalent
values from CSIRO Mk3L-COAL at the nearest point (Table 5.3). Measured δ15NNO3 were
collected over a 30 year period using a variety of collection and measurement methods with a
distinct bias towards the Atlantic Ocean. To try and remove some temporal and spatial bias,
we binned and averaged measurements into equivalent model grids.
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Table 5.3: Global and regional fits at all depths between data and simulated δ15N of NO3.
The δ15N data (5,330 measurements courtesy of The Sigman Lab, Princeton University)
was binned into corresponding grid boxes and averaged for direct comparison, which
reduced the data to 2,532 points. More than one data point of δ15N may therefore
contribute to each simulated value.
Global Southern Ocean Atlantic Pacific Indian
mean (data) 5.4 5.3 4.8 6.8 6.7
mean (CSIRO Mk3L-COAL) 5.5  5.4  4.7  7.8  5.2 
correlation 0.62 0.62 0.55 0.46 0.07
RMSE 0.2  0.1  0.1  0.2  0.1 
mean (UVic) 6.6  6.5  6.2  7.6  7.4 
correlation 0.65 0.79 0.36 0.51 0.54
RMSE 0.2  0.1  0.1  0.2  0.1 
mean (PISCES) 4.3  4.6  3.7  5.6  5.1 
correlation 0.74 0.90 0.50 0.60 0.67
RMSE 0.2  0.1  0.1  0.2  0.1 
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CSIRO Mk3L-COAL adequately reproduced the global patterns of δ15NNO3 . We found
excellent agreement in the volume-weighted means of δ15NNO3 (Table 5.3). Tight agreement
in the means was a consequence of reproducing similar values where the majority of observed
data existed. Most δ15NNO3 measurements have been taken from the upper 1,000 meters in
the North Atlantic where values cluster at just under 5  (see lefthand panels in Fig. 5.4).
Closer inspection of the Atlantic using depth and zonally averaged sections (Figs. 5.5 and 5.6)
revealed that the model adequately reproduced the low δ15N signature of N2 fixation at ∼4 
occurring in the tropical Atlantic (Marconi et al., 2017). We found a total, basin-wide rate of
Atlantic N2 fixation equal to ∼33 Tg N yr−1. Outside the Atlantic where data is more sparse,
the model reproduced the strong meridional gradient across the Southern Ocean, subsurface
δ15NNO3 maxima in the tropics of all major basins, and tongues of high and low values in the
surface Pacific consistent with changes in nitrate utilisation (Figs. 5.5 and 5.6).
Figure 5.4: Observed (left) and modelled (right) δ15N of NO3 data (N = 5,004) plotted
against depth (a and b), latitude (c and d) and longitude (e and f). Colour shading
represents the density of data, such that the darker a mass of data points is the more
data is represented there.
Some important regional inconsistencies between the simulated and measured values did
exist (refer to Figs. 5.5 and 5.6), and these inconsistencies degraded the correlation. Much like
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Figure 5.5: Depth averaged sections of modelled (colour contours) and observed (overlaid
markers) δ15NNO3 .
Figure 5.6: Zonally averaged sections of modelled (colour contours) and observed (overlaid
markers) δ15NNO3 . The global zonal average encompasses all basins.
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the high values of δ13CDIC that were transported too deeply into the North Atlantic interior,
a low δ15NNO3 signature was transported too far into the deep North Atlantic. CSIRO Mk3L-
COAL therefore underestimated deep δ15NNO3 before mixing through to the South Atlantic
restored values towards the measurements. Subsurface values in the North Pacific were also
underestimated, which can be attributed to the inability of the coarse resolution OGCM to
transport low O2, high δ
15NNO3 water northwards from the Eastern Tropical Pacific. Simulated
values in the Indian Ocean, specifically near to the Arabian Sea, also underestimated the data
because the suboxic zone was misrepresented in the Bay of Bengal. Such misreprestation of
these two different seas in the North Indian Ocean was responsible for very poor model-data
fit. Meanwhile, the deep (> 1,500 metres) Eastern Tropical Pacific tended to overestimate the
data, owing to a large, deep, unimodal suboxic zone. These physically-driven inconsistencies in
the oxygen field are common to other coarse resolution models (Oschlies et al., 2008; Schmittner
et al., 2008), and like the δ13C distribution, were the main cause of the misfit between simulated
and observed δ15NNO3 . The correlations reflected these regional under and overestimations,
particularly in the Indian Ocean (Table 5.3).
Finally, we placed CSIRO Mk3L-COAL in the context of other isotope enabled global models:
UVic and PISCES (Table 5.3). This comparison demonstrated that the modelled distribution of
δ15NNO3 was adequately placed among the current generation of models. The global and regional
means were more accurately reproduced by CSIRO Mk3L-COAL than for UVic and PISCES,
while the correlations tended to be slightly lower than UVic and consistently lower than PISCES.
PISCES was best correlated to the measurements of δ15NNO3 of the three models. Again, this is
not surprising given its finer resolution. Even so, the correlations to the noisy and sparse δ15NNO3
were acceptable for CSIRO Mk3L-COAL, as most regional patterns were reproduced, albeit with
some under and overestimation as discussed. The exception was the Indian Ocean, where CSIRO
Mk3L-COAL unfortunately places the oxygen minimum zone in the Bay of Bengal rather than
in the Arabian Sea. Future model-data comparisons with sedimentary nitrogen isotopes should
therefore take this into account. Annual rates of N2 fixation, water column denitrification and
sedimentary denitrification at roughly 122, 52 and 78 Tg N yr−1, respectively, produced this
agreement with the δ15NNO3 field.
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5.7.4 δ15N of organic matter (δ15Norg)
We compared the simulated δ15Norg to the coretop compilation of Tesdal et al. (2013) with 2,176
records of δ15Norg. These records were binned and averaged onto the CSIRO Mk3L-COAL ocean
grid, such that the 2,176 records became 592. When comparing sediment coretop measurements
of δ15N to that of the model, it is necessary to consider how δ15Norg is altered by early burial.
As records in the compilation of Tesdal et al. (2013) are from bulk nitrogen, we can assume
that the “diagenetic offset” as described by Robinson et al. (2012) is active. The diagenetic
offset involves an increase in the δ15N of sedimentary nitrogen typically between 0.5 and 4.1 
relative to the isotopic signature of particulate organic matter in the water column, and appears
to be have some inverse relationship to depth (Robinson et al., 2012).
In light of the diagenetic offset, we make two comparisons with the compilation of Tesdal
et al. (2013). A raw comparison is made, alongside an attempt to account for the diagenetic
offset using two depth-dependent corrections (Table 5.4 and Fig. 5.7):
δ15N cor:1org =

δ15Norg, if z(km) < 1km
δ15Norg +
(
1 · z(km) + 1
)
, if z(km) ≥ 1km
(5.19)
δ15N cor:2org = δ
15Norg + 0.9 · z(km) (5.20)
The first correction (δ15Ncor:1org ) is taken from Robinson et al. (2012), while the second (δ
15Ncor:2org )
originates from how Schmittner and Somes (2016) treated sedimentary nitrogen isotope data in
their study of the last glacial maximum.
Following binning and averaging onto the model grid, the raw comparison immediately
showed a consistent underestimation of the coretop data, with a predicted mean of 2.7 
well below the observed mean of 4.7 . Our correlation was 0.27, which indicates a limited
ability to replicate regional patterns. This underestimation and low correlation is easily seen
when predicted values are compared directly to the coretop data in Fig. 5.7. However, like the
nitrogen isotope model of Somes et al. (2010), we find that the offset between simulated and
observed coretop bulk δ15Norg is roughly equivalent to the observed average diagenetic alteration
of ∼2.3 ± 1.8 . This indicates that diagenetic alteration of δ15Norg is active during early burial
in the coretop data.
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Including a diagenetic offset therefore improved agreement between our predicted δ15Norg
and the coretop data considerably (Table 5.4 and Fig. 5.7). Both corrections accounted for
the enrichment of δ15N in deeper regions and the minor diagenetic alteration in areas of high
sedimentation that typically occur in shallower sediments. The average δ15Norg increased to 4.5
 for δ15Ncor:1org and 5.2  for δ
15Ncor:2org . Correlations increased from 0.27 to 0.47 and 0.53,
respectively. The improvement was clearly observed in the Southern Ocean, where both the
magnitude and spatial patterns of δ15Norg were well replicated by the model. Changes in the
Southern Ocean over glacial-interglacial cycles reflect shifts in the global marine nitrogen cycle
and nutrient utilisation (Martinez-Garcia et al., 2014; Studer et al., 2018), and the ability of
CSIRO Mk3L-COAL to account for these patterns in the coretop data is encouraging for future
study.
Table 5.4: Statistical comparison of coretop δ15Norg with predicted values of the CSIRO
Mk3L-COAL ocean model. The offset to the predicted values is informed by the 1.0
 km−1 + 1.0  relationship presented by Robinson et al. (2012) that accounts for
alterations to the δ15N occurring during early burial.
Global (N=592) Southern Ocean (N=81)
Average SD r2 Average SD r2
Observations 4.7  3.1  1.0 5.2  1.7  1.0
Raw comparison 2.7  3.2  0.27 1.1  1.6  0.13
δ15Ncor:1org 4.5  3.8  0.47 4.3  1.8  0.45
δ15Ncor:2org 5.2  4.2  0.53 5.7  1.9  0.47
5.8 Ecosystem effects
We document how different representations of the marine biological system affect the global
distributions of δ13C and δ15N. For reference, the assessment of model performance just described
above used model output with variable stoichiometry activated, a fixed 8% rain ratio of CaCO3
to organic carbon, and a strong iron limitation of N2 fixers that enforced a low degree of spatial
coupling between N2 fixers and denitrification zones.
5.8.1 Variable versus Redfieldian stoichiometry
Enabling variable stoichiometry of the general phytoplankton group (PGorg) over a Redfieldian
ratio (C:N:P:O2:NO3 = 106:16:1:-138:-94.4) altered the total rate, type and spatial distribution
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Figure 5.7: Direct comparison of observed versus modelled δ15Norg incident on the sedi-
ments. Left-side panels show spatial distribution of simulated δ15Norg overlain by coretop
data from the compilation of Tesdal et al. (2013). Right-side panels compare all core-
top data against simulated δ15Norg. Top panels depicts raw output of the model, while
the middle and bottom panels depict the predicted values of the model following two
depth-dependent offsets (Eqs. (5.19) and (5.20)) that account for diagenetic alteration.
295
5.8. ECOSYSTEM EFFECTS
of organic matter export. Total carbon export increased from 7.6 to 8.0 Pg C yr−1. Approxima-
tely 0.1 Pg C yr−1, or 25 % of the increase, was attributed purely to organic carbon export from
N2 fixation, which increased from 107 to 122 Tg N yr
−1. The total contribution of N2 fixation
to the increase in carbon export was likely greater than 25 %, as more NO3 was made availa-
ble to NO3-limited ecosystems. The increase in carbon export under variable stoichiometry as
compared to a Redfieldian ocean was therefore felt largely in the lower latitudes between 40◦S
and 40◦N (Fig. 5.8). Export production decreased poleward of 40◦, particularly in the Southern
Ocean, because C:P ratios were lower than the 106:1 Redfield ratio (Fig. 5.8).
Distributions of both isotopes were affected by the change in carbon export and the marine
nitrogen cycle. Global mean δ13CDIC increased from 0.52 to 0.54 , and δ
15NNO3 increased
from 5.1 to 5.6. These are not great changes on the global scale and they had little influence on
model-data measures of fit. However, the spatial distribution of these isotopes was significantly
altered. Intermediate waters leaving the Southern Ocean were depleted in δ13CDIC by up to
0.1  and δ15NNO3 by up to 1 , while the deep ocean, particularly the Pacific, was enriched
in both isotope to a similar degree (Fig. 5.9). Depletion of both isotope in waters subducted
between 40◦S and 60◦S reflected the local loss in export production as a result of lower C:P and
N:P ratios. Loss of Southern Ocean export, therefore, depleted both δ13CDIC and δ
15NNO3 of
waters moving northwards into the subtropical gyres while enriching these isotopes in the deep
ocean.
Meanwhile, each isotope showed a different response in the suboxic zones of the tropics where
variable stoichiometry increased the volume of suboxia (O2 < 10 mmol m
−3) by 0.5 %. The
increase in water column denitrification caused by the expansion of suboxia increased δ15NNO3 ,
while the local increase in carbon export that drove the increase in water column denitrification
reduced δ13CDIC in the same waters (Fig. 5.9). An increase in water column suboxia therefore
produced diverging behaviours in the isotopes.
5.8.2 Calcifier dependence on calcite saturation state
The rate of calcification of planktonic foraminifera and coccolithophores shows a dependence on
the calcite saturation state (Zondervan et al., 2001). In previous experiments, the production of
CaCO3 was fixed at a rate of 8 % per unit of organic carbon produced in accordance with the
modelling study of Yamanaka and Tajika (1996), which produced 0.54 Pg CaCO3 yr
−1. Now
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Figure 5.8: Simulated difference in the C:P ratio of exported organic matter due to variable
stoichiometry as compared to Redfield stoichiometry (top) and the resulting change in
carbon export out of the euphotic zone (bottom).
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Figure 5.9: Differences in δ13CDIC (top) and δ
15NNO3 (bottom) as a result of variable
stoichiometry as compared to Redfield stoichiometry. Values are zonal means.
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we investigate how spatial variations in the CaCO3:Corg ratio (RCaCO3 in Eq. (5.37)) affected
δ13CDIC and δ
13CCib. We applied three different values of η to Eq. (5.38) to alter the quantity of
CaCO3 produced per unit of organic carbon (P
G
org) given the calcite saturation state (Ωca). The
η coefficients were 0.53, 0.81 and 1.09. These numbers are equivalent to those in the experiments
of Zhang and Cao (2016).
Mean RCaCO3 was 4.5, 6.6 and 9.5 % and annual CaCO3 production was 0.32, 0.47 and 0.68
Pg CaCO3 yr
−1 in the three experiments. Although different in total CaCO3 production, the
experiments shared the same spatial patterns. Regional patterns in RCaCO3 involved maxima
in the low latitudes, particularly the oligotrophic subtropical gyres, and mimima in the high
latitudes, particularly the Antarctic zone where mixing of deep waters into the surface depressed
surface saturation state (Fig. 5.10). These regional patterns in RCaCO3 therefore had the largest
effect in areas of high export production. Productive, high latitude areas like the Southern
Ocean, subpolar Pacific and North Atlantic waters all produced less CaCO3 when compared
to an enforced 8 % rain ratio. Meanwhile between latitudes 40◦S and 40◦N, whether CaCO3
production increased relative to a fixed RCaCO3 of 8 % was dependent on η. The highest
η coefficient of 1.09 achieved greater export of CaCO3 out of the euphotic zone, and did so
exclusively in the mid to lower latitude regions of high export production (Fig. 5.10). The
consequence of increasing CaCO3 production in the mid-lower latitudes was a loss of alkalinity,
subsequent outgassing of CO2 and losses in the DIC inventory. Losses in global DIC were 95
and 130 Pg C as RCaCO3 increased from 4.6 → 6.6 → 9.5 %, equivalent to 15
th
of the glacial
increase in oceanic carbon (Ciais et al., 2011).
Despite the significant changes associated with the implementation of Ωca-dependent CaCO3
production and varying the η coefficient, effects were negligible on both δ13CDIC and δ
13CCib.
Global mean δ13CDIC was 0.51 , when RCaCO3 was fixed at 8 %, and this changed to 0.52,
0.50 and 0.48  under η coefficients of 0.53, 0.81 and 1.09. Likewise, global mean δ13CCib was
0.59 , when RCaCO3 was fixed at 8 %, and this changed to 0.60, 0.58 and 0.55 . Minimal
change in δ13CCib indicated minimal change in the CO
2−
3 concentration (see Eq. (5.18)), which
varied by ≤ 2 mmol m−3 between experiments. Visual inspection of the change in δ13CDIC
and δ13CCib distributions showed an enrichment of these isotopes in the upper ocean north of
40◦S. Subsequent increases in η, which increased low latitude CaCO3 production, magnified the
enrichment. Enrichment of δ13CDIC and δ
13CCib was caused by outgassing of CO2 as surface
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alkalinity decreased in response to greater CaCO3 production (Fig. 5.11). The change, however,
was at most 0.1 , which lies well within one standard deviation of variability known in the
proxy data (Schmittner et al., 2017). We therefore find little scope for recognising even large
variations in global CaCO3 production (0.32 to 0.68 Pg CaCO3 yr
−1) in the signature of carbon
isotopes despite considerable effects on the DIC inventory.
Figure 5.10: Global distribution of CaCO3 export as a percentage of organic carbon (Corg)
export (top), and the change in the CaCO3 production field as a result of making CaCO3
production dependent on calcite saturation state (η = 1.09) compared to when it was a
fixed 8 % of Corg (bottom). Areas where export production does not occur due to severely
nutrient limited conditions are masked out.
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5.8.3 Strength of coupling between N2 fixation and denitrifica-
tion
The degree to which N2 fixers are spatially coupled to the tropical denitrification zones is control-
led by altering the degree to which N2 fixers are limited by iron (K
D
Fe) in Eq. (5.32). Decreasing
KDFe ensures that N2 fixation becomes less dependent on iron supply, and as such is released
from regions of high aeolian deposition, such as the North Atlantic, to inhabit areas of low
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Figure 5.11: Changes in the distribution of carbon isotopes (δ13CDIC and δ
13CCib; top)
and carbon chemistry (dissolved inorganic carbon and alkalinity; bottom) as a result of
increasing CaCO3 production in surface waters between 40
◦S and 40◦N.
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NO3:PO4 ratios. Areas of low NO3:PO4 exist in the tropics proximal to water column denitri-
fication zones. Releasing N2 fixers from Fe limitation therefore increases the spatial coupling
between N2 fixation and water column denitrification, while also increasing the global rates of
these processes.
We steadily decreased iron limitation (KDFe) to increased the strength of spatial coupling
between N2 fixers and the tropical denitrification zones (Fig. 5.12). As N2 fixers coupled more
strongly to regions of low NO3:PO4, the rate of N2 fixation increased from 122 to 144 to 154 Tg
N yr−1. An expansion of the suboxic zones from 2.1 to 2.5 to 2.7 % in the tropics accompanied
the increase in N2 fixation, as did a decrease in global mean δ
13CDIC of 0.06 and 0.1 , since
greater rates of N2 fixation stimulated tropical export production. Due to the expansion of
the already large suboxic zones, which occurred in both horizontal and vertical directions, the
amount of organic carbon that reached the sediments increased from 0.35 to 0.46 to 0.51 Pg C
yr−1 between 20◦S and 20◦N.
The overarching consequence for δ15NNO3 due to an expansion of the suboxic zones was an
increase in the sedimentary to water column denitrification ratio from 1.5 to 1.9 to 2.2, which
decreased mean δ15NNO3 from 5.6 to 5.2 to 5.0 . The increase in N2 fixation (δ
15Norg = -1
) and sedimentary denitrification (
15N
sed = 3 ) in the tropics was felt globally for δ
15NNO3
(Fig. 5.13). Lower δ15NNO3 permeated water columns in the Southern Ocean and tropics, which
felt a 0.5 and 0.9  reduction, respectively. Meanwhile, δ15NNO3 was up to 10  lower in
surface waters of the tropical and subtropical Pacific, which is where the greatest increase in N2
fixation and sedimentary denitrification occurred. The dramatic reduction in surface δ15NNO3
mirrored what was deposited in the sediments ± 1 to 2 .
These simple experiments demonstrate that the insights garnered from sedimentary records
of δ15N are open to multiple lines of interpretation. An expansion of the suboxic zones, normally
associated with an in δ15NNO3 (Galbraith et al., 2013), could instead register a decrease in
δ15NNO3 if sedimentary denitrification were to increase over and above an increase in water
column denitrification. Moreover, local declines in δ15Norg proximal to highly productive regions,
typically interpreted as a symptom of weaker nutrient utilisation caused by stronger upwelling
(Robinson et al., 2009), might also be caused by an increase in local N2 fixation and sedimentary
denitrification. In fact, the decrease in δ15Norg seen throughout the tropical Pacific as K
D
Fe
decreased was associated with greater nutrient utilisation. Surface PO4 between 40
◦S and 40◦N
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Figure 5.12: Changes in the distribution of marine N2 fixation caused by altering how
limiting iron is to the growth of N2 fixers via the coefficient K
D
Fe in Eq. (5.32). From top
to bottom, iron limitation is relaxed and PO4 concentrations decrease (black contours).
Measured rates of N2 fixation (Luo et al., 2012) are overlain on the middle panel.
  ◦ 6
  ◦ 6
  ◦ 6
  ◦ 6
 ◦
  ◦ 1
  ◦ 1
  ◦ 1
  ◦ 1
 / D
 W L W
 X G
 H     
    
    
    
    
    
KDFe          12  I L [ D W L R Q         7 J  1  \ U−1
  ◦ 6
  ◦ 6
  ◦ 6
  ◦ 6
 ◦
  ◦ 1
  ◦ 1
  ◦ 1
  ◦ 1
 / D
 W L W
 X G
 H
         
    
    
    
    
KDFe          12  I L [ D W L R Q         7 J  1  \ U−1
 ◦ (    ◦ (    ◦ (    ◦ (
 / R Q J L W X G H
  ◦ 6
  ◦ 6
  ◦ 6
  ◦ 6
 ◦
  ◦ 1
  ◦ 1
  ◦ 1
  ◦ 1
 / D
 W L W
 X G
 H
        
    
    
    
    
    
    
KDFe          12  I L [ D W L R Q         7 J  1  \ U−1
 
   
 
 
  
  
  
  
  
  
   
   
   
   
   
 1
2
  I L
 [ D
 W L R
 Q 
  P
 P
 R O
  1
  P
−2
  \
 U−
1
 
303
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declined from a mean of 0.18 to 0.09 to 0.06 mmol m−3 as N2 fixers coupled to the denitrification
zones (see contours of Fig. 5.12). The (a) decrease in δ15NNO3 as suboxia increased and (b) the
decrease in δ15Norg as nutrient utilisation/N2 fixation increased demonstrate the complexity of
interpreting sedimentary δ15Norg records in the lower latitudes.
Figure 5.13: Change in δ15NNO3 caused by a stronger coupling between N2 fixation and
tropical regions of low NO3:PO4 concentrations (i.e. tropical upwelling zones with active
water column denitrification). The top panel shows the global zonal mean change, while
the bottom panel shows the average change in the euphotic zone, here defined as the top
100 metres. Areas with very low NO3 (< 0.1 mmol m
−3) are masked out.
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5.9 Conclusions
The stable isotopes of carbon (δ13C) and nitrogen (δ15N) are proxies that have been fundamen-
tal for understanding the ocean. We have included both isotopes into the ocean component of
an Earth System Model, the CSIRO Mk3L-COAL, to enable future studies with the capability
for direct model-proxy data comparisons. We detail how we simulate these isotopes, how we
make model-data comparisons to both water column and sedimentary data, and how we assess
changes in their distribution caused by some simple ecosystem changes. CSIRO Mk3L-COAL
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performs well alongside the current generation of isotope enabled models, and reveals that sim-
ple ecosystem changes can have significant and complex effects on δ13C and δ15N. Our idealised
experiments hence show that the interpretation of palaeoceanographic records suffer from multi-
ple lines of interpretation. Future work will involve using this model in both palaeoceanographic
and future simulations, specifically targeting the problem of carbon and nitrogen cycle changes
in important climate transitions.
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Appendix B: Final description of the marine
ecosystem component of the CSIRO Mk3L-COAL
315
5.10. EXPORT PRODUCTION
5.10 Export production
5.10.1 General phytoplankton group (G)
The production of organic matter by the general phytoplankton group (PGorg) is measured in
units of mmol phosphorus (P) m−3 day−1, and is dependent on temperature (T), nutrients
(PO4, NO3, and Fe) and irradiance (I):
PGorg = S
G
E:P · µ(T )G ·min
(
PGlim, N
G
lim, Fe
G
lim, F (I)
)
(5.21)
where,
SGE:P = 0.005 mmol PO4 m
3
µ(T )G = 0.59 · 1.0635T (5.22)
F (I) = 1− eG(I) (5.23)
G(I) =
I · α · PAR
µ(T )
(5.24)
In the above, SE:P converts growth rates in units of day
−1 to mmol PO4 m−3 day−1. SE:P
conceptually represents the export to production ratio, and for simplicity we assume it does not
change. µ(T ) is the temperature-dependent maximum daily growth rate of phytoplankton (dou-
blings day−1), as defined by Eppley (1972). The light limitation term (F (I)) is the productivity
versus irradiance equation used to describe phytoplankton growth defined by Clementson et al.
(1998), and is dependent on I, the daily averaged shortwave incident radiation (W m−2), α, the
initial slope of the productivity versus radiance curve (day−1/(W m−2)), and PAR, the fraction
of shortwave radiation that is photosynthetically active.
The nutrient limitation terms (PGlim, N
G
lim, and Fe
G
lim) may be calculated in two ways.
If the option for static nutrient limitation is true, then Michaelis-Menten kinetics (Dug-
dale, 1967) is used:
PGlim =
PO4
PO4 +KGPO4
(5.25)
NGlim =
NO3
NO3 +KGNO3
(5.26)
FeGlim =
Fe
Fe+KGFe
(5.27)
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Half-saturation coefficients (KGnutrient) show a large range across phytoplankton species (e.g.
Timmermans et al., 2004), and so for simplicity, we set KGPO4 = 0.1 mmol PO4 m
−3 (Smith,
1982), KGNO3 = 0.75 mmol NO3 m
−3 (Carpenter and Guillard, 1971; Eppley et al., 1969) and
KGFe = 0.1 µmol Fe m
−3 (Timmermans et al., 2001).
If the option for variable nutrient limitation is true, then Optimal Uptake kinetics (Smith
et al., 2009) is used:
PGlim = PO4 /
( PO4
1− fA +
V/A
fA ·N:P
)
(5.28)
NGlim = NO3 /
( NO3
1− fA +
V/A
fA
)
(5.29)
FeGlim =
Fe
Fe+KFe
(5.30)
where,
fA = max
[(
1 +
√
[NO3]
V/A
)−1
,
(
1 +
√
[PO4] ·N:P
V/A
)−1]
(5.31)
Optimal uptake kinetics varies the two terms in the denominator of the Michaelis-Menten form
according to the availability of nutrients. It therefore accounts for different phytoplankton
communities with different abilities for nutrient uptake, and does so using the fA term. The
V/A term represents the maximum potential nutrient uptake, V , over the cellular affinity for
that nutrient, A, and is set at 0.1.
5.10.2 Diazotrophs (D; N2 fixers)
Organic matter produced by diazotrophs (PDorg) is also measured in units of mmol phosphorus
(P) m−3 day−1, and is calculated in the same form of Eq. (5.21), but using the maximum
growth rate µ(T )D of Kriest and Oschlies (2015), notable changes in the limitation terms, and
minimum thresholds that ensure the nitrogen fixation occurs everywhere in the ocean, except
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under sea ice. PDorg is calculated via:
PDorg = S
D
E:P · µ(T )D ·max
(
0.01, min
(
NDlim, Plim, F e
D
lim
)) · (1− ico) (5.32)
where,
µ(T )D = max
(
0.01, −0.0042T 2 + 0.2253T − 2.7819) (5.33)
NDlim = e
−NO3 (5.34)
PDlim =
PO4
PO4 +KDPO4
(5.35)
FeDlim = max
(
0.0, tanh
(
2Fe−KDFe)
)
(5.36)
The half saturation values for PO4 and Fe limitation are set at 0.1 mmol m
−1 and 0.5 µmol
m−1, respectively, in the default parameterisation. The motivation for making N2 fixers strongly
limited by Fe was the high cellular requirements of Fe for diazotrophy (see Sohm et al., 2011,
and references therein). A dependency on light is omitted from the limitation term when PDorg is
produced. The omission of light is justified by its strong correlation with sea surface temperature
(Luo et al., 2014) and its negligible effect on nitrogen fixation in the Atlantic Ocean (McGil-
licuddy, 2014). Finally, the fractional area coverage of sea ice (ico) is included to ensure that
cold water N2 fixation (Sipler et al., 2017) does not occur under ice, since a light dependency is
omitted.
5.10.3 Calcifiers
The calcifying group produces calcium carbonate (CaCO3) in units of mmol carbon (C) m
−3
day−1. The production of CaCO3 is always a proportion of the PGorg of the general phytoplankton
group, according to:
CaCO3 = P
G
org ·RCaCO3 (5.37)
The ratio of CaCO3 to P
G
org (RCaCO3) can be calculated in two ways.
If the option for fixed RCaCO3 is true, then RCaCO3 is set to 0.08 as informed by the
experiments of Yamanaka and Tajika (1996). The production of CaCO3 is thus 8 % of P
G
org
everywhere.
If the option for variable RCaCO3 is true, then RCaCO3 varies as a function of the saturation
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state of calcite (Ωca) according to Ridgwell et al. (2007), where:
RCaCO3 = 0.022 ·
(
Ωca − 1
)η
(5.38)
The exponent (η) is easily modified consistent with the parameterisations of Zhang and Cao
(2016) and controls the rate of CaCO3 production at a given value of Ωca.
5.11 Remineralisation
5.11.1 General phytoplankton group (G)
Organic matter produced by the general phytoplankton group (PGorg) at the surface is instan-
taneously remineralised each timestep at depth levels beneath the euphotic zone using a power
law scaled to depth (Martin et al., 1987). This power law defines the concentration of organic
matter remaining at a given depth (PG,zorg ) as a function of organic matter at the surface (P
G,0
org )
and depth itself (z). Its form is as follows:
PG,zorg = P
G,0
org ·
( z
zrem
)b
(5.39)
Where zrem in the denominator represents the depth at which remineralisation begins and is
set to be 100 metres everywhere. The model therefore does not consider sinking speeds, nor an
interaction between organic matter and physical mixing. However, variations in the b exponent
affect the steepness of the curve, thereby emulating sinking speeds and affecting the transfer
and release of nutrients from the surface to the deep ocean.
Remineralisation of PGorg through the water column is therefore dependent on the exponent
b value in Eq. (5.39). The b exponent is calculated in two ways.
If the option for static remineralisation is true, then b is set to -0.858 according to Martin
et al. (1987).
If the option for variable remineralisation is true, then b is dependent on the component
fraction of picoplankton (Fpico) in the ecosystem. The Fpico shows a strong inverse relationship
to the transfer efficiency (Teff ) of organic matter from beneath the euphotic zone to 1,000 metres
depth (Weber et al., 2016). Because Fpico is not explicitly simulated in the model, we estimate
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Fpico from the export production field, calculate Teff using the parameterisation of Weber et al.
(2016), and subsequently calculate the b exponent:
Fpico = 0.51− 0.26 ·
CGorg (mg C m
−2 hour−1)
CG,maxorg (mg C m−2 hour−1)
(5.40)
Teff = 0.47− 0.81 · Fpico (5.41)
b =
log(Teff )
log(1000100 )
= log(Teff ) (5.42)
5.11.2 Diazotrophs (D)
Remineralisation of diazotrophs (PDorg) is calculated in the same way as the general phytoplank-
ton group (PGorg), with the exception that the depth at which remineralisation occurs is raised
from 100 to 25 metres in Eq. (5.39). This alteration emulates the release of NO3 from N2
fixers well within the euphotic zone, which in some cases can exceed the physical supply from
below (Capone et al., 2005). Release of their N and C-rich organic matter (see Stoichiometry
section 5.12.2) therefore occurs higher in the water column than the general phytoplankton
group.
5.11.3 Suboxic environments
The remineralisation of PGorg and P
D
org will typically require O2 to be removed, except for in
regions where oxygen concentrations are less than a particular threshold (DenO2lim), which is set
to 7.5 mmol O2 m
−3 and represents the onset of suboxia. In these regions, the remineralisation
of organic matter begins to consume NO3 via the process of denitrification. We calculate the
fraction of organic matter that is remineralised by denitrification (Fden) via:
Fden =
(
1− e−0.5·DenO2lim + eO2−0.5·DenO2lim
)−1
(5.43)
Such that Fden rises and plateaus at 100 % in a sigmoidal function as O2 is depleted from 7.5
to 0 mmol m−3.
Following this, the strength of denitrification is reduced if the ambient concentration of NO3
is deemed to be limiting. Denitrification within the modern oxygen minimum zones only depletes
NO3 towards concentrations between 15 and 40 mmol m
−3 (Codispoti and Richards, 1976; Voss
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et al., 2001). Without an additional constraint that weakens denitrification as NO3 is drawn
down, here defined as rden, NO3 concentrations quickly go to zero in simulated suboxic zones
(Schmittner et al., 2008). We weaken denitrification by prescribing a lower bound at which NO3
can no longer be consumed via denitrification, DenNO3lim , which is set at 30 mmol NO3 m
−3.
rden = 0.5 + 0.5 · tanh
(
0.25 ·NO3 − 0.25 ·DenNO3lim − 2.5
)
(5.44)
if Fden > rden, then Fden = rden (5.45)
Fden is therefore reduced if NO3 is deemed to be limiting, and subsequently applied against both
PGorg and P
D
org to get the proportion of organic matter to be remineralised by O2 and NO3.
If the availability of O2 and NO3 is insufficient to remineralise all the organic matter at a
given depth level, z, then the unremineralised organic matter will pass into the next depth level.
Unremineralised organic matter will continue to pass into lower depth levels until the final depth
level is reached, at which point all organic matter is remineralised by either water column or
sedimentary processes. This version of CSIRO Mk3L-COAL does not consider burial of organic
matter.
5.11.4 Calcifiers
The dissolution of CaCO3 is calculated using an e-folding depth-dependent decay, where the
amount of CaCO3 at a given depth z is defined by:
CaCOz3 = CaCO
0
3 · e
−z
zdis (5.46)
Where zdis represents the depth at which e
−1 of CaCO3 (∼0.37) produced at the surface remains
undissolved.
Calcifiers are not susceptible to oxygen-limited re-mineralisation nor the concentration of
carbonate ion because the dissolution of CaCO3 depends solely on the this depth-dependent
decay. All CaCO3 reaching the final depth level is remineralised without considering burial.
Future work will include a full representation of carbonate compensation.
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5.12 Stoichiometry
The elemental constitution, or stoichiometry, of organic matter affects the biogeochemistry of
the water column through uptake (production) and release (remineralisation). The general
phytoplankton group and diazotrophs both affect carbon chemistry, O2, and nutrients (PO4,
NO3 and Fe), while the calcifiers only affect carbon chemistry tracers (DIC, DI
13C and ALK).
Alkalinity ratios for both the general and nitrogen fixing groups are the negative of the
N:P ratio, such that for a loss of 1 mmol of NO3, alkalinity will increase at 1 mmol Eq m
−3
(Wolf-Gladrow et al., 2007).
5.12.1 General phytoplankton group (G)
The stoichiometry of the general phytoplankton group is calculated in two ways.
If the option for static stoichiometry is true, then the C:N:Fe:P ratio is set according to
the Redfield ratio of 106:16:0.00032:1 (Redfield et al., 1937).
If the option for variable stoichiometry is true, then the C:N:P ratio of PGorg is made
dependent on the ambient nutrient concentration according to Galbraith and Martiny (2015):
C:P =
(6.9 · [PO4] + 6
1000
)−1
(5.47)
N:C = 0.125 +
0.03 · [NO3]
0.32 + [NO3]
(5.48)
N:P = C:P ·N:C (5.49)
Thus, the stoichiometry of PGorg varies across the ocean according to the nutrient concentration,
and the uptake and release of carbon, nutrients and oxygen (see section 5.12.4) is dependent
on the concentration of surface PO4 and NO3. The ratio of iron to phosphorus (Fe:P) remains
fixed at 0.00032, such that 0.32 µmol of Fe is consumed per mmol of PO4. We chose to maintain
a fixed Fe:P ratio because phytoplankton communities from subtropical to Antarctic waters
appear to show similar iron contents (Boyd et al., 2015), despite changes in C:N:P. However, the
ratio of C:N:Fe does change as a result of varying C:N:P ratios, with higher C:Fe in oligotrophic
environments and lower C:Fe in eutrophic regions.
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5.12.2 Diazotrophs (D)
The stoichiometry of diazotrophs is fixed at a C:N:P:Fe ratio of 331:50:1:0.00064, which repre-
sents values reported in the literature (Karl and Letelier, 2008; Kustka et al., 2003; Mills and
Arrigo, 2010). Diazotrophs do not consume NO3, rather they consume N2, which is assumed to
be of unlimited supply, and release NO3 during remineralisation.
5.12.3 Calcifiers
Calcifying organisms produce CaCO3, which includes DIC, DI
13C and ALK, and these tracers are
consumed and released at a ratio of 1:0.998:2, respectively, relative to organic carbon. Thus, the
ratio of C:DI13C:Alk relative to each unit of phosphorus consumed by the general phytoplankton
group is equal to the rain ratio of CaCO3 to organic phosphorus multiplied by 106:105.8:212.
This group has no effect on nutrient tracers or oxygen values.
5.12.4 Stoichiometry of remineralisation
The requirements for oxygen (Orem2 :P) and nitrate (NO
rem
3 :P) during oxic and suboxic reminera-
lisation, respectively, are calculated from the C:N:P ratios of organic matter via the equations of
Paulmier et al. (2009). Additional knowledge of the hydrogen and oxygen content of the organic
matter is also required to calculate Orem2 :P and NO
rem
3 :P. However, the hydrogen and oxygen
content of phytoplankton depends strongly on the proportions of lipids, carbohydrates and pro-
teins that constitute the cell. As there is no empirical model for predicting these physiological
components based on environmental variables, we continue Redfield’s legacy by assuming that
all organic matter is a carbohydrate of the form CH2O. Future work, however, should address
this obvious bias.
To calculate Orem2 :P and NO
rem
3 :P, we therefore need to first calculate the amount of hyd-
rogen and oxygen in organic matter via:
H:P = 2C:P + 3N:P + 3 (5.50)
O:P = C:P + 4 (5.51)
Once a C:N:P:H:O ratio for organic matter is known, we calculate Orem2 :P and NO
rem
3 :P in units
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of mmol m−3 P−1 using the equations of Paulmier et al. (2009):
Orem2 :P = −(C:P + 0.25H:P− 0.5O:P− 0.75N:P + 1.25)− 2N:P (5.52)
NOrem3 :P = −(0.8C:P + 0.25H:P− 0.5O:P− 0.75N:P + 1.25) + 0.6N:P (5.53)
The calculation of Orem2 :P accounts for the oxygen that is also needed to oxidise ammonium to
nitrate.
From these calculations we find the following requirements of oxic and suboxic reminerali-
sation, assuming the static stoichiometry option for the general phytoplankton group:
Orem2 :P
G
org = 138
NOrem3 :P
G
org = 94.4
O2rem:P
D
org = 431
NOrem3 :P
D
org = 294.8
These numbers change dynamically alongside C:N:P ratios when the stoichiometry of organic
matter is allowed the vary.
5.13 Sedimentary processes
The remineralisation of organic matter within the sediments is provided as an option in the
model. Sedimentary denitrification, and its slight preference for the light isotopes of fixed
nitrogen (
15N
sed = 3 ), is an important component of the marine nitrogen cycle and its isotopes.
It acts as an additional sink of NO3, and reduces the δ
15N value of the global ocean by offsetting
the strong fractionation of water column denitrification (
15N
wc = 20 ).
If sedimentary processes are active, the empirical model of Bohlen et al. (2012) is used to
estimate the rate of sedimentary denitrification, where the removal of NO3 is dependent on the
rate of particulate organic carbon (CGorg + C
D
org) arriving at the sediments and the ambient
concentrations of oxygen and nitrate. In the following, we assume that the concentrations of
NO3 and O2 that are available in the sediments are
2
3 of the concentration in overlying water
column based on observations of transport across the diffusive boundary layer (Gundersen and
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Jorgensen, 1990).
∆NO3(sed) =
(
α+ β · 0.98
(
O2−NO3
))
·
(
CGorg + C
D
org
)
(5.54)
where, α = 0.04 and β = 0.1 (5.55)
In the above, both the α and β values were halved from the values of Bohlen et al. (2012) to
raise global mean NO3 concentrations and lower the sedimentary to water column denitrification
ratio to between 1 and 2. If NO3 is not available, the remaining organic matter is remineralised
using oxygen if the environment is sufficiently oxygenated. An additional limitation is set for
sediments underlying hypoxic waters (O2 < 40 mmol m
−3), where oxic remineralisation is we-
akened towards zero according to a hyperbolic tangent function (0.5 + 0.5 · tanh(0.2 ·O2 − 5)).
If oxygen is also limiting, the remaining organic matter is remineralised via sulfate reduction.
As sulfate is not explicitly simulated, we assumed that sulfate is always available to account for
the remaining organic matter.
Thus, sedimentary denitrification is heavily dependent on the rate of organic matter arriving
at the sediments. However, a large amount of sedimentary remineralisation is not captured using
only these parameterisations because the coarse resolution of the OGCM enables it to resolve
only the largest continental shelves, such as the shallow Indonesian seas. Many small areas of
raised bathymetry in pelagic environments are also unresolved by the OGCM. To address this
insufficiency and increase the global rate of sedimentation and sedimentary denitrification, we
coupled a sub-grid scale bathymetry to the course resolution OGCM following the methodology
of Somes et al. (2013) using the ETOPO5 112
th
of a degree dataset. For each latitude by longitude
grid point, we calculated the fraction of area that would be represented by shallower levels in
the OGCM if this finer resolution bathymetry were used. At each depth level above the deepest
level, the fractional area represented by sediments on the sub-grid scale bathymetry can be used
to remineralise all forms of exported matter (CGorg, C
D
org and CaCO3) via sedimentary processes.
Also following the methodology of Somes et al. (2013), we included an option to amplify
sedimentary denitrification in the upper 250 metres to account for narrow continental shelves
that are not resolved by the OGCM. Narrow shelves experience strong rates of upwelling and
productivity, and hence high rates of sedimentary denitrification (Gruber and Sarmiento, 1997).
To amplify shallow rates of sedimentary denitrification, we included an optional acceleration
325
5.14. DEFAULT PARAMETERISATION OF THE OCEAN ECOSYSTEM
COMPONENT
factor (Γsed), set to 3.0 in the default parameterisation, dependent on the total fraction of
shallower depths not covered by the sub-grid scale bathymetry:
∆NO3(sed) = ∆NO3(sed) ·
((
1− Fsgb
) · Γsed + 1) (5.56)
For those grids with a low fraction covered by the sub-grid scale bathymetry (Fsgb), the ampli-
fication of sedimentary denitrification is therefore greatest.
5.14 Default parameterisation of the ocean ecosy-
stem component
Default parameters for the marine ecosystem component of CSIRO Mk3L-COAL are outlined
in Tables 5.5, 5.6, and 5.7. The values presented in these tables are required as input when
running the ocean model.
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Zooplankton are the intermediate trophic level between phytoplankton and fish, and are
an important component of carbon and nutrient cycles, accounting for a large proportion
of the energy transfer to pelagic fishes and the deep ocean. Given zooplankton’s
importance, models need to adequately represent zooplankton dynamics. A major
obstacle, though, is the lack of model assessment. Here we try and stimulate the
assessment of zooplankton in models by filling three gaps. The first is that many
zooplankton observationalists are unfamiliar with the biogeochemical, ecosystem,
size-based and individual-based models that have zooplankton functional groups, so
we describe their primary uses and how each typically represents zooplankton. The
second gap is that manymodelers are unaware of the zooplankton data that are available,
and are unaccustomed to the different zooplankton sampling systems, so we describe
the main sampling platforms and discuss their strengths and weaknesses for model
assessment. Filling these gaps in our understanding of models and observations provides
the necessary context to address the last gap—a blueprint for model assessment of
zooplankton. We detail two ways that zooplankton biomass/abundance observations
can be used to assess models: data wrangling that transforms observations to be more
similar to model output; and observation models that transform model outputs to be
more like observations. We hope that this review will encourage greater assessment of
zooplankton in models and ultimately improve the representation of their dynamics.
Keywords: plankton net, bioacoustics, optical plankton counter, Continuous Plankton Recorder, size-spectra,
ecosystem model, observation model, model assessment
